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Figure 2.8 Average compaction trend for sediments in the Gulf of Mexico
used in the numerical models. Curve simplified from Jackson
and Talbot (1986) with sediment density defined as ρsed=ρg −
(ρg−ρw) Φ0 exp(−cz), where grain density ρg=2500 kg/m3, pore
fluid density ρw=1000 kg/m3, initial porosity Φ0=0.4 and com-
paction coefficient c=0.0007m−1. z is burial depth. . . . . . . 37

Figure 2.9 Evolution of reference model R-0 at different stages of grav-
ity spreading showing the formation of a 70 km wide fold belt.
Ages denote model run time, ages in brackets denote time since
onset of gravity spreading. (See also animation modelR0.mp4
of auxiliary material.) VE denotes vertical exaggeration. The
grayscale (colorscale for animation) shows the chronostratigra-
phy in 5Ma major bands, each divided into 1Ma sub-bands.
Same coding is used in later figures. Labels in marked details
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Figure 2.10 (a) Early evolution of the fold belt of model R-0 (reference
model) with sinusoidal detachment folds. (b) Fully developed
model fold belt with kink-banded folds and comparison to (c,d),
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model run time, ages in brackets denote time since onset of
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Figure 2.11 Results from numerical models R-S1, R-S2, R-S3 with vary-
ing pore-fluid pressure ratios λ. Ages denote model run time,
ages in brackets denote time since onset of gravity spreading.
(a) Model R-S1 with moderate pore-fluid pressures (high sedi-
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case. (c) Model R-S3 with higher pore-fluid pressures (weaker
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Figure 2.12 Results from models R-W1 and R-W2 with varying width of
the slope region of the margin. Ages denote model run time,
ages in brackets denote time since onset of gravity spreading.
(a) Model R-W1 with a 50% wider slope than in the reference
model shows slower deformation and a narrower fold belt. (b)
Model R-W2 with a half as wide slope as in the reference model
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belt. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 47

Figure 2.13 Results from model R-V1 with ten times higher salt viscosity
than in the reference model R-0. Ages denote model run time,
ages in brackets denote time since onset of gravity spreading.
Folding initiates at the toe of the slope and propagates sea-
ward across the entire salt basin, whereas deformation in the
reference model starts and remains close to the salt pinch-out. 48

Figure 2.14 Results from model R-G1 with single basement step thinning
the salt from 3 to 0.5 km for the distal 60 km. Ages denote
model run time, ages in brackets denote time since onset of
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folds develop synchronously in the sediments above the thinner
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Figure 2.15 Results from model R-C1 with a second salt sheet of 500m
thickness emplaced before model start and extending from 0
to 230 km. Ages denote model run time, ages in brackets de-
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of translation and shortening. (c) Model evolution at time of
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ure 2.15c showing domains of extension and translation. See
text for further discussion. . . . . . . . . . . . . . . . . . . . . 53

Figure 2.16 Setup for models RM-1 to RM-3, designed to show the evolution
of allochthonous salt structures and basin-wide, propagating
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Figure 2.17 Results from model RM-1 (thin salt basin). Ages denote model
run time, ages in brackets denote time since onset of gravity
spreading. (See also animation modelRM1.mp4 of auxiliary
material.) (a) Model evolution at time of early toe-of-slope
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experiences kinking. (c) Model evolution at time when diapir
extrudes 100 km landward of salt pinch-out. (d) Model evolu-
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Figure 2.18 Results from model RM-2 (wide salt basin, narrow margin width).
Ages denote model run time, ages in brackets denote time since
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toe-of-slope folding. (b) Model evolution at time when diapir
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narrow margin width). Ages denote model run time, ages in
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Model evolution at time when distal section shows folding, and
when the first diapir coalesces with a second one. Note that
the canopy located above the basement step originated about
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Figure 2.20 Conceptual model of possible evolution of fold belts and al-
lochthonous salt structures in the northwestern Gulf of Mexico.
(a) After formation of an early fold belt, salt extrudes through
shortened anticlines. (b) Toe-of-slope folding has propagated,
formed a later, second fold belt and a second generation of al-
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Isabel Fold Belt having formed above the Eocene paleocanopy
and the Sigsbee Salt extruding from the just forming Oligo-
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Figure 3.1 (a) Regional NW-SE trending seismic profile from the north-
western Gulf of Mexico extending from onshore into deep wa-
ter (after Radovich et al. (2007), published with permission of
ION/GXT and SEI). Large-scale gravity spreading domains and
structures (extensional faults, allochthonous salt, fold belts) are
indicated. More detailed figure descriptions can be found in the
original publication and Figure 5.2. (b) Regional map of north-
ern Gulf of Mexico showing the location of the allochthonous
salt and the Cenozoic fold belts after Fiduk et al. (1999), salt
outline is from Simmons (1992). . . . . . . . . . . . . . . . . . 84

Figure 3.2 Design of model experiments. A 260 km wide, 3 km thick salt
basin is embedded in synrift sediment/crustal sequence. a)
Phase 1 during which frictional plastic sediments aggrade onto
the salt. b) Phase 2 during which sediments prograde onto the
salt basin. For a full list of model parameters and their discus-
sion see section 3.3 and Table 3.1. . . . . . . . . . . . . . . . . 95

Figure 3.3 Results of model SL-Sa1 with sandstone-type sediments and
constant compactional shear viscosity of μ=1023 Pa s at end of
aggradation phase. (a) Geometry of model. The color scale
shows the chronostratigraphy of the sediments in 10 Ma bands.
Salt is colored in magenta, crustal material in light brown.
Same color coding is used in Figures 3.4-3.6. (b) Pore-fluid
pressure ratio λHR. Blue colors represent low overpressures, red
colors represent high overpressures. (c) Pressure-depth profiles
at 250 km. Fluid pressure is hydrostatic and overlies the light
blue curve. (d) Porosity/conductivity-depth profiles at 250 km. 102

Figure 3.4 Results of model SL-Sa2 with sandstone-type sediments and
constant compactional shear viscosity of μ=1022 Pa s at end of
aggradation phase (a-d) and progradation phase (e-h). (a,e)
Geometry of model. Arrows indicate deformational velocities.
(b,f) Pore-fluid pressure ratio λHR. (c,g) Pressure-depth profiles
at 250 km. (d,h) Porosity/conductivity-depth profiles at 250 km. 104

Figure 3.5 Results of model SL-Sh1 with shale-type sediments and con-
stant compactional shear viscosity of μ=1023 Pa s at end of aggra-
dation phase (a-d) and progradation phase (e-h). (a,e) Geom-
etry of model. Arrows indicate deformational velocities. (b,f)
Pore-fluid pressure ratio λHR. (c,g) Pressure-depth profiles at
250 km. Light blue curve shows minimum porosity of the mate-
rial during model evolution. (d,h) Porosity/conductivity-depth
profiles at 250 km. . . . . . . . . . . . . . . . . . . . . . . . . . 106
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Figure 3.6 Results of model SL-Sh2 with shale-type sediments and con-
stant compactional shear viscosity of μ=1022 Pa s at end of aggra-
dation phase. (a) Geometry of model. (b) Pore-fluid pres-
sure ratio λHR. (c) Pressure-depth profiles at 250 km. (d)
Porosity/conductivity-depth profiles at 250 km. . . . . . . . . 108

Figure 4.1 Measured and schematic pressure-depth profiles from sedimen-
tary basins. (a) Fluid pressures of the Monte Christo field,
Hidalgo County, Texas. (After Leftwich and Engelder , 1994).
(b) Schematic fluid pressure profile of well-drained sandstone
section underlain by sealing shale layer. (c) Schematic fluid
pressure profile of well-drained sandstone section overlain by
sealing shale layer. (d) Schematic fluid pressure profile of well-
drained sandstone section interbedded by sealing shale layer.
(e) Schematic fluid pressure profile of well-drained sandstone
section interbedded by multiple sealing shale layers. Gray shaded
areas mark the integrated effective pressure, representative for
the strength of the sediment column. (f) Fluid pressures from
the Perdido Fold Belt, northwestern Gulf of Mexico. (After
Couzens-Schultz et al., 2007). . . . . . . . . . . . . . . . . . . 125

Figure 4.2 Stratigraphic column from the Late Mesozoic to Paleogene sec-
tion of the northwestern Gulf of Mexico (Modified from Gal-
loway et al., 2000). Average shelf progradation rates from Gal-
loway et al. (2000), approximate sediment thicknesses of the
deep-water section extracted from Meyer et al. (2007) and com-
plemented with data from the mid-basin (McDonnell et al.,
2008). Dark gray layers represent shales and condensed sec-
tions, white layers represent more sand-rich sections. . . . . . 128

Figure 4.3 (a) Regional NW-SE trending seismic profile from the north-
western Gulf of Mexico extending from onshore into deep wa-
ter (after Radovich et al. (2007a), published with permission of
ION/GXT and SEI). Large-scale gravity spreading domains and
structures (extensional faults, allochthonous salt, fold belts) are
indicated. More detailed figure descriptions can be found in the
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ern Gulf of Mexico showing the location of the allochthonous
salt and the Cenozoic fold belts after Fiduk et al. (1999), salt
outline is from Simmons (1992). (c) Interpreted seismic line
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Figure 4.4 Results of model ML-1 with constant compactional shear vis-
cosity of μ=1022 Pa s at end of aggradation phase (a-d) and
progradation phase (e-h). (a,e) Geometry of model. Shale
layers are represented in dark green. (b,f) Pore-fluid pres-
sure ratio λHR. (c,g) Pressure-depth profiles at 250 km. (d,h)
Porosity/conductivity-depth profiles at 250 km. . . . . . . . . 138
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fluid pressure ratio λHR. (c,g) Pressure-depth profiles at 250 km.
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Figure 4.10 Results of model ML-Q35 with activation energy Q=35 kJ/mole
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Figure 5.2 (a) Regional NW-SE trending seismic profile from the north-
western GoM extending from onshore into deep water (from
Radovich et al., 2007a). Large-scale gravity spreading struc-
tures (extensional faults, allochthonous salt, fold belts) are in-
dicated. Location is shown in Figure 5.1. (b) Detail of panel
(a) showing interpreted faults and folding structures beneath
the paleocanopy (from Radovich et al., 2007b). (c) Profile
across northern GoM, interpreted from seismic data. Two al-
lochthonous salt levels are interpreted. Location is shown in
Figure 5.1. (d) Reconstruction of panel (c) showing a vast
canopy evolving from numerous diapirs. Annotations indicate
common salt-tectonic structures; Mb: minibasin, S: salt sheet,
Tu: turtle structure, W: salt weld, D: diapir, To: salt tongue,
C: salt canopy ,F: salt feeder. ((c) and (d) from Diegel et al.,
1995) . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 176
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gies. Average shelf progradation rates from Galloway et al.
(2000). Approximate sediment thicknesses extracted from pre-
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central part of salt basin (Rowan et al., 2005; McDonnell et al.,
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tion from Peel et al. (1995); Diegel et al. (1995); Radovich et al.
(2007b) and Rowan et al. (2005). . . . . . . . . . . . . . . . . 179
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Eocene to recent as outlined in Rowan et al. (2005). Light grey
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Figure 5.5 Schematic diagrams of different concepts for canopy evolution.
(a) Squeezed diapir mechanism (after Rowan et al., 2004). (b)
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Figure 5.6 Schematic diagrams of sedimentation types used. All types con-
sist of a sedimentation profile up to which sediment is added.
(a) Progradation profile. (b) Aggradation profile. (c) Aggra-
dation profile modulated by a sinusoid. (d) Tilted aggradation
profile modulated by a sinusoid. (e) Rotating profile modulated
by a sinusoid. . . . . . . . . . . . . . . . . . . . . . . . . . . . 192

Figure 5.7 Design of model experiments. A 360 km-wide, 2 km-thick salt
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grading, half-Gaussian profile. For a full list of model parame-
ters and their discussion see section 5.3 and Table 5.1. . . . . . 194
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ico used in the numerical models. Curve simplified from Jack-
son and Talbot (1986) with sediment density defined as ρsed =
ρg−(ρg−ρw) Φ0 exp(−cz), where grain density ρg=2500 kg/m3,
pore fluid density ρw=1000 kg/m3, initial porosity Φ0=0.4 and
compaction coefficient c=0.0007m−1. z is burial depth. . . . . 196
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with aggrading sedimentation with sinusoidal bathymetric per-
turbations that have constant amplitude (A=40m) and wave-
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Figure 5.10 Results of model SD1 (reference squeezed-diapir model for canopy
evolution). Starting configuration is model D1 at 10Mam.t.
Time denotes elapsed model time. Time in parentheses denotes
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Figure 5.12 Results of model SD3 (squeezed-diapir model with landward di-
apirs only). Time denotes elapsed model time. Time in paren-
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Figure 5.18 Schematic comparison of Eocene canopy in the northwestern
GoM with those developing in the numerical models of sec-
tion 5.4-5.6. All drawings are schematic and have similar but
conceptual scales. They are based either on the seismic pro-
file shown in Figure 5.2a or on the model results presented in
this study. Characteristics of the GoM canopy are listed and
highlighted in green. Their similarities with the model features
are marked as the following. Green: Good agreement between
model results and natural example. Orange: features don’t
match but would likely do so with small changes in model pa-
rameters as discussed in text. Red: Model and natural example
mismatch. Best agreement with the structures of the Eocene
canopy is provided by the squeezed diapir mechanism. The
small-scale expulsion rollover mechanism does not develop al-
lochthonous salt structures, which is marked here as ‘infinite’
duration of canopy evolution. . . . . . . . . . . . . . . . . . . 221

Figure 5.19 Results from model D1 with aggrading sedimentation with sinu-
soidal bathymetric perturbations that have constant amplitude
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Figure 5.20 Results from models D2, D3 and D4. (a) Model D2 with dou-
bled aggradation rate of vagg=0.5mm/a. Diapirs form faster
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bathymetric expressions of 10m. Diapirs do not develop. (c)
Model D4 with increased sediment grain density of 2700 kg/m3.
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Figure 5.21 Conceptual model of diapir evolution driven by fixed bathy-
metric relief. (a) Evolution of sediment pocket with growing
root (thickness h3) as uniform layer thickens (thickness h2) and
bathymetric expression (h1) remains constant. (b) Graph show-
ing the thickness h3 needed to isostatically balance a sediment
pocket with variable thickness h2 (black curve) and the thick-
ness h3 needed to achieve a density ρmax at the bottom of the
sediment pocket equal to the salt density ρsalt (gray curve). h1

remains constant at 40m, salt and sediment densities are as
discussed in the text. (c) Graph similar to (b) but for variable
thicknesses h1 and salt densities ρsalt. . . . . . . . . . . . . . . 235
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Figure 6.1 Schematic of gravity spreading showing domains of extension,
translation and shortening as well as dominant viscous flow in
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Gulf of Mexico extending from onshore into deep water (from
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Abstract

Salt tectonics is a key player in the evolution of many worldwide sedimentary basins
on rifted continental margins. For more than a century, the evolving structures have
been studied; but focus remained primarily on the onshore and shallow-water regions.
The evolution of the poorly studied deep-water salt-tectonic structures is the focus of
this thesis. Investigations are performed using 2D numerical models that comprise a
viscous salt layer overlain by a frictional-plastic passive margin sedimentary sequence
from shelf to deep water.

This thesis addresses multiple salt-tectonic processes (gravity spreading, evolution
of fold belts and salt canopies, diapirism) in a general context but with special focus
on the structural evolution of the northwestern Gulf of Mexico (GoM). Here, multiple
phases of gravity-spreading induced salt mobilization and thin-skinned deformation
occurred throughout the Cenozoic. During the latest, late Oligocene-Miocene phase,
the Perdido Fold Belt (PFB) formed from a 4.5 km thick pre-kinematic section as a
prominent salt-cored deep-water structure above the pinch-out of the autochthonous
salt. It is here demonstrated with analytical as well as numerical calculations that
the folding of the PFB can have formed by gravity spreading alone without basement
tectonics. A requirement for this deformation is very high pore-fluid pressure in the
sediments, which effectively reduces the sediments’ mechanical strength. These values
are refined using numerical models that couple compaction-induced fluid pressure to
mechanical deformation. It is shown that very high fluid pressure is only necessary
at the landward base of the deforming system; fluid pressure in other regions may
remain moderate. This study shows, for the first time, the regional and dynamic
evolution of pore-fluid pressure in a continental margin sedimentary system above
salt. Additionally, the contribution of ‘lateral compaction’ during fold-belt evolution
is addressed.

Landward of the PFB, a large-scale canopy developed during the Eocene. Its
evolution is studied by investigating three different concepts of canopy evolution that
have been proposed in the scientific literature. A canopy evolving via the mechanism
of squeezed diapirs is most similar to the Eocene canopy of the northwestern GoM. A
canopy evolving via the mechanism of breached anticlines is similar to that observed
above the landward end of the PFB. Dynamic diapir growth is addressed in a neu-
tral stress regime under uneven sedimentation employing a new mechanism of diapir
initiation and evolution.
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Chapter 1

Introduction

1.1 Motivation

Salt-tectonic structures and salt-tectonic deformation have been the subject of scien-

tific research for more than a century. Combined with appropriate stratigraphic units,

these structures often function as hydrocarbon traps and are therefore of enormous

economic significance. Whereas shallow-buried on- and offshore structures have been

intensely studied, the understanding of the structures of the deep-water areas is still

limited - despite growing activity of deep-water exploration.

The understanding of salt-tectonic processes changed fundamentally in the early

1990s, when it was realized that the very different rheologies of salt and its sedi-

mentary overburden (viscous and frictional-plastic, respectively) as well as laterally

varying stress induced, for example, by differential loading often played a more sig-

nificant role for structural evolution than the density contrast between the two mate-

rials. Large-scale gravity gliding above weak salt was observed on several continental

margins, generating domains of upslope extension and downslope shortening. It be-

came clear that the concepts of local evolution of structures were no longer sufficient,

but that the regional (margin-scale) salt-tectonic deformation and associated stress

regimes also needed to be considered, which especially holds true for the deep-water

structures. Definitions of the salt-tectonic terminology used in this thesis are given

in Appendix A.

The Gulf of Mexico (GoM) comprises one of the most extensive salt basins in

the world and possesses a large number of different salt structures such as diapirs,

canopies and salt-cored fold belts. The hydrocarbon abundance of this sedimentary

basin has supported more than a century of exploration and salt-tectonic research.

This thoroughly mapped salt basin is therefore well suited to investigate the evolution

of deep-water salt structures in context with the much better investigated shallow-

water structures upslope.

1
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Methods of salt-tectonic investigations range from geological mapping and exten-

sive geophysical surveys to laboratory experiments on rock salt and analogue and

numerical models. Modeling methods make it possible to quantitatively investigate

the processes that shaped the currently observed structures; numerical approaches

permit to test a wide range of parameter values involved in these processes. Numer-

ical modeling of salt-tectonic deformation is still a relatively young field of research,

albeit one that has advanced rapidly during the last decade.

In this thesis, I investigate the yet poorly explored structures of the deep-water

GoM (which have recently become of economic interest), by employing the modern

concepts of margin-scale, gravity-driven deformation above a weak salt layer, and

using the new and powerful technique of geodynamic numerical modeling to salt

tectonics.

1.2 Background I: Developments in Salt-Tectonic Research

Salt tectonics came into the focus of geological research a century ago when it was

recognized that hydrocarbon discoveries were closely related to salt structures (Jack-

son, 1995). Early investigations centered around the salt diapirs of the North German

Basin and the US Gulf Coast (Jackson, 1995). With increasing exploitation of the

onshore areas and technological development, hydrocarbon exploration and related

salt-tectonic research extended to the offshore areas, again primarily taking place in

the Gulf Coast region. Exploration of the deep-water areas (water depths >500m)

only started during the early 1990s, mainly in the GoM, West Africa and Brazil (Pet-

tingill and Weimer , 2002). Today, an increasing number of giant discoveries are made

in deep-water regions (Pettingill and Weimer , 2002). Nevertheless, the processes and

structures that are relevant to the deep-water areas, as well as the interaction of

regional salt-tectonic deformation and local structural evolution are still poorly un-

derstood.

The term ‘salt’ is often used interchangeably with ‘halite’ (rock salt), but also to

describe the thick evaporitic sequences in sedimentary basins (although these com-

prise other minerals such as anhydrite, gypsum, or calcite, and even detrital clastics).

Halite is the most abundant mineral in an evaporitic sequence. Its physical proper-

ties differ strongly from those of most other sedimentary rocks and account for the
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Figure 1.1: Salt and sediment density (a) and strength (b). After Jackson and Talbot
(1986) and Jackson and Vendeville (1994)

distinctive characteristics of salt tectonics. Halite is already fully compacted at depth

of 50m (Casas and Lowenstein, 1989) and maintains a near-constant density below

this depth with slightly decreasing values owing to temperature effects (Figure 1.1a)

(Talbot , 1979). As a result, halite is less dense than most clastic sediments at depths

greater than approximately one kilometer. The second important characteristic of

halite is its extremely low yield strength (Figure 1.1b), which is generally exceeded

by geological stresses. At geological timescales, halite therefore behaves as a vis-

cous fluid (Urai et al., 1986; van Keken et al., 1993), which responds immediately to

tectonic stresses and can serve as detachment surfaces and localize deformation.

The comparatively low density of salt strongly guided the early salt-tectonic re-

search, which was primarily based on the concepts of vertical salt movement and

buoyancy-driven diapirism (e.g. Trusheim, 1957, 1960). These concepts were able to

explain most of the observed diapir shapes and structures found around diapirs but

failed to account for the brittle deformation observed above them (keystone grabens,

listric faults, etc.), because both salt and overburden were considered to be viscous

materials.

The understanding of salt-tectonic processes changed drastically during the early

1990s. It had already been suggested several decades before that the mechanical

strength of clastic sediments commonly exceeds the buoyancy force of underlying salt

and thus that density contrasts alone generally cannot initiate salt diapirs (Nettleton

and Elkins , 1947). Only recently did it receive widespread attention (Vendeville and

Jackson, 1992; Poliakov et al., 1993a; Schultz-Ela et al., 1993). It was concluded
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that early stages of diapirism must therefore be accompanied by an additional tensile

or compressive deviatoric stress (Vendeville and Jackson, 1992). It was furthermore

recognized that differential sediment loading above a developing diapir can largely

control to its growth. The diapir evolution may nevertheless still be strongly driven

by the density difference between salt and overburden (Schultz-Ela et al., 1993).

The different rheologies of salt and sediments not only hamper diapir initiation,

they can also facilitate horizontal movements of the viscous salt as well as of its brittle

overburden, and thereby become a key driver of salt tectonics. A weak salt layer can

decouple basement and overburden deformation and result in so-called thin-skinned

tectonics, which affects only the cover rocks and leaves the basement undeformed.

Cobbold et al. (1989) demonstrated, by means of analogue experiments, that a weak

salt layer can sustain sliding of the sedimentary overburden on the scale of an entire

continental margin.

Large-scale gravitational deformation of sedimentary overburden above mobilized

salt can generally be separated into two different processes. ‘Gravity gliding’ (Fig-

ure 1.2a) occurs when the sedimentary overburden is destabilized by a regional sea-

ward tilt of the system. The overburden then translates without significant internal

deformation (Schultz-Ela, 2001). ‘Gravity spreading’ (Figure 1.2b) occurs if the dif-

ferential stresses in the unevenly thick sedimentary overburden become large enough

to bring it to failure, which can be assisted by channel (Poiseuille) flow of the salt

as it is mobilized by the differential loading (Gemmer et al., 2004, 2005) and induces

an additional basal drag force on the overburden. The sedimentary wedge will then

extend or spread laterally and thin vertically if a weak detachment layer (such as salt)

is present. Many linked systems of extension and shortening show a combination of

these two mechanisms (Schultz-Ela, 2001) (Figure 1.2c, 1.3).

The insight into linking of upslope extension and downslope shortening has proven

crucial in the investigation and understanding of the deep-water structures (Jackson,

1995; Peel et al., 1995; Mohriak et al., 1995). Local salt-sediment interaction plays

a major role on a smaller scale, where the sediment loads influence the evolution of

salt-tectonic structures such as diapirs, canopies, salt nappes or fold belts. These

can in turn influence the local sediment distribution and enable feedback mechanisms

that are still poorly understood.
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Figure 1.2: Modes of gravity-driven deformation. (a) Gravity gliding of rigid block,
no internal deformation. (b) Gravity spreading, rock mass deforms internally. (c)
Combined gravity-driven deformation. From Rowan et al. (2004).

Figure 1.3: Schematic of gravity spreading showing domains of extension, translation
and shortening as well as dominant viscous flow in the salt layer. After Letouzey et al.
(1995).
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1.3 Background II: Salt Tectonics and the Northwestern Gulf of Mexico

The Gulf of Mexico(GoM), together with the adjacent coastal domains, has an ex-

ceptionally long history of salt-tectonic research. The salt basin comprises a variety

of structures such as diapirs, canopies, salt nappes, salt tongues, and deep-water fold

belts, which formed during multiple phases of extensive gravity spreading (Peel et al.,

1995).

The Gulf of Mexico salt basin extends almost 500 km along the northern margin

of the gulf and reaches widths of nearly 300 km (Figure 1.4). The syn- to post-rift

Louann Salt is commonly interpreted to have been deposited as a continuous layer

during the Late Jurassic (Diegel et al., 1995; Peel et al., 1995). It is overlain by a thick

unit of Cretaceous deep-water carbonates and shales (Fiduk et al., 1999; Trudgill et al.,

1999). Subsequent Cenozoic shelf progradation and siliciclastic sediment deposition

led to multiple phases of salt mobilization, which created the structures of diapirs,

canopies, and fold belts observed today (Diegel et al., 1995, Figure 1.5).

The northwestern Gulf of Mexico has experienced at least four phases of gravity

spreading (Peel et al., 1995; Radovich et al., 2007): The landward domain is domi-

nated by extensional faults of different age (Late Cretaceous to Miocene) soling out

at the allochthonous salt level. In the Eocene, large-scale folds developed landward

of the future Perdido Fold Belt (Peel et al., 1995) and a vast canopy formed, whose

evolution is investigated in Chapter 5). This allochthonous salt layer served as a

décollement layer during the Oligocene. At the deep-water end of the salt basin is

the Perdido Fold Belt, a 4.5 km thick, salt-cored structural domain that formed dur-

ing the youngest (late Oligo-Miocene) gravity-spreading phase. The circumstances

that led to its gravitationally-driven formation are addressed in Chapters 2, 3 and 4.

Mirroring advances in salt-tectonic concepts and drilling technology, exploration

and research first focussed on the evolution of onshore diapirs and their surrounding

structures (Jackson, 1995), then expanded to similar structures in the shallow offshore

domains. During the 1970s and 1980s the GoM became the world’s frontier in deep-

water exploration with targets mainly located within Miocene structures (minibasins,

diapirs) (Whaley , 2006). The hydrocarbon potential of thick sedimentary sequences in

the ultra-deep water regions of the outer continental shelf was only recognized in the

late 1990s, and first successful petroleum discoveries were made in the Atwater fold
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belt of the eastern GoM (Hall , 2002). It was then discovered that the Eocene Lower

Wilcox Formation, which also constitutes the host rocks to most onshore petroleum

discoveries in the western Gulf Coast region, extended more than 400 km offshore as an

extensive basin-floor fan system containing massive sand-rich turbidite sections. The

first successful discovery from the deep-water Wilcox Formation took place in 2001

in an anticline of the Perdido Fold Belt (Meyer et al., 2005). Continued exploration

of the deep-water fold belts of the GoM ensued, accompanied by new insights in the

salt-tectonic and sedimentary evolution of this enormous salt basin.

The phase of exploration of the deep-water fold belts of the northwestern GoM

partly occurred coevally with the research of the PhD study presented here. The new

data and insights obtained by the hydrocarbon industry are mostly not publicly avail-

able and could therefore only to a limited degree be incorporated into this research.

Nevertheless, new insights gathered from recent publications and at conferences were

integrated in our research projects, expanding the knowledge about salt structures at

the outer limit of salt basins and current hydrocarbon exploration. In this thesis, I

investigate the salt-tectonic evolution of the northwestern Gulf of Mexico beginning

with the youngest, best-known structures and going back in time to the older, less

well-known structures.

1.4 Background III: Numerical Modeling in Salt Tectonics

Research in salt tectonics has employed a growing number of methods, starting with

geological mapping, later incorporating among others drilling results, seismic mapping

and gravity modeling. The first analogue experiments in salt tectonics investigated

diapir evolution by modeling salt and sediments as two fluids of different densities

(Nettleton, 1934). Analogue modeling has since played a key role in understanding

of salt tectonics and experiments advanced to elaborate 3-dimensional models using

silicon putty and sand to represent viscous salt and brittle overburden, respectively

(e.g. Vendeville and Jackson, 1992; Weijermars et al., 1993; Ge et al., 1997; Costa

and Vendeville, 2002; Krezsek et al., 2007).

The early applications of numerical methods in salt-tectonic research also focussed

on the evolution of diapirs through Rayleigh-Taylor instabilities between two viscous

fluids of different densities (Schmeling , 1987; Zaleski and Julien, 1992; Poliakov et al.,
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Figure 1.4: Bathymetry of the northern Gulf of Mexico illustrating the extent of
allochthonous salt and its superposed sedimentary structures. Data are from the
NOAAmultibeam bathymetric survey. KC = Keathley Canyon, GB = Garden Banks,
GC = Green Canyon, WR = Walker Ridge, MC = Mississippi Canyon, and AW =
Atwater. From Diegel et al. (1995)
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Figure 1.5: Tectono-stratigraphic provinces of the northern Gulf of Mexico Basin.
From Diegel et al. (1995)

Figure 1.6: Regional NW-SE trending seismic profile from the northwestern Gulf of
Mexico extending from onshore into deep water (from Radovich et al., 2007). Large-
scale gravity-spreading structures (extensional faults, allochthonous salt, fold belts)
are indicated as well as the thesis chapters addressing their evolution. Location is
shown in Figure 1.5. More detailed figure descriptions can be found in the original
publication and Figure 5.2.
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1993b). Following the paradigm shift in salt tectonics of the early 1990s, when the

importance of the salt’s low strength and high mobility, and the effect of lateral differ-

ential pressure was recognized, numerical models were used to quantitatively address

the effects of brittle overburden on diapirism (Schultz-Ela et al., 1993; Poliakov et al.,

1993a; Daudre and Cloetingh, 1994; Poliakov et al., 1996). The insight that exten-

sion provides a favorable mechanism for diapir initiation was first demonstrated by

analogue models and subsequently confirmed with numerical modeling approaches

(Poliakov et al., 1993a; Daudre and Cloetingh, 1994). With the advance of compu-

tational technology, numerical models progressed towards studies of more complex

structures (e.g. Chemia et al., 2008) or regional salt-tectonic evolution (e.g. Gemmer

et al., 2004, 2005).

Numerical modeling provides an excellent tool for investigating the evolution of

salt-tectonic structures, because it encompasses the entire evolution of the structures

and is subject to very few restrictions regarding parameter values and scales, though

it is commonly limited to 2D studies. Geological and geophysical studies only capture

a snapshot of the current situation which evolved under a certain set of circumstances.

Such studies are nevertheless essential for constraining any modeling experiment.

Analogue models can capture the three-dimensional evolution of salt-tectonic

structures but are more restricted to a certain range of parameter values than nu-

merical models. It is furthermore difficult to include processes like water loading,

compaction or pore-fluid pressure effects, but new methods are being developed in

these fields (Mourgues and Cobbold , 2003). For the two-dimensional numerical models

presented here, it is important that the investigated, first-order, large-scale processes

and structures of a continental margin do not vary significantly along strike, because

out-of-plane salt flow and deformation cannot be captured.

1.4.1 Geodynamic Modeling with SOPALE

In this section I briefly explain the concepts and approaches of the modeling method

used in this thesis. A more thorough and mathematical description is given in Chap-

ters 2 and 3, and more details can be found in Fullsack (1995) and Morency et al.

(2007).
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In geodynamic modeling, we are interested in the bulk behavior of a material,

rather than in the individual behavior of microscopic structures (grains, minerals,

molecules). This is achieved through the concepts of continuum mechanics by de-

scribing the materials as homogenous solids or fluids. The corresponding governing

equations accurately capture the overall behavior as long as the length and time

scales involved are sufficiently large. The governing equations describe the conserva-

tion of mass, momentum and energy and additionally include constitutive equations.

The latter describe the material-dependent response to external forces, such as the

rheological behavior during mechanical deformation.

For geodynamic deformation, which is characterized by low velocities and high

viscosities, a simplified equation of motion can be derived from the conservation laws:

Inertial forces are negligibly small compared to the viscous forces (low Reynolds

number), and the general equation for fluid flow (Navier-Stokes) can be reduced to

that of creeping flow (Stokes flow). Allowing for incompressibility further simplifies

the equation of motion, which together with the equation for conservation of mass,

represents the fundamental equations in geodynamic modeling.

The material’s rheology is described as the relation of stress to strain. This relation

is linear in the most basic case, which is here used to describe the rheology of viscous

salt. Frictional-plastic behavior is approximated by introducing a Drucker-Prager

yield criterion. Deformation then occurs only when deviatoric stresses reach the yield

stress, which depends on the mean stress, the effective internal angle of friction, and

cohesion.

The governing partial differential equations need to be solved for a number of

different materials in an often complex and deforming model domain. In the finite

element technique, the model domain is subdivided into numerous components of

simple geometries and uniform properties, for each of which a solution for the com-

plex partial differential equations can be approximated. The resulting large set of

simplified, interdependent equations is then solved simultaneously for all elements.

Boundary conditions are given as the behavior of velocities and stresses at the edges

of the model domain and are necessary to constrain the solution.

The software SOPALE used in this thesis solves the governing equations for the

displacement velocities for a given timestep (Fullsack , 1995). These velocities are
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applied to update the position of the model material before the calculations of the

next timestep are performed. The model uses an Arbitrary Lagrangian-Eulerian

(ALE) formulation, in which computations are made on an Eulerian grid that adapts

vertically to respond to the evolving model geometry. The material properties are

tracked and updated using a set of moving Lagrangian particles. This approach allows

calculations to be made for very large deformation (Fullsack , 1995).

In Chapters 3 and 4, the calculations are expanded to include compaction-induced

fluid-pressure generation (Figure 1.7, Morency et al., 2007). The principle of effective

stress is employed (Terzaghi , 1936, 1943), which states that pore fluids bear a part of

the load of the overlying sediment column and the remaining pressure is carried by

the sediment matrix. This implies that porous sediments are effectively weakened by

pore-fluid pressure.

Modeled sediment compaction includes the effects of both mechanical and viscous

compaction, which change the bulk volume of the porous sediment. The volumetric

strain rate in turn controls the fluid flow in porous media, here approximated as

Darcy fluid flow.

The equations for compaction and fluid flow are coupled to the equations of purely

mechanical deformation through the displacement velocities as well as the effective

pressure, which controls mechanical failure and sediment compaction. Iterative solv-

ing is required to obtain consistent values for the velocity and pressure fields (Morency

et al., 2007). The porosity is updated after the iterations converge.

Figure 1.7: Schematic illustrating the coupling of mechanical deformation to
compaction-driven pore-fluid generation via the effective stress.
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1.5 Organization and Contributions

This thesis comprises four paper-style chapters as well as three appendices describing

the salt-tectonic vocabulary used in this thesis as well as additional analytical and nu-

merical work. Chapter 2, Factors Controlling the Evolution of the Perdido Fold Belt,

Northwestern Gulf of Mexico, Determined from Numerical Models, has been published

in the Journal of Tectonics (Gradmann et al., 2009). Additional analytical and nu-

merical calculations that were not included in the chapter are given in Appendix B.

Chapter 3 and 4, Coupled Fluid Flow and Sediment Deformation in Margin-Scale

Salt-Tectonic Systems: 1. Development and Application of Simple, Single-Lithology

Models and Coupled Fluid Flow and Sediment Deformation in Margin-Scale Salt-

Tectonic Systems: 2. Layered Sediment Models and Application to the Northwestern

Gulf of Mexico are two companion papers that have been published in the Journal

of Tectonics this year (Gradmann et al., 2012; Gradmann and Beaumont , 2012). In

Appendix C, software modifications that have been tested and in parts included in

the models of Chapters 3 and 4 are discussed. Chapter 5, Numerical Modeling Study

of Mechanisms of Salt Canopy Evolution and their Application to the Northwestern

Gulf of Mexico, is currently in preparation to be submitted to a peer-reviewed jour-

nal. The final chapter summarizes and discusses the thesis results with respect to

the key salt-tectonic issues addressed in this thesis: (1) initiation of gravity spreading

above salt on continental margins, (2) development of salt tectonic structures (fold

belts, canopies, diapirs), and (3) the salt-tectonic evolution of the northwestern Gulf

of Mexico.

1.5.1 Chapter 2: Factors Controlling the Evolution of the Perdido Fold Belt,

Northwestern Gulf of Mexico, Determined from Numerical Models

In the second chapter, the evolution of the Perdido Fold Belt, a large-scale, deep-water

structure located at the distal end of the large salt basin in the northwestern GoM

is examined. An analytical calculation of the stability conditions of a salt-bearing

continental margin is presented, and its implications applied to the northwestern

Gulf of Mexico. Subsequently, 2-D finite element numerical models are employed

to study the evolution of the Perdido Fold Belt as a gravity-driven fold belt, both
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in a local context and in the context of the larger-scale passive margin influenced

by adjacent allochthonous salt structures. The sensitivity of fold-belt evolution to

different factors such as sediment strength, salt thickness and viscosity, and sub-salt

basement geometry are investigated. The results have been published in the Journal

of Tectonics with Chris Beaumont and Markus Albertz as second and third author,

respectively (Gradmann et al., 2009).

The stability analysis is based on the work of Gemmer et al. (2005). S. Gradmann

extended their theory to include local isostatic balancing of the continental-margin

system, which becomes important as the load of a prograding sediment wedge in-

duces a landward tilt of the base of the basin and thereby enhances the stability

of the system. The software for the 2-D numerical models was developed by Full-

sack (1995) and subsequently extended and improved by the Dalhousie Geodynamics

Group. S. Gradmann was primarily responsible for the design, computation and

analysis of the numerical models of the northwestern Gulf of Mexico, as well as for

the writing of the corresponding manuscript. C. Beaumont contributed to all these

aspects with frequent and long discussions and many helpful ideas. M. Albertz was

involved in the design and discussion of the first set of models.

1.5.2 Chapters 3 and 4: Coupled Fluid Flow and Sediment Deformation in

Margin-Scale Salt-Tectonic Systems: 1. Development and Application of

Simple, Single-Lithology Models and Coupled Fluid Flow and Sediment

Deformation in Margin-Scale Salt-Tectonic Systems: 2. Layered Sediment

Models and Application to the Northwestern Gulf of Mexico

Chapters 3 and 4 are two companion papers that investigate the effects of compaction-

generated fluid-pressure on sediment strength and the associated gravity-driven de-

formation in a continental-margin salt-tectonic system. A new finite element software

is used that expands on the earlier version (Fullsack , 1995) by including dynamic cal-

culations of compaction-driven pore-fluid pressure generation (Morency et al., 2007).

Chapter 3 explores the overpressuring behavior of sandstone-type and shale-type

material undergoing both viscous and mechanical compaction and the associated

effects on sediment strength and margin stability. In Chapter 4, the cases of sedimen-

tary sequences comprising layers of both sandstone-type and shale-type lithologies
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are investigated and these more realistic scenarios are applied to the setting of the

northwestern Gulf of Mexico, thus expanding on the stability criteria developed in

Chapter 2 (Gradmann et al., 2009). Furthermore, an improved formulation of viscous

compaction is developed, which allows for stronger porosity and temperature depen-

dence of this process. Both papers have been published in the Journal of Tectonics.

C. Beaumont and S. Ings are second and third author of the first paper, respectively

(Gradmann et al., 2012), the second paper is a collaboration of S. Gradmann and

C. Beaumont (Gradmann and Beaumont , 2012).

S. Gradmann prepared and conducted all model experiments. This included the

identification of a suitable parameter space for modeling compaction and overpressur-

ing of different sedimentary material (salt- and shale-type) as well as modifications of

the software to allow for amendments of the compaction process. The compilation and

interpretation of the model results was to a large extent performed by S. Gradmann.

The manuscripts of both papers were written by S. Gradmann, aided by C. Beau-

mont. C. Beaumont contributed significantly to the discussion and interpretation of

the model results, as well as to the design of numerous model experiments. S. Ings was

involved in the design and execution of the first model experiments (Chapter 3) and

contributed through many discussions to their scientific interpretation and analysis.

1.5.3 Chapter 5: Numerical Modeling Study of Mechanisms of Salt Canopy

Evolution and their Application to the Northwestern Gulf of Mexico

The focus of the sixth chapter lies again on the evolution of salt-tectonic structures in

the northwestern Gulf of Mexico. Three mechanisms are investigated that may lead

to salt-canopy formation; and their respective implications for the canopy’s structural

evolution and style are compared to the Eocene salt canopy in the northwestern Gulf

of Mexico. This structure evolved in the central part of the salt basin, landward of

the Perdido Fold Belt. In addition to canopy formation, this chapter also addresses

the development of diapirs that evolve in the absence of regional tectonic stresses and

may serve as precursory structures for canopy development. A new diapir mecha-

nism driven by uneven sedimentation is introduced, preliminary numerical tests are

performed, and a quantitative analytical treatment of the mechanism is provided.
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The regional models of canopy evolution were designed, discussed and analyzed

by S. Gradmann and C. Beaumont. The diapir models were primarily developed by

S. Gradmann who also conducted all model experiments. The quantitative analysis

of sedimentation-induced diapirism was performed by S. Gradmann. The manuscript

preparation was the work of S. Gradmann with the help of C. Beaumont and others.

1.5.4 Appendix A: Glossary of Salt-Tectonic Terminology

This appendix comprises a lists of brief definitions of the salt-tectonic terminology

used in this thesis.

1.5.5 Appendix B: Stability Analysis of Continental Margin System over

Viscous Substratum

This appendix expands and completes the analytical calculations of margin stability

presented in Chapter 2 (Gradmann et al., 2009). The effects of isostatic balancing of a

salt-sediment system are discussed and analytical and numerical results are compared.

S. Gradmann performed the analytical calculations and designed, computed and

analyzed the numerical models. C. Beaumont contributed with frequent discussions

and helpful ideas.

1.5.6 Appendix C: Addendum to Chapters 3 and 4

In this appendix, I explain several modifications of the software used in Chapters 3

and 4, which couples compaction-induced fluid pressure generation to mechanical

deformation. These modifications address the controlling and limiting decompaction

and ultra-high pore-fluid pressure (through a mechanism mimicking fault valving).



Chapter 2

Factors Controlling the Evolution of the Perdido Fold Belt,

Northwestern Gulf of Mexico, Determined from Numerical

Models

This chapter has been published as “Gradmann, S., C. Beaumont, and M. Albertz

(2009), Factors controlling the evolution of the Perdido Fold Belt, northwestern Gulf

of Mexico, determined from numerical models, Tectonics, 28(2).” Reproduced by

permission of American Geophysical Union. Minor editorial corrections have been

applied.

2.0 Abstract

The Perdido Fold Belt (PFB) is a prominent salt-cored deep-water structure in the

northwestern Gulf of Mexico. It is characterized by symmetric, kink-banded folds of

a ca. 4.5 km thick pre-kinematic layer and its vicinity to the extensive Sigsbee Salt

Canopy. We use 2D finite element numerical models to study the evolution of the PFB

as a gravity-driven fold belt both in a local context and in the context of the larger-

scale passive margin, influenced by adjacent allochthonous salt structures. We show

that parameters such as overburden strength, salt geometry or salt viscosity determine

timing, extent and location of the modeled fold belt. Simplified models of the Gulf

of Mexico show that toe-of-slope folding is a viable mechanism to develop diapirs in

the deep salt basin, and to delay folding of the distal overburden. In this scenario,

the PFB likely represents the terminal folding of a much larger, diachronously formed

fold belt system.

2.1 Introduction

The Perdido Fold Belt (PFB) in the northwestern Gulf of Mexico (Figures 2.1-2.3)

is a deep-water salt-tectonic contractional structure that has recently become a focus

17
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of intensive hydrocarbon-related studies, but still remains insufficiently understood.

It is one of several deep-water fold-and/or-thrust belts that are known from several

continental margins worldwide including the Gulf of Mexico (Atwater (or Mississippi

Fan) Fold Belt, Perdido Fold Belt, Mexican Ridges, Port Isabel Fold Belt) (Weimer

and Buffler , 1992; Peel et al., 1995; Fiduk et al., 1999; Trudgill et al., 1999; Rowan

et al., 2000; Wu and Bally , 2000; Marton et al., 2000; Hall , 2002; Rowan et al.,

2004), offshore Brazil (Demercian et al., 1993; Cobbold et al., 1995; Mohriak et al.,

1995; Davison, 2007), offshore Africa (Morley and Guerin, 1996; Spathopoulos , 1996;

Cramez and Jackson, 2000; Marton et al., 2000; Rowan et al., 2004; Fort et al., 2004;

Hudec and Jackson, 2004) and several others (Rowan et al., 2004, and references

therein). These fold-and-thrust belts are generally interpreted to be the result of

gravity spreading and/or gliding of sedimentary overburden above a weak substra-

tum of salt (strictly evaporites) or overpressured shale, which produces linked proxi-

mal extensional and distal contractional domains. The fold-and-thrust belts vary in

structural style (fault-bend folds, concentric folds, kink-banded folds, symmetric vs.

asymmetric folds, imbricate thrusts), overburden thickness, overburden composition,

and the location and timing of the deformation relative to other processes that affect

the large scale evolution of the margin (Rowan et al., 2004). Fold belts are one of a

range of deep-water contractional salt-tectonic structures (including e.g. salt tongues,

canopies and inflated salt massifs) that develop at the distal end of a gravity-driven

spreading system (Tari et al., 2003). Currently, it is not known which conditions

favor the evolution of one versus another structure.

In addition to their significance for hydrocarbon exploration, rifted margin deep-

water fold-and-thrust belts are of scientific interest, in particular in regard to the

features and processes that control their initiation and evolution. These features and

processes, which may encompass large parts of the margin, include a number of factors

such as the geometry of the extended basement, the regional dip owing to thermal

and isostatic subsidence, the evolving distribution of sediments, their bulk strength

and density, and the viscosity and density of the salt. An improved understanding

of the role of these factors can help to constrain conditions that lead to failure of

the system and help predict the associated spreading velocity, the way in which the

linked extensional/contractional domains propagate diachronously seaward through
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the system, and the related development of smaller-scale structures such as folds,

diapirs and canopies. The PFB is among the best studied salt-cored deep-water fold

belts and is the one with the most published work and publicly available data.

The PFB is located at the seaward limit of the autochthonous Middle Jurassic

Louann Salt (Figure 2.1) and comprises highly symmetric, salt-cored folds over a

region of ca. 80 by 100 km (Figures 2.2-2.3). Only one major phase of shortening and

folding of less than 10Ma duration occurred during late Oligocene-early Miocene in

the PFB region, which resulted in relatively simple structures with very little syn-

deformational sedimentation. Several unique features distinguish it from many other

deep-water fold belts including the large thickness (4.5 km) of the pre-kinematic Late

Jurassic to Miocene section together with the absence of earlier folding, the highly

symmetric kink-banded folds, the seaward tilt of the entire fold belt, the almost

synchronous evolution of its folds, and its vicinity of the large allochthonous salt

structure of the Sigsbee Canopy (Trudgill et al., 1999; Rowan et al., 2000) (Figures 2.2

and 2.3). Despite the relative simplicity of the PFB, its relationship to the older, more

landward depositional regimes and the evolution of allochthonous salt is complex and

remains subject to discussion.

The goal of this paper is to explain the first-order structures of the PFB in a

dynamical context by comparing its presently understood evolution with those of a

series of finite element model experiments. We address the following questions that

are fundamental to the evolution of the PFB.

1. What horizontal forces and overburden strengths were necessary in order to fold

such a thick (ca 4.5km) sediment layer by gravity spreading alone?

2. What determined the almost synchronous evolution of the PFB within <10Ma?

3. Did salt geometry, specifically thickness, taper and possible sub-salt basement

steps, influence the formation of the PFB?

4. When and how did the inflation of the underlying salt and tilting of the PFB

take place?

5. How may salt have been expelled into the Sigsbee Canopy and similar precursory

structures and what role did this allochthonous salt play in the PFB evolution?
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The intent of the research reported here is an assessment of the factors that con-

trolled the formation of the Perdido Fold Belt specifically, plus an initial evaluation

of the contraction and folding hypothesis for the precursor regional development of

the northwestern Gulf of Mexico. The evolution of the western Gulf of Mexico is

complex and involved several superimposed phases of deformation landward of the

PFB, and there are a range of interpretations of the observations concerning these

phases which is discussed in section 2.2. The level of uncertainty therefore increases

as time recedes. This makes modeling in the form of a complete forward simulation

of the evolution of the system unattractive because initial conditions and early evolu-

tion cannot be established with certainty. Instead, we choose to work backwards and

start with a limit analysis (section 2.3) and a simplified experiment designed only to

investigate the formation of the PFB (section 2.5). We then vary these models to test

some of the possible conditions that may have existed prior to folding of the PFB

(section 2.6) and then consider the regional precursor phase (section 2.7).

Figure 2.1: Regional map of northern Gulf of Mexico showing the Cenozoic fold
belts and the extent of allochthonous salt after Fiduk et al. (1999), salt outline is
from Simmons (1992). The locations of the cross sections shown in Figures 2.2, 2.3
and 2.4 are indicated.
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2.2 The Perdido Fold Belt

2.2.1 Description of the Perdido Fold Belt

The PFB is situated in the northwestern Gulf of Mexico in water depths of 2-3 km

(Figure 2.1). It occupies the 60-70 km wide region between the limit of the au-

tochthonous Middle Jurassic Louann Salt and the allochthonous Sigsbee Salt Canopy,

beneath which it continues for another 20-30 km (Peel et al., 1995; Hall , 2002; Rowan

et al., 2004) (Figures 2.2 and 2.3). Radovich et al. (2007a) interprets another 100 km

wide landward continuation of the fold belt. The northern section of the PFB, which

is located in US waters, is well studied with multiple geophysical surveys (Weimer

and Buffler , 1992; Trudgill et al., 1999; Camerlo and Benson, 2006; Meyer et al.,

2007; Radovich et al., 2007a). The southern section, located in Mexican waters, is

rarely referred to in the public literature. Several wells have been drilled into the

Perdido folds in the last decade (Meyer et al., 2007). None of them penetrated to

the depth of the autochthonous Louann Salt but several were successful discoveries

of hydrocarbon reserves.

In cross section, the PFB comprises a band of angular folds with wavelengths of

ca. 10 km (Figure 2.3) and a seaward dipping fold envelope of ca. 5◦. This dip tilts the

entire fold belt and is a result of the seaward tapering of the underlying salt wedge;

the fold amplitude decreases only marginally. The tilt of the fold belt decreases to

1-2◦ in the distal 15-20 km, leading to a bend in the fold envelope (Figure 2.3b).

It should be noted that the seismic cross section shown in Figure 2.3b does not run

perpendicular to the fold axis in the distal part and therefore displays larger apparent

wavelengths. Furthermore, eight individual folds have been identified in the recent

work of Camerlo and Benson (2006), whereas previous studies identified fewer folds

(Trudgill et al., 1999; Fiduk et al., 1999; Rowan et al., 2000)(inset of Figure 2.1).

The folds are highly symmetric, occasionally leaning landward or seaward. The

folds are separated by narrow zones of deformation, which were shown to be kink

bands by Camerlo and Benson (2006). This supersedes the earlier interpretation

of fault-bound detachment folds (e.g. Weimer and Buffler , 1992; Peel et al., 1995;

Trudgill et al., 1999).
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The stratigraphic column can be divided into pre-, syn- and post-kinematic sec-

tions. The pre-kinematic section remains at ca. 4.5 km thickness throughout the fold

belt. It consists of shallow and deep marine carbonates and marls (∼2.1 km), chalks

and marls (∼0.5 km), and deep marine muds and sands, e.g. turbidites (∼2.0 km)

(Rowan et al., 2000). Deep marine sediments also form the thin, syn-kinematic layer

present in the synclinal regions (<0.4 km) as well as the post-kinematic, Neogene se-

quence (∼2.0 km). Other estimates of the total thickness of the pre-kinematic layer

can be obtained from pre-stack depth migrated seismic sections (Meyer et al., 2005;

Camerlo and Benson, 2006; Waller , 2007; Radovich et al., 2007a) and give values

ranging between 4.3 km and 5.4 km. Indicators for salt acting as a very weak detach-

ment are the high symmetry of folds as well as their magnitude, indicating flow of the

substrate from beneath synclines into anticlines (Rowan et al., 2000). Out-of-plane

salt flow has probably not played a significant role since the fold structures, including

the salt thickness, are to first order similar along strike.

2.2.2 Evolution of the Northwest Gulf of Mexico Margin and its

Relationship to the Perdido Fold Belt

The Gulf of Mexico opened as a rift basin in the Late Triassic-Early Jurassic. The

autochthonous Louann salt was deposited in Middle Jurassic above a synrift sedi-

mentary sequence. The Cretaceous was dominated by carbonate deposition, clastic

sediments followed. During the Cenozoic the shelf edge of the continental margin

prograded by more than 200 km to its present location (Fiduk et al., 1999; Galloway

et al., 2000). Shelf progradation rates were on average 0.4 cm/a but locally reached

values of ca. 1.0 cm/a during episodes of enhanced sediment input in the middle

Eocene, Oligocene and middle Miocene (Galloway et al., 2000). Sediment input came

from the Hudson and Rio Grande embayment located to the north and west of the

PFB region, respectively. In the middle Miocene, sediment input ultimately shifted

farther east toward the Louisiana shelf leaving the northwestern Gulf of Mexico with

pelagic to hemipelagic sedimentation (Fiduk et al., 1999).

As a result of the deposition of prograding shelf and slope sediments onto the

autochthonous salt basin, the sedimentary overburden failed and gravity spreading

set in, leading to landward extension and seaward shortening (Figure 2.2). Multiple
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Figure 2.3: Interpreted seismic lines across the PFB. See Figure 2.1 for locations.
(a) Seismic line across the entire extent of PFB from Camerlo and Benson (2006).
(b) Seismic line across the PFB from Rowan et al. (2000). Horizons shown are the
Mid Cretaceous Sequence Boundary (MCSB, now interpreted to be top Cretaceous;
Winker , 2004) and those that bound major tectonostratigraphic units.

extensional fault systems in the Mesozoic to Cenozoic sediments have been inter-

preted as evidence of several separate phases of gravity spreading (Diegel et al., 1995;

Peel et al., 1995; Trudgill et al., 1999; Radovich et al., 2007a). Peel et al. (1995)

identified a Paleocene-early Eocene, a middle-late Eocene, an early Oligocene-early

Miocene and a late Oligocene-middle Miocene extensional phase, each occurring sea-

ward of the previous one. The total upslope extension of the northwestern Gulf of

Mexico continental margin is estimated to be about 80 km (Peel et al., 1995). Only

two compressional settings have been unambiguously identified: the distal PFB itself

and the Port Isabel Fold Belt, located above an allochthonous salt detachment (Fig-

ure 2.2). Recent studies (Rowan et al., 2005; Radovich et al., 2007a) link the Port

Isabel Fold Belt to Oligocene-early Miocene extension, the PFB to late Oligocene-

mid Miocene extension. The extension during the earlier phases of shelf failure must

have been accommodated in some manner further landward; the PFB only accounts

for 5-10 km of shortening (Peel et al., 1995; Trudgill et al., 1999), and pre-Oligocene
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deformation is absent in the distal sediments. Peel et al. (1995) describes an ear-

lier, very gently folded contractional belt that extends more than 100 km landward

of the Sigsbee Canopy in the Jurassic to Eocene unit (Figure 2.2b). They note, how-

ever, that this fold belt could not have accommodated all of the extension on the

upper slope. More evidence for Cretaceous folding in the deeper part of the northern

Gulf of Mexico basin has recently been given by Philippe et al. (2005), Philippe and

Guerin (2006), Guerin et al. (2006), and Radovich et al. (2007a). Early shortening

may have been overprinted by later extension, which makes it difficult to identify

such structures. Radovich et al. (2007a) describes an almost 400 km wide fold belt at

the autochthonous salt level that reaches from the present-day onshore region to the

seaward pinch-out of the salt (Figure 2.2a). Here, the PFB appears to be only the

distal end of this extensive fold belt that accommodated extension throughout the

Cenozoic.

Interpretations by other authors (e.g. Rowan et al., 2005) do not show the strong

Cenozoic folding in the entire northwestern Gulf of Mexico. A salt canopy developed

above this putative fold belt in late Eocene and later acted as a detachment surface

for the Port Isabel Fold Belt. In addition to the allochthonous salt, Eocene shales

were also involved in the evolution of this fold belt (Diegel et al., 1995; Peel et al.,

1995; Camerlo et al., 2004; Rowan et al., 2004). While gravity spreading took place

at the shallow allochthonous detachment in the late Oligocene-early Miocene, it must

also have stepped back down onto the autochthonous salt level to create the PFB

(Rowan et al., 2005; Radovich et al., 2007a).

The evolution of the two allochthonous salt bodies in the northwestern Gulf of

Mexico in late Eocene and Oligo-Miocene times is discussed in section 2.7. The late

Eocene paleocanopy served as a detachment for the Port Isabel Fold Belt and now

extends for ca. 100 km. The allochthonous salt above and adjacent to the PFB is part

of the extensive Sigsbee Salt Canopy that covers several thousand square kilometers in

the northern Gulf of Mexico (Figure 2.1) but is reduced to a few coalesced or isolated

salt tongues in the western section (Fiduk et al., 1996, 1999) (inset of Figure 2.1).

This salt body (for simplicity, here also called Sigsbee Canopy) seems to have moved

very little distance from its feeder in the northwestern part (Figures 2.2a and 2.2b),

whereas further to the south and east it migrated for 50-100 km (Peel et al., 1995;
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Decalf et al., 2004) (Figure 2.2c).

2.2.3 Folding Episodes and Timing of the Formation of the Perdido

Fold Belt

Most of the published data do not show seismic markers at high enough resolution to

constrain the timing of the folding of the PFB unambiguously and well data are also

limited. Dates for the onset of the main folding phase range from early Oligocene

(Diegel et al., 1995; Peel et al., 1995) to end of Oligocene (Rowan et al., 2005; Radovich

et al., 2007a), the duration of folding ranges between 6Ma (Peel et al., 1995) and

15Ma (Fuqua, 1990; Diegel et al., 1995; Peel et al., 1995), depending on the consider-

ation of different phases of folding. Recent interpretations of modern seismic data put

the folding activity in late Oligocene-mid Miocene time (Rowan et al., 2005; Radovich

et al., 2007a). A detailed fold growth study by Waller (2007) identifies a more com-

plex evolution of the PFB: The most landward anticline started to develop slowly in

early Oligocene, followed by its seaward adjacent anticline. In the late Oligocene to

early Miocene, deformation rapidly increased and created folds throughout the rest

of the PFB area. A reactivation phase occurred during the Pliocene.

We use the most recent interpretation of Waller (2007) with a main phase of de-

formation lasting approximately 10Ma in late Oligocene-early Miocene. The changes

in interpreted time of deformation reflect the availability of more recent data. There

is no fundamental disagreement about current interpretations (F. Peel, personal com-

munication, 2008).

The late folding compared to the early onset of extension (Paleocene-Eocene)

has been discussed extensively. Peel et al. (1995) identifies the early Eocene folding

landward of the PFB (Figure 2.2b). Trudgill et al. (1999) explain the delay between

early upslope extension and late downslope shortening by invoking the Sigsbee Salt

Canopy as a buffer. A diapir-canopy system may have contributed to compensating

the early landward extension by narrowing the feeder diapir, expelling salt onto the

seafloor, and overthrusting the sediment layer. Later, once the feeders had been

depleted and pinched off, the stress could be transferred farther seaward, beyond the

region of the Sigsbee Canopy, and fold the undeformed sediments to form the PFB.
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Another process that can accommodate some amount of early shortening is lateral

compaction.

2.2.4 Inflation of the Perdido Fold Belt

Given that the pre-kinematic section of the PFB is tilted but of uniform thickness,

the tilting accompanied by the inflation of the underlying salt must have occurred

after deposition of these sedimentary layers and after or during their deformation

(Trudgill et al., 1999). The timing and cause of inflation of the salt detachment layer,

however, are disputed. Trudgill et al. (1999) suggest a post-shortening, early Pliocene

salt inflation generated by the load of the seaward extruding Sigsbee Canopy. Rowan

et al. (2000) argue that the inflation of the Louann Salt occurred with, or immediately

after, the main folding phase of the PFB. Waller (2007) points out that a significant

amount of salt inflation could result from salt being squeezed out of the narrowing

anticlines and from beneath the sinking synclines. The distal synclines are below

their regional datum even after restoration (Rowan et al., 2000; Waller , 2007). This

implies a net deflation of salt occurred underneath the distal end of the fold belt.

2.2.5 Initial Salt Geometry

The initial salt thickness and subsalt basement geometry may have had significant

influence on the style, location and timing of the folds (Rowan et al., 2000). NE-SW

trending basement steps, corresponding to faults in the extended continental crust,

have been inferred from gravity and high resolution seismic data (Trudgill et al.,

1999). It has also been suggested that a major basement step localized the formation

of the Sigsbee diapir (Peel et al., 1995) (Figure 2.2b). The initial thickness of the salt

underlying the PFB has been reconstructed by Trudgill et al. (1999) to be 2.5-3 km

at the northwestern end of the restored section (50-60 km landward of the salt pinch-

out) thinning to zero at the southeastern end (Figure 2.4). This corresponds to an

initial landward tilt of the base of the salt of approximately 2.5◦. The wedge-shaped

sediment sequence deposited after inflation exerted a larger load on the distal end,

and isostatically tilted the salt base to what is currently an almost horizontal attitude

(Trudgill et al., 1999). Diegel et al. (1995) estimate the average initial salt thickness

of the central Gulf of Mexico basin to be 2.4 km.



29

The current landward extent of the autochthonous salt can be taken from Fig-

ures 2.2b and 2.2c to be at least 250 km from the distal pinch-out. Another 100 km

landward, extensional faulting can be found, that soles onto the top of the basement

(Figures 2.2a and 2.2b) suggesting that the weak detachment layer extended this far.

The absence of salt in the present-day configuration indicates that salt was efficiently

evacuated, or that it was originally very thin and below seismic data resolution.

Figure 2.4: Two-dimensional restoration of a NNW-SSE trending seismic profile
across the PFB from Trudgill et al. (1999). Location is shown in Figure 2.1. Salt is
colored light grey, sedimentary overburden is marked by banded units. Shortening
across the 60 km wide domain is estimated to be 5-10%.

2.3 Limit Analysis for Margin Stability

In order for gravitational spreading to occur, the differential load across the mar-

gin must be sufficient to cause failure of the landward and seaward sections of the

overburden. Following failure, a larger differential load causes the margin to become

more unstable, leading to faster gravity-spreading-related deformation. A quantita-

tive stability assessment of the northwestern Oligocene Gulf of Mexico can reveal the

conditions under which the PFB can have formed due to gravity spreading alone or

under which crustal tectonics were required. The knowledge about failure of a system

is also crucial for the design of numerical models.

Gemmer et al. (2004, 2005) developed a quantitative limit analysis to determine

the conditions for gravitational failure of a salt-bearing continental margin system.

The force balance yields a relationship between margin geometry (salt and sedimen-

tary overburden thickness) and sediment strength that describes the system at the

onset of gravitational spreading. The limit analysis presented here extends the anal-

ysis of Gemmer et al. (2005) by including the isostatic response to sediment loading
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and a description of pore-fluid pressure that is related to the mean (dynamical) stress

instead of the lithostatic stress (weight of the overburden).

Figure 2.5: Conceptual model of a salt-bearing continental margin with the horizon-
tally acting forces that are used for the limit analysis. See section 2.3 and Table 2.3
for description of parameters. Diagram is not to scale.

Figure 2.5 shows a schematic continental margin, where a salt layer of constant

thickness is overlain by a seaward thinning frictional sedimentary overburden. The

entire system is locally isostatically balanced assuming a substratum of uniform den-

sity. The horizontal forces acting on the system at failure are:

F1 - limiting tensile failure strength of the landward sediment overburden,

F2 - limiting compressive failure strength of the seaward sediment overburden,

Fiso - downslope (gliding) force owing to landward tilt of base that results from

isostatic adjustment,

Fp - drag force exerted on the base of the overburden by Poiseuille flow in the viscous

layer,

Fw - water loading force, acting as a buttress to seaward movement.

If the seaward-directed forces exceed the landward-directed forces the system becomes

unstable and the overburden fails and translates seaward. The state of incipient failure

is described by balancing all forces

F1 + F2 + Fp + Fw + Fiso = 0. (2.1)
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These forces can be estimated in terms of the system parameters (see Appendix 2.10).

Substitution of these equations for individual forces into the equation above leads to

the following force balance:

h∗
1
2 ka − h∗

2
2 kp + T (h∗

1 − h∗
2) + (T − 1) (h∗

1
2 − h∗

2
2) = 0 (2.2)

with h∗
1=h1/hc, h

∗
2=h2/hc , ka=1/kp=(1−sinϕe)/(1+sinϕe), sinϕe=(1−λ) sinϕ0 and

T=(1− ρw
ρs
) ρm−ρs
ρm−ρw

. h1 and h2 are the landward and seaward sediment thicknesses, hc

is the salt thickness. T includes ρw, ρsed, and ρm, (the density of the water, sediment,

and mantle) and describes the effects of isostatic compensation. ka and kp describe

the tensile and compressive sediment strength using ϕe, the effective angle of friction

of the overburden, which in turn is a function of ϕ0, the internal angle of friction,

and λ=pf/p, the ratio of pore-fluid pressure to mean stress. This equation for the

condition for incipient failure of a continental margin system is independent of the

salt viscosity and salt density.

In the case of the PFB, the geometry of the Oligocene Gulf of Mexico is relatively

well known and densities of the sediments and mantle can be estimated. Equation 2.2

then yields a value for the sediment strength of the PFB at incipient failure. Figure 2.6

shows the sediment thickness required for margin failure plotted against effective

strength of overburden (displayed as effective angle of friction ϕe or pore-fluid pres-

sure ratio λ) for different salt thicknesses. h2 is chosen to be 4.5 km, ρw=1000 kg/m3,

ρs=2300 kg/m3 and ρm=3300 kg/m3. The region below each curve (small h1 and large

ϕe) represents stable systems; the region above each curve marks settings where sed-

iment thickness h1 is high enough and overburden strength low enough to destabilize

the continental margin system.

If the Oligocene shelf thickness is estimated to be 10±1 km (Figure 2.2a) at the

time of failure and the initial salt thickness was between 2 and 3.5 km, the corre-

sponding sediment strength is given by effective angles of friction of ϕe=5-6.4◦. This

range represents the maximum strength for which folding of a 4.5 km thick overburden

was possible with the assumed geometrical configuration. The values of ϕe=5-6.4◦

correspond to pore-fluid pressure ratios of 0.73-0.79 for sand (ϕ0=25◦). These values

are significantly higher than hydrostatic pore-fluid pressures (λ≈0.43) but are gen-

erally not unusual for large sedimentary basins (Huffman and Bowers , 2002). Also,
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effective angles of friction for shales rich in low-friction clay minerals are often 10◦

or lower. The values of ϕe=5-6.4◦ resulting from the limit analysis are regarded as

a mean value for the entire section averaging over different lithologies and pore-fluid

pressure regimes.

The limit analysis describes a simplified salt-bearing continental margin system

and omits the influence of several properties that are likely to have at least minor ef-

fects on the stability. For example, the calculations do not take into account thermally

induced tilt of the margin, finite extent of the salt basin, variable salt thickness or

lateral and vertical variations of sediment properties (e.g. composition, compaction,

or variations in pore-fluid pressures). The thermal tilt of the margin, which adds a

downslope gliding term to the force balance, is considered to be negligible for the cur-

rent application because the limit analysis is applied to the distal, seaward, part, of

the margin (Figure 2.2) in the vicinity of the PFB, a region that will have undergone

mainly uniform thermal subsidence.

The limit analysis only describes the state of failure but does not apply to the

subsequent phases of gravity spreading and deformation. The immediate post-failure

velocity of the sliding overburden can, however, be estimated by including the traction

force Fc exerted by the salt on the base of the translating overburden. After failure,

any excess seaward force of the previously described forces (equation 2.1) will be

balanced by this traction force. Fc can be calculated assuming a simple Couette

(shear) flow in the salt layer of uniform thickness (Gemmer et al., 2004, 2005):

Fc = −η
vc
hc

L and vc = −Fc hc

η L
, (2.3)

where vc and L are the velocity and length of the translating overburden. This equa-

tion shows that overburden translation and associated deformation occur in general

faster over unstable regions that are narrow (small L) with thicker or less viscous

(large hc or small η) salt.

The outcome of the limit analysis shows that gravity spreading alone can be

responsible for the formation of the PFB. If overburden sediments were sufficiently

weak, no crustal tectonics (Wilson, 2003) need be involved to fold the 4.5 km thick

overburden. In the next section, we apply the constraints on the material properties

derived above and investigate the evolution of Perdido-type fold belts using finite
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element models.

Figure 2.6: Results of limit analysis for margin stability applied to Oligocene-type
setting in the northwestern Gulf of Mexico. Sediment thickness required for margin
failure is plotted against effective strength of overburden (displayed as effective angle
of friction ϕe or pore-fluid pressure ratio λ) for different salt thicknesses. The internal
angle of friction of a dry sediment overburden is set to ϕ0=25◦. Additional param-
eters that enter the equation for margin stability are h2=4500m, ρm=3300 kg/m3,
ρs=2300 kg/m3, and ρw=1000 kg/m3. For a given landward sediment thickness of
10±1 km at incipient failure, the overburden strength needs to be reduced by moder-
ate to high pore fluid pressures (0.73<λ< 0.8) to effective strengths of (5◦<ϕe < 6.4◦).

2.4 Finite Element Numerical Modeling

We use 2D mechanical finite element models to investigate the evolution of salt-

cored fold belts on a passive continental margin. The models describe plane-strain,

incompressible, viscous-plastic fluid flow (Fullsack , 1995; Willett , 1999). Deformation

is governed by the equation of motion (conservation of momentum, no inertial forces)

and the equation for conservation of mass, which, for incompressible flow, can be

written as the divergence of the velocities.
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∂p

∂xj

+
∂σij

∂xi

+ ρ gj = 0 i, j = 1, 2 (2.4)

∂vi
∂xi

= 0 (2.5)

where summation is implied over repeated indices, p is the mean stress, x1 and x2

are the spatial dimensions, ρ is the density, and g is the gravitational acceleration

acting in the j = 2 direction. σij is the stress tensor that relates to strain rates by

the constitutive law for viscous deformation

σij = p δij + 2 ηe ε̇ij (2.6)

where δij is the Kronecker delta, ηe is the effective viscosity, and ε̇ij is the strain rate

tensor defined by

ε̇ij =
1

2

(
∂vi
∂xj

+
∂vj
∂xi

)
. (2.7)

ηe is constant for linear viscous materials and stress-dependent for non-linear vis-

cous materials. The velocity-based equations (2.4) and (2.5) are then solved using

finite element techniques (Fullsack , 1995). Behavior of frictional-plastic material is

characterized by a threshold value of stress below which no deformation occurs and

at which plastic deformation sets in. This yield stress is approximated for brittle

material (such as sedimentary rocks) by the Drucker-Prager yield criterion, which is

equivalent to the Coulomb criterion for incompressible, plane-strain deformation

√
J ′
2 = p (1− λ) sinϕ0 + C cosϕ0 (2.8)

where J ′
2 = 1

2
σ′
ij σ

′
ij is the second invariant of the deviatoric stress (

√
J ′
2 is the yield

stress), λ is the pore-fluid pressure ratio, ϕ0 is the internal angle of friction and C is

the cohesion. The effects of pore-fluid pressure can be considered to be included in

an effective angle of friction sinϕe=(1− λ) sinϕ0. The plastic flow at yield can again

be described by equations (2.4) to (2.7) with a stress-dependent effective viscosity

ηe =
1

2

√
J ′
2

İ ′2
(2.9)
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where İ ′2 =
1
2
ε̇′ij ε̇

′
ij is the second invariant of the deviatoric strain rate (Willett , 1999).

The calculations use an Arbitrary Lagrangian-Eulerian (ALE) method in which

computations are made on an Eulerian grid that stretches vertically to adapt to the

evolving model geometry. The material properties are tracked and updated using a

set of moving Lagrangian particles. This approach allows calculations to be made for

very large deformation.

Material density can be constant (as used for salt) or burial-dependent (as used

for compacting sediments). For compacting material, a new density is calculated each

time step for each element depending on its burial depth z (Korvin, 1984).

ρsed = ρg − (ρg − ρw) Φ0 e
−c z (2.10)

where ρsed, ρg, and ρw are the densities of the sediment, the grain matrix, and the

pore fluid, respectively, Φ0 is the initial surface porosity and c is the compaction

coefficient. Densities increase with burial but do not decrease during exhumation.

In order to account for mass loss as fluid is expelled, the volume of each element

decreases kinematically by vertical contraction as the density increases. It is assumed

that expelled fluids are lost from the system. Horizontal compaction likely also occurs

in the natural systems, but it is not taken into account. Effects of compaction on

sediment strength or coupling with pore-fluid pressures are not included.

The numerical models presented here are applied to a continental margin setting in

which a layer of salt is overlain by pre-existing and prograding sediments. The entire

system is submerged under water. The weight of the water column is calculated as a

force acting normal to the seafloor, thereby increasing the solid and fluid pressures of

the model materials. Isostatic adjustment is calculated by assuming a flexural elastic

beam at the base of the model and an underlying inviscid fluid with density ρm.

The model bathymetry z0 (the profile of the continental margin) is given by a

half-Gaussian shape defined by the total increase in water depth across the margin

hw, the width of the slope region w, and the location x0 of the edge of the shelf.

z0(x) =

{
0 x ≤ x0

hw exp (−(x−x0

w
)2) x > x0

(2.11)
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Sedimentation is treated kinematically by progradation of this slope profile with a

prescribed velocity vprog and corresponding filling of accommodation space below the

profile with sediments.

2.5 Reference Model

2.5.1 Design of Reference Model

A reference model (model R-0) was designed to represent a simplified, prototype

version of the Oligocene northwestern Gulf of Mexico continental margin in which

gravity spreading leads to the formation of a fold belt at the end of the autochthonous

salt basin. Modifications of the reference model are then used to test the sensitivity

of the fold belt evolution to variations in different parameters (overburden strength,

salt viscosity, initial salt geometry, etc.). The starting configuration of the reference

model is shown in Figure 2.7.

Figure 2.7: Design of reference model R-0. Frictional-plastic sediments overlie a
200 km-wide, 3 km-thick salt basin. The model includes prograding sedimentation,
sediment compaction, parametric effects of pore-fluid pressures, isostatic adjustment,
and the loading effects of the water column. For a full list of model parameters and
their discussion see section 2.5 and Table 2.1.

A list of all relevant model parameters is given in Table 2.1. The salt basin

width of 260 km is regarded as a conservative estimate of the actual extent of the au-

tochthonous salt and here represents the residual width of the autochthonous Louann

Salt remaining at the time when the PFB formed. The initial salt thickness is set to
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Figure 2.8: Average compaction trend for sediments in the Gulf of Mexico used
in the numerical models. Curve simplified from Jackson and Talbot (1986) with
sediment density defined as ρsed=ρg − (ρg − ρw) Φ0 exp(−cz), where grain density
ρg=2500 kg/m3, pore fluid density ρw=1000 kg/m3, initial porosity Φ0=0.4 and com-
paction coefficient c=0.0007m−1. z is burial depth.

3 km with tapering at approximately 2.5◦ in the distal end, according to reconstruc-

tions by Trudgill et al. (1999) (section 2.2 and Figure 2.4). These reconstructions

involving highly mobile salt are difficult and often inaccurate, but in absence of bet-

ter constraints we use these values for the starting configuration. In the strict sense,

the material underlying the sediments represents interlayered evaporites, not neces-

sarily only halite. We model halite with a linear viscous rheology, which is a good

approximation for deformation under low strain rates (Urai et al., 1986). Its effective

viscosity is known from lab experiments to lie between 1016 and 1019 Pa s (van Keken

et al., 1993; Ter Heege et al., 2005) where lower values represent weaker (wetter) salt.

We use an intermediate value of 1018 Pa s. Salt density is 2200 kg/m3 (Jackson and

Talbot , 1986).

An initial sediment cover of 4.5 km (thickness of pre-kinematic, Jurassic-Oligocene

section of the PFB) across the entire salt basin is considered to result from earlier

(aggradational) deposition. Sedimentation during the model evolution is prescribed

by the seaward prograding half-Gaussian profile (equation 2.11) with a slope width

of w=100 km and a maximum water depth of just below 3 km. This value is inter-

mediate between present-day water depths of 2-3 km and water depths at the end

of the Cretaceous estimated to be 4-5 km in the deep Gulf of Mexico (Winker and
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Buffler , 1988). The slope profile is located outside the model domain in the starting

configuration and progrades onto the salt basin at a rate of 0.5 cm/a, slightly higher

than the Cenozoic average of 0.4 cm/a (Galloway et al., 2000). With this choice of

parameters the maximum sediment thickness in the numerical models matches the

observed maximum thickness of 16 km in the Gulf of Mexico (Figure 2.2b).

Sediment strength is based on the results of the limit analysis of section 2.4. An

effective angle of friction of ϕe=5◦ (ϕ0=25◦, λ=0.8) predicts gravity spreading to

occur. Cohesion is considered negligible by comparison with the frictionally sustained

stresses. Material laterally enclosing the salt basin does not compact. It represents

either synrift sediments, that are already fully compacted, or crustal basement, which

does not compact. Its density is set to 2500 kg/m3. The 4.5 km thick overburden as

well as the sediments deposited during the model evolution compact, following a

depth-dependent density curve which was obtained from several well data sets from

the Gulf of Mexico (Figure 2.8) (Jackson and Talbot , 1986). The resulting average

compacted densities of a 4.5 and a 16 km thick section are 2320 and 2450 kg/m3,

respectively.

Lithosphere below the salt basin only influences the isostatic compensation. The

flexural rigidity of D=1022Nm represents relatively stiff lithosphere corresponding to

values estimated from old, passive continental margins (Watts , 2001). For simplicity,

lateral variations in crustal thickness (or equivalent variations in flexural rigidity) are

not accounted for. The effect of a thinner, extended crust, as expected in the distal

area of the passive margin, would be a slightly larger water depth.

2.5.2 Evolution of the Reference Model

Figure 2.9 shows three key stages in the development of the reference model R-

0. The entire model evolution can be seen in the supporting electronic material

(modelR0.mp4)1. During the first 24Ma sediments simply prograde, building up a

continental slope and differential load across the margin. Once the sediment thickness

reaches approximately 10 km, overburden failure and translation of the central part of

the sedimentary unit are observed (Figure 2.9a). An extensional growth fault basin

evolves landward while the seaward region develops gentle sinusoidal detachment

1Supplementary material is provided as electronic attachments and is described in Appendix D.
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Table 2.1: Input parameters for numerical models. Values given are those used in
reference model R-0.
Parameter Symbol Value

Sediment
initial (distal) thickness h2 4.5m
maximum thickness

h1 13 km
above initial salt level

sediment density (non-compacting) ρsed 2500 kg/m3

sediment density (compacting) ρsed ρg − (ρg − ρw) Φ0 exp(−cz)
sediment grain density ρg 2500 kg/m3

pore-fluid and water density ρw 1000 kg/m3

initial porosity Φ0 0.4
compaction coefficient c 0.0007m−1

burial depth z
internal angle of friction ϕ0 25◦

pore-fluid pressure ratio λ 0.8
effective angle of friction ϕe 5◦

Salt
initial width of salt layer wsalt 200 km + 60 km taper
initial thickness hc 3 km
initial taper angle α 3◦

density ρsalt 2200 kg/m3

viscosity η 1018 Pa s
Lithosphere

density ρm 3300 kg/m3

flexural rigidity D 1022 Nm
Progradation Profile

width w 100 km
max. height hw 3 km
progradation velocity vprog 0.5 cm/a

Finite Element Grid
width 400 km
number of elements (horizontal) 800 (each 500m wide)
number of elements (vertical) 88
basement 2
salt 20
sedimentary overburden 66
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folds (Figures 2.9b and 2.10a). As these folds shorten, fold limbs steepen and shear

(Figure 2.10b). The detailed nature of these narrow zones of deformation in between

individual folds cannot be determined with the current model resolution. They might

represent kink bands, shear bands or a continuum mechanics approximation of thrust

faults, but will here be referred to as kink bands because they resemble the narrow

deformation zones of the PFB (Camerlo and Benson, 2006). (Figures 2.10b and 2.10c,

section 2.5.3). Ongoing shortening is ultimately absorbed in a single thrust fault at

the pinch-out of the salt (Figure 2.9c). The rolling hinge in this model evolves without

large-scale faulting, as in the similar laboratory model (Ge et al., 1997) but would

result in extensive fracturing of the pre-kinematic layer.

2.5.3 Comparison of Reference Model to the PFB

Figure 2.10 shows a comparison of two seismic sections from the PFB with an equiv-

alent section from the reference model R-0. Both show very similar fold belts but

differ in the timing of folding and amplitude of the folds.

Shape and Wavelength of Folds

The wavelengths of the early detachment folds of the model vary laterally across the

salt taper region, and decrease from 20 to 12 km (Figure 2.10a). The later stage of

the model evolution (Figure 2.10b) as well as the seismic cross section of the PFB

show triangular to trapezoidal folds bounded by narrow, kink band-like deformation

zones. The width of the triangular plugs between two conjugate kink bands is larger

in the model fold belt than in the PFB, and is partly related to different dip angles of

the kink bands. Deformation in the model sediments always localizes at angles of 45◦

to the principal stresses owing to their incompressibility. They will therefore dip close

to 45◦ assuming horizontal and vertical principal axes, whereas the kink bands of the

PFB dip at approximately 55-60◦. Despite these differences, the average wavelength

that includes the folded and the relatively undeformed sections in between individual

pairs of kink bands is similar. Again, it should be noted that the seismic line of

Figure 2.10c is slightly oblique to the fold axis of the PFB (section 2.2.1).
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Figure 2.9: Evolution of reference model R-0 at different stages of gravity spreading
showing the formation of a 70 km wide fold belt. Ages denote model run time, ages
in brackets denote time since onset of gravity spreading. (See also animation mod-
elR0.mp4 of auxiliary material.) VE denotes vertical exaggeration. The grayscale
(colorscale for animation) shows the chronostratigraphy in 5Ma major bands, each
divided into 1Ma sub-bands. Same coding is used in later figures. Labels in marked
details refer to Figures 2.10a,b.
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Figure 2.10: (a) Early evolution of the fold belt of model R-0 (reference model) with
sinusoidal detachment folds. (b) Fully developed model fold belt with kink-banded
folds and comparison to (c,d), seismic sections of PFB from Rowan et al. (2000) and
Camerlo and Benson (2006). See text for further discussion. Ages denote model run
time, ages in brackets denote time since onset of gravity spreading.



43

Inflation and Taper Angle

In both the PFB and model R-0 the underlying salt layer inflates during the evolution

of the fold belt (Figures 2.9c and 2.10b). Both taper angles are about 5◦. Model R-0

started with an initial taper angle of 3◦ (Figure 2.7), hence the inflation only amounts

to 2◦. A similar evolution has been suggested for the PFB (Figure 2.4) (Trudgill

et al., 1999), where an initial taper of the salt of 2.5◦ was present prior to folding.

The present horizontal position of the salt base was attributed to the isostatic effect

of the post-kinematic sediment wedge.

Amount and Rate of Shortening, Timing

Deformation in the model fold belt starts as folding at the seaward salt pinch-out.

It spreads within 3-4Ma to its maximum width, forming a 70 km wide fold belt

(Figures 2.9b and 2.10a). This length correlates roughly with the width of the salt

taper region and may result because the thinning layer reduces the salt flow and

exerts additional traction on the overburden. However, as is shown in the following

section, the fold belt is generally not restricted to the salt taper width.

The early fold belt consists of low-amplitude, sinusoidal detachment folds (Fig-

ure 2.10a). Kink band formation along the fold limbs starts approximately 6Ma

after onset of deformation. Folds continue to grow for another 14Ma after which all

shortening localizes in the single distal thrust (Figure 2.9c). The modeled fold belt

develops in about twice the time as the natural system (20Ma vs. ∼10Ma). The

amount of shortening accommodated in the model fold belt is approximately 11 km.

This corresponds to 16% shortening across the 70 km wide fold belt and is similar to

the 5-10 km shortening stated for the PFB. Although the total shortening is similar,

the amplitude of the folds is only 0.5-1.5 km compared to the 2.5 km in the natural

system. This indicates that a significant amount of shortening is accommodated in

the model by pure-shear thickening. The modeled fold amplitudes at the top of the

deformed section are approximately three times smaller than at its base (0.5 km vs.

1.5 km). This disparity can be attributed to the different density contrasts along

the fold interfaces, which either counteract or enhance fold uplift, and also indicates

pure-shear deformation.
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2.6 Variations of Reference Model

Despite discrepancies in fold amplitude and timing, the numerical models proved to be

capable of developing a Perdido-type fold belt and in this section we will investigate

which parameters determine the style and timing of this fold belt.

The sensitivity of the model R-0 to parameter variations was tested in order to

understand the effects that these parameters have on the deformation and evolving

structures. These sensitivity tests can be used to better constrain aspects of the

original setting of the northwestern Gulf of Mexico.

2.6.1 Sediment Strength

The effective sediment strength of the reference model (ϕe=5◦) is a parameter derived

from the limit analysis and can be interpreted to represent sand (ϕ0=25◦) under

moderately high pore-fluid pressures (λ=0.8). The limit analysis only provides a

guide to system behavior and cannot be applied to the numerical models accurately.

Nevertheless, the effects of variations in overburden strength, which are predicted by

the analytic calculations to result in stable or highly unstable conditions, can also be

observed in the numerical models.

Figure 2.11 shows three models with different effective sediment strengths. An

effective sediment strength noticeably higher than in the reference model, achieved

by reducing λ, (e.g. model R-S1, λ=0.7, ϕ0=25◦, ϕe=7◦), leads to a stable system

(Figure 2.11a). The models exhibits no landward failure and no gravity spreading.

The compacting overburden, which is denser than the salt, still sinks into the sub-

stratum, displacing the salt and thereby inflating the distal part of the basin. But

no horizontal movement of the overburden takes place. When the effective sediment

strength is only slightly larger than in the reference model (e.g. model R-S2, λ=0.75,

ϕe=6◦, Figure 2.11b), failure again occurs but the gravity spreading velocity is lower

(<0.1 cm/a vs. 0.3 cm/a). In this case, for the same period of time less shortening

occurs than in the reference model and the lateral extent of the fold belt is much nar-

rower, about 30 km across, comprising only 2 anticlines. Models with lower effective

sediment strengths than in the reference model (e.g. model R-S3, λ=0.9, ϕe=2.5◦,

Figure 2.11c) fail and start to deform at a lower landward sediment thickness and
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develop with higher spreading velocity (0.5 cm/a vs. 0.3 cm/a) than in the reference

case. This leads to a wider fold belt with higher amplitude folding. Also, individual

synclines detach from the surrounding folds and sink into the underlying, less dense

salt creating ‘pop-down’ structures. Given these results, a model with λ ∼ 0.85 will

provide the best match to the geometry and duration of folding observed for the PFB.

2.6.2 Slope Width

The width of the prograding slope of the continental margin and the corresponding

steepness of the continental slope at Oligo-Miocene times are poorly constrained from

the seismic cross-section of the Gulf of Mexico (Figure 2.2). A sensitivity analysis was

used to determine how the progradation width w (the continental slope width) influ-

ences the model evolution and in order to assist the reconstruction of the conditions

during formation of the PFB.

A model with a wider (and less steep) slope than in the reference model (model R-

W1, w=150 km, Figure 2.12a) deforms significantly slower (<0.1 cm/a vs. 0.3 cm/a)

and develops a much shorter fold belt. The full extent of the fold belt is reached

>10Ma after onset of deformation. A margin that is half as wide and therefore

steeper than in the reference case (model R-W2, w=50 km, Figure 2.12b) develops

higher spreading velocities (0.5 cm/a vs. 0.3 cm/a) and is more unstable than model

R-0. Already, only 2Ma after onset of deformation the fold belt width has reached

its full extent, which is almost twice as large as the extent of the fold belt in the

reference model.

2.6.3 Salt Viscosity

Salt viscosity is not a tightly constrained parameter. It may vary by orders of magni-

tude among autochthonous, allochthonous, wet and dry salt (van Keken et al., 1993;

Ter Heege et al., 2005). Figure 2.13 shows a panel of model R-V1 with a salt viscosity

of 1019 Pa s, ten times higher than the reference model’s salt viscosity. Here, a fold

belt forms at the toe of the slope in the central part of the salt basin and gradu-

ally propagates seaward. As the limit analysis (section 2.4) shows, the criteria for

gravity spreading of a continental margin system is independent of the salt viscosity.
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Figure 2.11: Results from numerical models R-S1, R-S2, R-S3 with varying pore-fluid
pressure ratios λ. Ages denote model run time, ages in brackets denote time since
onset of gravity spreading. (a) Model R-S1 with moderate pore-fluid pressures (high
sediment strength) develops no gravity spreading. (b) Model R-S2 with slightly higher
pore-fluid pressures than model R-0 develops gravitational spreading, deformation
occurs more slowly and over a narrower contractional region than in the reference
case. (c) Model R-S3 with higher pore-fluid pressures (weaker sediments) shows
earlier and faster deformation over a wider contractional region than in model R-0.
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Figure 2.12: Results from models R-W1 and R-W2 with varying width of the slope
region of the margin. Ages denote model run time, ages in brackets denote time since
onset of gravity spreading. (a) Model R-W1 with a 50% wider slope than in the
reference model shows slower deformation and a narrower fold belt. (b) Model R-W2
with a half as wide slope as in the reference model develops faster deformation of the
overburden and a wider fold belt.
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However, it directly controls the post-failure velocity and length scale with which

the overburden translates seaward owing to the basal traction force exerted by the

Couette flow (equation 2.3).

The Couette drag force Fc = η vc L/hc is theoretically the same in both models

R-0 and R-V1 since it must equal the sum of the forces described in equation (2.1),

which depends only on the system parameters that are the same in both models.

The larger viscosity η of model R-V1 must therefore be compensated by a smaller

translational velocity vc and a smaller length scale L (with hc being constant). This

is observed in the model evolution (Figure 2.13), where only the landward part of the

overburden is translated and deformed. In addition to slowing down the horizontal

salt movement, the vertical salt movement is also restricted by higher salt viscosity.

Pop-down structures are less prone to sink into the higher viscosity underlying salt

layer than into the less viscous material in the reference model, and allochthonous

salt structures will also be less likely to evolve.

Figure 2.13: Results from model R-V1 with ten times higher salt viscosity than in the
reference model R-0. Ages denote model run time, ages in brackets denote time since
onset of gravity spreading. Folding initiates at the toe of the slope and propagates
seaward across the entire salt basin, whereas deformation in the reference model starts
and remains close to the salt pinch-out.

2.6.4 Salt Geometry and Thickness

The orientations of basement steps parallel to the trend of the fold hinges of the PFB

suggest that the geometry of the salt basin may have had a significant influence on

fold belt evolution (Trudgill et al., 1999). In order to test the effects of basement
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steps on timing and style of fold belt formation, the geometry of the distal end of

the salt basin is varied (gradual and steep tapers, basement steps). We illustrate the

effects using model R-G1 (Figure 2.14). Here, the salt abruptly thins over a basement

step from the nominal 3 km thickness to 500m, 60 km landward of the salt pinch-out.

Folding first localizes where the salt layer thins, then rapidly propagates seaward

above the thin salt layer within ca. 1Ma. Fold wavelengths are similar throughout the

fold belt since both salt and overburden thickness are constant in this region. As this

model evolves, the originally sinusoidal folds continue to shorten and fold limbs again

steepen to form kink bands. The fold amplitude is restricted by the salt thickness.

Once synclines ground, fold growth ceases. Continued sediment progradation squeezes

the salt basinward. Salt flow is, however, restricted by the basement step and thinned

salt layer and inflates only the landward part of the distal section (Figure 2.14c). As

a result, the landward region of the fold belt is more strongly uplifted and tilted

than the remaining seaward region. Accordingly, a bend develops in the fold belt.

Models with thinner distal salt layers (not shown here) develop a steeper tilt of the

landward fold belt section, leading to a stronger bend of the fold belt. The bend in

the fold envelope observed in seismic data from the PFB (Figure 2.3b) may therefore

be explained by the presence of very thin salt beneath the fold belt at the time of

salt inflation.

In summary, basement steps that abruptly decrease the salt thickness do not delay

the folding of the sediments above the distal end of the salt basin but localize the

deformation above this region. Thin salt inhibits fold growth and salt inflation.

2.6.5 Sediment and Salt Density

The compaction of sediments, which is included in all models presented here, assists

in pushing the margin toward failure and additionally results in increased deformation

rates relative to cases of non-compacting sediments. For a given difference in thickness

between shelf and deep-water sediments, the differential load of compacting sediments

becomes larger than in a non-compacting system. This in turn also means that

the shelf sediment thickness required to cause margin failure will be reduced to a

value smaller than the values obtained from the limit analysis (section 2.4) for which

sediments of uniform density were assumed.
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Figure 2.14: Results from model R-G1 with single basement step thinning the salt
from 3 to 0.5 km for the distal 60 km. Ages denote model run time, ages in brackets
denote time since onset of gravity spreading. Folding localizes at the basement step
and folds develop synchronously in the sediments above the thinner salt section.
Symmetric folds of equal wavelength evolve, turning into kink-banded folds. Salt
inflation is strongly inhibited by the basement step and abrupt thinning of the salt
layer and is restricted to the vicinity of this step, leading to a strong bend in the fold
belt.
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The density of salt may also vary and takes values closer to 2150 kg/m3 with in-

creasing temperatures at greater depths (Jackson and Talbot , 1986). Although these

variations in absolute salt density may only be minor and will not affect the system

in regard to lateral translation, the density relative to the overlying sediments deter-

mines the buoyancy force which can play a crucial role for vertical salt movement.

From model experiments with varying salt densities (not shown here), it was observed

that the different density contrasts had almost no effect on the lateral movement of

the overburden, the fold amplitudes and the fold belt extent during the early phases of

gravity spreading. An increased density contrast did, however, enhance sinking of the

pop-down structures, thereby increasing the overall shortening rate slightly. As dis-

cussed in section 2.7, increased shortening together with enhanced buoyancy force can

lead to expulsion of salt from the autochthonous level. Development of allochthonous

salt structures also occurs in the reference model (with lower density contrast) but

at a much later stage when the overburden has undergone much greater shortening

(see movie modelR0 in the auxiliary material). The density contrast between com-

pacting sediment and salt appears to be key to the development of allochthonous salt

structures in this type of setting.

2.6.6 Effect of the Landward Canopy

The models described so far only address the problem of mobilization of autochthonous

salt beneath a thick overburden during sediment progradation. However, the condi-

tions landward of the PFB are more complex and the data (Figure 2.2) have been

interpreted to include an allochthonous salt (or possibly mixed salt/shale) canopy

which facilitated gravity spreading at a second, higher level, resulting in the forma-

tion of the Port Isabel fold belt.

The behavior of this multilayer system is clearly more complicated than our sim-

ple models. We address in section 2.7 one mechanism that may have been responsible

for the development of the salt canopy. Here, we are concerned with the effect of

the canopy on the horizontal force balance and gravity spreading system during fold-

ing of the PFB. We simplify the emplacement of the canopy by representing it as a

pre-existing salt layer above the main overburden layer (Figure 2.15) and investigate
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the evolution of this system during the same sediment progradation as in the refer-

ence model. The specific question is whether the modified system requires higher or

lower levels of pore fluid pressure to develop a Perdido-type fold belt than the simple

systems. Three different models were run with pore-fluid pressure ratios of 0.7, 0.8,

and 0.9. Similar to the sensitivity analysis presented in section 2.6.1, the model with

lowest pore-fluid pressure ratio λ is stable, the model with intermediate λ is unstable

like the reference model, and the model with λ of 0.9 deforms very rapidly.

Figure 2.15 (model R-C1) shows the evolution of a model with a 500m thick

secondary (allochthonous) salt layer and λ=0.8. Gravity spreading starts with the

earliest deposition of the prograding sediment wedge along the upper detachment level

and continues for 24Ma (Figure 2.15 a and 2.15 b). The salt of the autochthonous level

is squeezed seaward due to the load of the prograding sediment pile, creating a sag

of the upper detachment level. The growing differential thickness of the overburden

eventually leads to failure with respect to the lower salt detachment, initiating gravity

spreading of the full overburden column. The upper detachment then ceases to be

active. Figure 15 c and 15 d show the model 4Ma after onset of the second gravity

spreading, displaying again extension at the landward end of the autochthonous salt

basin and folding at the seaward end. This evolution is similar to that of the reference

model (Figure 2.9b), yet some differences occur. The shallow detachment level allowed

the sediment wedge to extend further basinward (by sliding), which resulted in a more

gradual transition from depleted to non-depleted salt. Accordingly the amount of salt

displaced is higher, leading to stronger seaward inflation, which in turn facilitates the

sinking of individual synclines (Figure 2.15c). The presence of the allochthonous salt

layer, a proxy for the canopy, profoundly modifies the stratigraphy and structure of

the model (compare Figures 2.9b and 2.15c). This change results in a geometry that

is similar to that shown in Figure 2.2 in which sediments in the region of the upper

level dip landward towards extensional faults, not mainly seaward as in the expulsion

rollovers of earlier models.
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Figure 2.15: Results from model R-C1 with a second salt sheet of 500m thickness
emplaced before model start and extending from 0 to 230 km. Ages denote model
run time, ages in brackets denote time since onset of gravity spreading at lower salt
level. (a) Model evolution at time of gravity spreading along upper detachment.
(b) Close-up of Figure 2.15a showing domains of translation and shortening. (c)
Model evolution at time of gravity spreading along lower detachment. (d) Close-up
of Figure 2.15c showing domains of extension and translation. See text for further
discussion.
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2.7 Evolution of the PFB in a Regional Context

2.7.1 Motivation

The evolution of the PFB has likely been affected by the landward-located allochthonous

salt structures (Figure 2.2). In addition, the fold belt’s evolution may be related to

the folding of the Jurassic to Cretaceous sediment carapace that extends for more

than 100 km landward of the Sigsbee Canopy. In this section, we investigate the way

in which the system may have evolved to produce both this wide-spread folding and

associated salt diapirs and canopies.

Three main concepts are used to explain the evolution of salt canopies. The

most common involves a set of diapirs that are squeezed and expel their salt onto

the seafloor. This concept may require early extension to form diapirs and requires

subsequent shortening. A second concept does not involve any extension or shortening

of the sedimentary section. It simply consists of a large salt body that is squeezed

by an expulsion rollover protruding into the salt (Ge et al., 1997; Rowan and Inman,

2005). Again, the squeezed salt escapes to the seafloor. The third concept involves

a purely contractional setting and, if necessary, erosion (Coward and Stewart , 1995).

As detachment folds above the salt layer are progressively shortened and tightened,

high local stresses develop along the fold hinges and allow the buoyant salt to breach

the anticlines and extrude to the sea floor. Examples of such contractional deep-water

diapirs have been reported from the Gulf of Lion (Vendeville and Gaullier , 2005) and

the Gulf of Mexico (Hall , 2002; Philippe et al., 2005). A wide domain of shortening

occupying most of the northwestern Gulf of Mexico salt basin has been interpreted

by Philippe et al. (2005), Guerin et al. (2006), as well as Radovich et al. (2007a). We

will focus on testing the third, fully contractional concept.

Three regional models RM-1 to RM-3 (Figure 2.16) were designed to investigate

the widespread folding in the deep-water Gulf of Mexico as well as the development

of diapirs and canopies in this compressional setting. They test three end-member

cases of a range of model conditions that cover a broad domain in parameter space,

indicated by the triangle of Figure 2.16. The variable parameters include the location

of toe-of-slope folding and associating diapirism (varying slope and salt basin width),

the amount of salt available (varying salt thickness and viscosity) and the presence
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of basement steps. The parameter choices may not completely bracket the conditions

of the natural system but they can help to predict the behavior of systems extending

in different directions of the parameter space.

2.7.2 Design of Models RM-1 to RM-3

Shortening and associated diapirism may have occurred in two places, the Sigsbee

Canopy, approximately 80 km landward of the salt pinch-out, and the Eocene paleo-

canopy, approximately 150-200 km landward of the pinch-out. To obtain shortening

in a more landward part of the salt basin than in the reference model we utilize

toe-of-slope folding as it developed in model R-V1 of section 2.6.3 (Figure 2.13). The

viscosity of 1019 Pa s used in model R-V1 has a high value, especially when consid-

ering allochthonous salt, which commonly consists mostly of halite. To achieve the

same high basal traction required for toe-of-slope folding we reduce the thickness of

the salt layer (equation 2.3).

In addition to varying salt viscosity and salt layer thickness, the models include

a range of salt geometries of the autochthonous salt basin, differing widths of the

progradation profiles, and a slightly lower salt density (2150 vs. 2200 kg/m3) than in

the earlier models (see section 2.6.5).

Model RM-1 (Figure 2.17) has a 260 km wide salt basin, which is 1 km thick over

200 km, and tapers seaward over the last 60 km. Salt viscosity (η=1018 Pa s) and width

of the slope profile (w=100 km) are as in the reference model R-0. The progradation

rate of the sedimentation profile (vprog=0.4 cm/a) is 20% less than in the reference

model. This velocity was chosen to ensure that sediment progradation is slow enough

to evacuate the salt underneath the shelf relatively efficiently. Lower progradation

rates cause the system to evolve more slowly and only marginally enhance the amount

of salt available for allochthonous salt structures.

Models RM-2 and RM-3 both have a salt basin of 360 km total width. This value

was chosen to agree with the corresponding estimated restored width of the detach-

ment level of the Cretaceous system (Figures 2.2a and 2.2b and section 2.2). The

width of the slope profile is set to w=50 km to allow toe-of-slope folding and associ-

ated diapirism to occur in the landward half of the salt basin. Sediment progradation

velocity is vprog=0.5 cm/a. Model RM-2 has a salt basin that is 2 km thick over 240 km
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and tapers over the remaining 120 km. Salt viscosity is higher than in model RM-1

(η=5×1018 Pa s) to ensure toe-of-slope folding. Model RM-3 has two basement steps,

one thinning the salt from 2 km to 1 km after 150 km, the second one thinning the salt

to 200m after 300 km, leaving the distal 60 km with a thin salt layer of uniform 200m

thickness. This configuration was chosen to investigate whether basement steps can

initiate or facilitate diapirism. The salt viscosity (η=3×1018 Pa s) is intermediate to

those of models RM-1 and RM-2.

The time of margin failure and onset of deformation in models RM-1 to RM-3

now either represents late Oligocene (when the formation of the Sigsbee Canopy is

considered) or early Paleogene (when formation of the late Eocene paleocanopy is

considered). The latter choice agrees with the Cretaceous timing of initial shortening

suggested by Philippe et al. (2005) and (Guerin et al., 2006) (Mesozoic-Paleogene)

and Radovich et al. (2007a) (early Paleogene).

Figure 2.16: Setup for models RM-1 to RM-3, designed to show the evolution of
allochthonous salt structures and basin-wide, propagating fold belts. The triangle in-
dicates that the models are covering a broad domain in parameter space, investigating
the location of toe-of-slope folding and associating diapirism (varying slope and salt
basin width), the amount of salt available (varying salt thickness and viscosity) and
the presence of basement steps.
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2.7.3 Evolution of Regional Models RM-1 to RM-3

All three models RM-1 to RM-3 undergo similar stages of deformation, but the or-

der in which these stages evolve varies somewhat (Figures 2.17-2.19). These stages

are salt evacuation from beneath the prograding slope and associated inflation far-

ther seaward, overburden failure and onset of gravity spreading causing toe-of-slope

folding, propagation of folds with eventual folding of the distal section (sinusoidal

folding followed by kinking), diapirism, and extrusion of salt into an allochthonous

sheet. These stages and their respective timings are summarized in Table 2.2. The

main differences between the models are the location of the allochthonous salt and its

evolution relative to fold belt propagation. In model RM-1, folding reached the end

of the salt basin before a diapir develops whereas in models RM-2 and RM-3 diapirs

form before the outermost 4.5 km of sediments are folded.

Toe-of-slope Folding

All three models develop toe-of-slope fold belts like model R-V1 (Figure 2.13), con-

firming that a range of salt thicknesses, viscosities and strain rates can collectively

produce the critical basal traction required to cause failure of the overburden at the

toe of the slope. Coeval extensional structures develop landward of the fold belt

where the autochthonous salt is efficiently evacuated.

In model RM-1 (Figure 2.17 and modelRM1.mp4 of the auxiliary material) the

folding that initiates at the toe of the slope propagates laterally toward the end of the

salt basin within 5Ma forming a 120 km wide fold belt. The sinusoidal detachment

folds tighten and develop kink bands after another 20Ma (Figure 2.17b).

In model RM-2 (Figure 2.18 and modelRM2.mp4 of the auxiliary material) the

folds propagate continuously for 17Ma to the salt pinch-out, forming a >250 km wide

fold belt. Ongoing shortening narrows the folds and forms first conjugate kink bands,

and later seaward leaning folds and thrusts (the latter shown in auxiliary material).

In model RM-3 (Figure 2.19) the deformation front does not propagate as con-

tinuously as in models RM-1 and RM-2 but quickly jumps to the basement steps

from where it spreads seaward. A >200 km wide fold belt forms within 21Ma. With

continuing shortening of the sinusoidal detachment folds, the distal overburden above
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Figure 2.17: Results from model RM-1 (thin salt basin). Ages denote model run time,
ages in brackets denote time since onset of gravity spreading. (See also animation
modelRM1.mp4 of auxiliary material.) (a) Model evolution at time of early toe-of-
slope folding. (b) Model evolution at time when entire distal section experiences
kinking. (c) Model evolution at time when diapir extrudes 100 km landward of salt
pinch-out. (d) Model evolution before folds become asymmetric.
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Figure 2.18: Results from model RM-2 (wide salt basin, narrow margin width). Ages
denote model run time, ages in brackets denote time since onset of gravity spreading.
(See also animation modelRM2.mp4 of auxiliary material.) (a) Model evolution at
time of early toe-of-slope folding. (b) Model evolution at time when diapir extrudes
200 km from salt pinch-out. The distal section is basically undeformed at this stage.
(c) Model evolution at time when distal section shows kink folding, and when the
first diapir coalesces with a second one.
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Figure 2.19: Results from model RM-3 (wide salt basin, two basement steps, narrow
margin width). Ages denote model run time, ages in brackets denote time since onset
of gravity spreading. (a) Model evolution at time of early toe-of-slope folding. (b)
Model evolution at time when diapir extrudes 250 km from salt pinch-out. The distal
section is basically undeformed at this stage. (c) Model evolution at time when distal
section shows folding, and when the first diapir coalesces with a second one. Note that
the canopy located above the basement step originated about 50 km further landward.
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the 200m thick salt layer develops seaward vergent kink bands and thrusts, omitting

the stage of symmetric kink-banded folds.

Position and Timing of Diapirs

All three models develop localized diapirs through the mechanism of breaching anti-

clines described in the beginning of this section. Quickly, within <2Ma, they pierce

through the 4.5 km thick overburden to the sea floor where they form allochthonous

salt sheets.

In model RM-1, with a narrower salt basin (260 km) and wider continental slope

(w=100 km), a diapir forms adjacent to a 100 km wide toe-of-salt fold belt, which

at this time already extends to the salt pinch-out (Figure 2.17c). The narrowing of

the diapir and salt extrusion through its feeder buffers shortening in the distal fold

belt for a period of 7Ma (Figures 2.17c and 2.17d). The salt sheet extends for about

35 km over the fold belt (Figure 2.17d) before the distal, kink-banded folds become

asymmetric. After this point we consider the amount of shortening in the system too

high to compare it properly to the northwestern Gulf of Mexico.

In models RM-2 and RM-3 with a wider salt basin (360 km) and narrower con-

tinental slope (w=50 km), the first diapir forms approximately 250 km landward of

the salt pinch-out (Figures 2.18b and 2.19b). At this stage, almost no deformation

has occurred above the distal end of the salt but sets in within a couple of million

years after the diapir formation. The evolving salt sheets of model RM-2 and RM-3

spread seaward and coalesce with a second diapir that forms 7 or 12Ma later, re-

spectively, and farther seaward (Figures 2.18c and 2.19c). In both models RM-2 and

RM-3 folding is not interrupted during the formation of diapirs or canopies.

Diapirs commonly coincide with basement steps. However, as model RM-3 shows

(Figure 2.19b), the localization of the initial diapir is not directly related to the

position of the basement step. Instead, the thinner salt seaward of the basement

step together with sinking synclines block the salt flow and cause anticlines to be

breached. Furthermore, once formed, diapirs undergo significant lateral translation

(Figures 2.19b and 2.19c) so that a diapir currently positioned close to a step does

not necessarily imply that the step created it.
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2.7.4 Discussion of Regional Models

Models RM-1 to RM-3 are only simplified dynamical evaluations of the folding and

breached anticline concept for the development of allochthonous salt. Nevertheless,

the results match the interpretation that a wide region of the carapace of Jurassic

and Cretaceous sediments landward of the PFB underwent diachronous folding in the

early Paleogene and that this folding propagated to the toe-of-salt region and created

the PFB, probably in the late Oligocene to Miocene (section 2.2.2 (Peel et al., 1995;

Philippe et al., 2005; Radovich et al., 2007a). The model results also demonstrate

that toe-of-slope folding and associated breaching of anticlines can create salt sheets

and canopies. The delay in deformation of the distal sediment cover relative to the

onset of gravity spreading (5, 15 and 21Ma, respectively in these models) mainly

results from the time required to propagate the fold belt from the toe of the slope

to the end of the salt basin. But the results also show that squeezing of diapirs and

evacuation of salt can buffer seaward deformation (by 7Ma in model RM-1) and may

have delayed folding of the PFB as proposed by Trudgill et al. (1999). Given several

diachronously evolving diapirs and varying sedimentation rates, the delay may have

been significantly longer than a few million years.

From a local perspective, model RM-1 very well reproduces a Sigsbee Canopy-

type evolution implied by the interpretations of Peel et al. (1995) and Radovich et al.

(2007a) (Figure 2.2a and 2.2b), in which the feeder of the salt sheet is located near the

distal end of the salt basin and the sheet spreads only approximately 30 km seaward

to overlie the fold belt. The diapir in model RM-1 reproduces the interpretation of

Radovich et al. (2007a) (Figure 2.2a), where salt directly extrudes from the underlying

anticlines.

From a more regional perspective, Models RM-2 and RM-3 demonstrate canopies

that develop in the salt basin’s center and spread for several tens of kilometers.

However, these models do not reproduce canopies that spread for >100 km or involve

large volumes of salt as observed in the northern and northeastern Gulf of Mexico

(Diegel et al., 1995).

Other limitations of the current regional models are: the short delay (ca. 2Ma)

between the diapirism and the terminal folding, instead of 10-15 Ma as observed;

the perhaps excessive folding required to breach an anticline, and; the requirement
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for weak sediments, implying high pore fluid pressures, which may be difficult to

sustain throughout folding. Despite these limitations it is possible that an Eocene

paleocanopy, on which the Port Isabel fold belt formed (Peel et al., 1995; Radovich

et al., 2007a) (Figure 2.2a and 2.2b), may have evolved in a setting comparable to

RM-2 (wide salt basin, landward-located toe-of-slope folding). The Sigsbee Canopy

now overlying the PFB may represent a later-stage second cycle of the same process

when sediments had prograded farther into the system (Figure 2.20). In summary,

folding and subsequent breaching of anticlines may be a viable mechanism for the

development of allochthonous salt sheets. However, this does not prove this mech-

anism operated in the landward part of western Gulf of Mexico, and the remaining

two concepts (section 2.7.1) must also be tested.

Table 2.2: Stages and timing of evolution of regional models RM-1 to RM-3. All
times are given relative to onset of gravity spreading.
Model Stage RM-1 RM-2 RM-3

shelf build-up, salt evacuation and inflation -38-0Ma -22-0Ma -22-0Ma
margin failure, onset of toe-of slope folding 0Ma 0Ma 0Ma
deformation of distal section

sinusoidal detachment folding 5-11Ma 17-26Ma 21-26Ma
kink band formation 11-28Ma 26-38Ma none
asymmetric folding, thrusting 36Ma and after 38Ma and after 26Ma and after

diapirism 28Ma 19Ma 19Ma

2.8 Summary and Conclusions

The results reported here are intended to be an assessment of the factors that con-

trolled the formation of the PFB specifically, plus an initial evaluation of the contrac-

tion and folding hypothesis for the precursor regional development of the northwestern

Gulf of Mexico. Because the evolution of the western Gulf of Mexico is complex, in-

volving several phases, of which the earlier ones have interpretational uncertainties,

we chose to work backwards through time. We started with a series of simplified

experiments designed only to investigate the formation of the PFB. We then varied

these models to test some of the possible conditions that may have existed prior to

folding of the PFB and finally considered the regional precursor phase to the PFB

folding.
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Figure 2.20: Conceptual model of possible evolution of fold belts and allochthonous
salt structures in the northwestern Gulf of Mexico. (a) After formation of an early
fold belt, salt extrudes through shortened anticlines. (b) Toe-of-slope folding has
propagated, formed a later, second fold belt and a second generation of allochthonous
salt develops seaward of the earlier one. The final scenario resembles the Miocene Gulf
of Mexico with the Port Isabel Fold Belt having formed above the Eocene paleocanopy
and the Sigsbee Salt extruding from the just forming Oligo-Miocene PFB (Figure 2.2).
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In sections 2.3 and 2.5 we addressed the requirements for failure and gravitational

spreading of a simplified representation of the Gulf of Mexico system in the vicinity of

the PFB. The limit analysis indicates that a system with an overall geometry similar

to the restored system, including a very thick (4.5 km) pre-kinematic overburden,

can fail under gravity if the overburden sediments are weak, with effective angles

of friction of ca. 5◦-6.4◦. This is interpreted as sediment weakened by moderate to

high pore-fluid pressures, depending on its internal, dry strength. Pore-fluid pressure

ratios λ would have to be as high as 0.73-0.8 for sand (internal angle of friction of

25◦). The result is independent of salt viscosity and relatively insensitive to variations

in salt thickness between 2 and 3.5 km.

The need for weak sediments, likely owing to high pore fluid pressures, is corrob-

orated by the results obtained from the finite element reference model R-0 and its

variations (section 2.5 and 2.6). Based on these results regarding failure conditions,

geometry and amount of shortening of the fold belt, as well as the duration of its

evolution, we estimate that the natural conditions are best matched when λ=0.85.

Episodic loss of fluid pressure may have occurred on short (e.g. seismicity) timescales

during deformation, through fault valving and other mechanisms, but this would

not prevent continued deformation if high pressures were restored on similarly short

timescales.

We also investigated (section 2.6) the consequences of different widths of the pro-

grading sediment wedge, the effect of different possible salt basin geometries, the

effect of variations in salt viscosity, and salt and sediment density. By comparison

with the reference model, narrower prograding continental slopes are more unstable,

leading to faster translation of the overburden and shorter folding events; higher vis-

cosity salt, (1019 Pa s vs. 1018 Pa s) causes folding at the toe-of-slope region instead

of the toe-of-salt region; the folding and fold belt geometry are somewhat sensitive

to the geometry of the distal salt basin, but less so than conceptual models suggest.

Similarly, anticipated natural variations of salt and overburden density and of the re-

sulting buoyancy force barely influence the fold belt development, except with regard

to the more efficient sinking of pop-down structures into a less denser substratum and

the breaching of anticlines.
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The simple models investigated in section 2.6 produce expulsion rollover geome-

tries (e.g. Figure 2.9) that are unlike the sedimentary geometry of the Gulf of Mexico

observed in the Oligo-Miocene strata (Figure 2.2). We showed (section 2.6.6) that

more realistic model geometries result when an additional upper salt layer is added

that mimics the inferred canopy that existed beneath this region. Model R-C1 un-

dergoes early detachment involving the upper-level system but later detachment and

deformation step down to the lower level resulting in the formation of a distal fold

belt. This behavior is similar to that inferred for this region of the Gulf of Mexico

and demonstrates how precursor phases of extension can have been partially buffered

by upper level shortening as seen in the Port Isabel Fold Belt. An important result

is that for gravitationally-driven failure to occur in R-C1-type models, the sediments

must be equally weak as those required in the earlier, simplified models. This means

that the existence of the upper level canopy does not modify the overall mechanics of

the system in regard to folding of the lower level.

The models of section 2.7 demonstrate that folding and subsequent breaching of

anticlines may be a viable mechanism for the development of allochthonous salt sheets,

such as the Sigsbee Canopy above the PFB. We also tested the concept of an earlier

phase of folding and breaching of anticlines (as seen in model RM-2) as the source of

the paleocanopy on which the Port Isabel Fold Belt formed (Figure 2.2). This would

represent an earlier cycle, similar to that occurring more recently in the Sigsbee

Canopy (Figure 2.20). This earlier cycle links back to model R-C1 in that it provides

a mechanism for the development and emplacement of the second salt layer used

in that model. However, the encouraging results of models RM-1 to RM-3 do not

prove that the mechanism of folding and breached anticlines operated in the landward

part of the northwestern Gulf of Mexico, and we need to evaluate the two competing

concepts (section 2.7.1). If the folding is shown to be more widespread, as suggested

by Radovich et al. (2007a), it implies that the development of the PFB is only the

last phase in the diachronous evolution of a giant submarine fold belt.

Limitations and successes of the model experiments and results also need to be

discussed. The limit analysis used here does not include an overall seaward tilt of the

system, which would occur if there was significant differential thermal contraction

across the region of interest. We have applied the limit analysis to the PFB and
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its adjacent region, which is at the outer limit of the rifted margin, where thermal

subsidence is likely to be relatively uniform and therefore would not induce a gliding

component. Application of the limit analysis to more landward parts of the system

should include a seaward tilt of the system but estimating its value will require re-

construction of the margin geometry corrected for the isostatic effects of sediment

loading.

All of the models assume uniform progradation rates for margin sedimentation

that are close to the observed average progradation rate of the edge of the shelf

during the Cenozoic until the end of PFB folding. However, it is known that there

were episodes of faster and slower progradation lasting millions of years (Galloway

et al., 2000). The progradation rate was waning during the initial PFB folding (late

Oligocene), reaching a relatively constant value, ca. 0.5 cm/a, in Miocene. There-

fore the results of the models used here for PFB folding are valid. However, early

episodicity will modify the salt tectonics and should be included in models of the

complete evolution of the margin. These major, long-term changes in sedimentation

rates will likely influence the development of allochthonous salt sheets by enhancing

salt expulsion during faster progradation and enhancing surface salt flow when the

progradation rate was slow.

The models include the effect of vertical sediment compaction on density and

volume. Horizontal compaction may be significant both before and during folding

and may account for part of the deficit in the shortening observed in the linked

extension-contraction systems. The partitioning of compaction between horizontal

and vertical cannot be investigated using the current model formulation.

Lastly, we answer the questions raised in section 2.1.

1. The analytic limit analysis discussed in section 2.3 demonstrates that a 4.5 km

thick fold belt can form by gravity spreading alone, provided that the sediments

have an averaged effective angle of friction of 5◦-6.4◦, implying that moderately

high pore-fluid pressures ratios of ca. 0.8 developed and were maintained during

deformation.

2. The numerical model experiments demonstrate that a Perdido-type fold belt

can form in a relatively short time interval (∼10Ma) if the system is relatively

unstable with translation velocities of ∼0.4 cm/a. Such velocities are consistent



68

with weak sediments with pore-fluid pressure ratios of ∼0.85. These veloci-

ties are also favored by moderate salt viscosity salt (1018 Pa s) and a narrow

continental slope.

3. The initial salt viscosity and geometry can have various effects on the evolution

of a Perdido-type fold belt. Thin or high viscosity salt causes folding to localize

at the toe of the continental slope as opposed to the toe of salt (model R-V1).

A tapering salt layer slows the flow of salt and leads to a more diachronous

evolution of folds than in the case of a uniform thickness salt layer (model R-0

vs. R-G1). Also, salt tapering decreases the wavelength of early sinusoidal folds

above the thinning salt. Moderate basement steps localize folding but do not

directly initiate diapirism in the models.

4. Salt inflation in the distal region occurs mostly during or after folding. The loads

of the prograding sedimentary overburden and of an extruding salt sheet both

squeeze the autochthonous salt seaward. Distal inflation is partly inhibited if

the salt is initially thin. This leads to slower propagation of the inflated section

and to a steeper angle of the tilted overburden.

5. Folding and extrusion of salt through breached anticlines appears to be a viable

mechanism for the expulsion of salt into allochthonous sheets and canopies

and is interpreted to have occurred at least locally below the Sigsbee Canopy.

If this mechanism was also responsible for the development of earlier, more

landward, allochthonous salt sheets, folding of the main overburden layer must

have developed diachronously at a regional scale, implying the system evolved

by toe-of-slope folding as in model RM-2. If correct, this means the PFB is

only the last phase in the development of a giant submarine fold belt.
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2.10 Appendix: Limit Analysis for Margin Stability

The limit analysis introduced in section 2.3 is derived and explained here. As shown

by Gemmer et al. (2004, 2005), the state of failure of the continental margin can

be captured by a balance of the horizontal forces acting on the system where these

forces take their maximum limiting values (Figure 2.5). The parameters used in the

following calculations to describe the continental margin setting are listed in Table 2.3

and depicted in Figure 2.21.

Figure 2.21: Geometry of schematic continental margin system underlain by a layer
of salt as used in limit analysis (see section 2.3 and Appendix 2.10). The terminology
is described in Table 2.3. Diagram is not to scale.

2.10.1 F1 and F2: Tensile and Compressive Forces

The Mohr-Coulomb yield criterion for non-cohesive, frictional-plastic behavior of the

overburden is used to calculate the limiting tensile and compressive stresses in a 2D
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Table 2.3: Parameters used in limit analysis for margin stability.
Symbol Parameter

Forces, Stresses and Pressures
F1 limiting tensile failure strength of the landward sediment overburden
F2 limiting compressive failure strength of the seaward sediment overburden
Fiso downslope (gliding) force owing to tilt of base that results from isostatic adjustment
Fp drag force exerted by Poiseuille flow in viscous layer
Fw water loading force, acting as buttress to seaward movement
Fc drag force exerted by Couette flow in viscous layer
σ1, σ3 maximum and minimum principal stress
σe effective stress, modified by effects of pore-fluid pressure
σ′ stress reduced by weight of overlying water column
σxx, σzz horizontal and vertical stress (i.e. weight of the overburden)
pf pore-fluid pressure
p mean stress
p′f pore-fluid pressure reduced by weight of overlying water column

p′ mean stress reduced by weight of overlying water column
pw pressure exerted by overlying water column

Geometry
h(x) thickness of overburden
x1, x2 location of tensile and compressive failure
h1=h(x1) thickness of overburden at location of tensile failure
h2=h(x2) thickness of overburden at location of compressive failure
hw(x) height of the water column relative to height at x1

hc thickness of salt layer
hm(x) thickness of lithospheric mantle relative to lowest point of sedimentary system

hm(x) thickness of mantle material expelled by overburden during isostatic adjustment
α1(x) slope of seafloor
α2(x) slope of base of the system

Material Properties
ϕ0 internal angle of friction
ϕe effective angle of friction, modified by pore-fluid pressure
λ pore-fluid pressure ratio
η viscosity
ρw density of water
ρs density of salt and sediment
ρm density of mantle

Others
g acceleration due to gravity
ka, kp factors describing the tensile and compressive sediment strength
R ratio of water and sediment density relative to mantle density
T factor including the material densities and effects of isostatic compensation
vc Couette flow velocity
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vertical section of frictional material overlying a viscous substratum.

σe1 − σe3 = (σe1 + σe3) sinϕ0, (2.12)

where σe is the effective stress, (the stress reduced by the pore-fluid pressure pf ,

σe=σ− pf ). The pore-fluid pressure is parameterized by its ratio to the mean stress.

For a sub-aqueous system, this definition is expanded and values relative to the pres-

sure of the overlying water column, pw, are used (Davis et al., 1983):

λ =
p′f
p′

=
pf − pw
p− pw

=
pf − pw

σ1+σ3

2
− pw

(2.13)

By using

sinϕe = (1− λ) sinϕ0 and (2.14)

σ′ = σ − pw (2.15)

equation (2.12) can then be rewritten as

σ1 − σ3 = (σ′
1 + σ′

3) sinϕe. (2.16)

We assume that the maximum principal stress in the tensile setting is the vertical

stress σzz, and the minimum stress is the horizontal stress σxx. In the compressive set-

ting, minimum and maximum stresses are oriented in the opposite way. By combining

equations (2.15) and (2.16) we then obtain:

σ′
zz − σ′

xx = (σ′
zz + σ′

xx) sinϕe (2.17)

σxx = ka σ
′
zz + pw, with (2.18)

ka =
1− sinϕe

1 + sinϕe

, (2.19)

σ′
zz = ρs g h(x) and (2.20)

pw = ρw g hw(x). (2.21)

The water depth at the location of compressive failure can be calculated using the

Airy model of isostasy and a simple geometric calculation
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(h(x) + hc) ρs + hw(x) ρw = hm(x) ρm (2.22)

hw(x) + h(x) + hc = h0 + hm(x). (2.23)

Given that a uniform layer of water exerts the same pressure on the landward and

seaward end of the system, it does not influence the horizontal force balance. The

effect of water reduces to the difference in depth hw(x1)-hw(x2). Therefore, by taking

hw(x1)=0, hw(x2) becomes the increase in water depth relative to the water depth at

x1. It follows:

h0 = (h1 + hc)
ρm − ρs

ρm
and (2.24)

hw(x) = R (h1 − h(x)) with (2.25)

R =
ρm − ρs
ρm − ρw

. (2.26)

hw(x2) = R (h1 − h2), (2.27)

d hw(x)

d x
= −R

dh(x)

d x
. (2.28)

To calculate the total horizontal force in the overburden at failure, we need to

integrate the horizontal stresses vertically throughout the overburden:

F1 =

h1∫
0

σxx, extension dh =

h1∫
0

ka σ
′
zz + pw(x1) dh =

1

2
ρs g ka h

2
1, (2.29)

with pw(x1) = 0. Similar calculations for the compressive region yield:

σ′
xx − σ′

zz = (σ′
zz + σ′

xx) sinϕe and (2.30)

F2 = −1

2
ρs g kp h

2
2 − ρw g hw(x2)h2 where (2.31)

kp =
1

ka
=

1 + sinϕe

1− sinϕe

. (2.32)
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2.10.2 Fp: Poiseuille-Flow Force

A Poiseuille flow is induced in a viscous layer by the pressure gradient exerted by

the overburden and by the slope of the viscous layer itself. The shear stress exerted

on the upper boundary of the viscous layer integrated over the whole failing section

gives the total horizontal force. The shear stress τp is a product of the viscosity η and

the velocity gradient:

Fp = −
∫ x2

x1

τp dx = −
∫ x2

x1

η
∂vx
∂zs

∣∣∣
zs=hc

dx (2.33)

where zs is the vertical coordinate in the salt layer, and vx is the horizontal flow

velocity of the salt. Assuming that the pressure changes gradually along the layer,

a thin-sheet approximation for the velocity distribution in a horizontal salt layer

(Lobkovsky and Kerchman, 1991) can be applied:

vx = − 1

2 η

d p

d x
zs (hc − zs). (2.34)

The pressure gradient d p/d x is written in terms of the lateral change in water and

overburden load and the local slope of the salt layer.

d p

d x
=

d (ρs g h(x) + ρw g hw(x))

d x
+ ρs g

d hm(x)

d x
with (2.35)

d hm(x)

d x
= −d (hw(x) + h(x))

d x
= −(1−R)

d h(x)

d x
. (2.36)

Combining equation (2.33), (2.34) and (2.35) using equation (2.28), the total Poiseuille

flow force is then:

Fp =
1

2
g R (ρs − ρw)hc (h1 − h2). (2.37)

2.10.3 Fiso: Downslope (Gliding) Force Owing to Isostasy

The landward tilt of the base of the system adds an extra gravity-induced downslope

(gliding) force to the system. This force is simply calculated by
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Fiso =

∫ x2

x1

FG sinα2(x) dx (2.38)

where

FG = ρs g h(x) + ρw g hw(x) and (2.39)

sinα2 ≈ tanα2 =
d hm(x)

d x
= −(1−R)

d h(x)

d x
. (2.40)

It follows that

Fiso = −1

2
ρs g (1−R) (h2

1 − h2
2)−

1

2
ρw g R (1−R) (h1 − h2)

2. (2.41)

2.10.4 Fw: Force due to Water Load

The water exerts a buttress force against the seaward movement of the overburden.

This force is the integrated pressure of the water column that acts on the overburden.

Fw =

∫ hw(x2)

hw(x1)

ρw g hw(x) dhw(x), and with equation (2.25)

Fw = −1

2
ρw g R2(h1 − h2)

2. (2.42)

2.10.5 Force Balance

At the point of failure the horizontal forces balance.
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0 = F1 + F2 + Fp + Fiso + Fw (2.43)

0 =
1

2
ρs g ka h

2
1

−1

2
ρs g kp h

2
2 − ρw g R (h1 − h2)h2

+
1

2
g R (ρs − ρw)hc (h1 − h2)

−1

2
ρs g (1−R) (h2

1 − h2
2)−

1

2
ρw g R (1−R) (h1 − h2)

2

−1

2
ρw g R2(h1 − h2)

2 (2.44)

To non-dimensionalize the equation we divide by 1
2
ρs g h

2
c , introduce h

∗
1=h1/hc, h

∗
2=h2/hc

and obtain

0 = h∗
1
2 ka − h∗

2
2 kp + (h∗

1 − h∗
2) (1−

ρw
ρs

)R

− (1−R) (h∗
1
2 − h∗

2
2)

− ρw
ρs

R
(
2 (h∗

1 − h∗
2)h

∗
2 + (1−R) (h∗

1 − h∗
2)

2 +R(h∗
1 − h∗

2)
2
)

= h∗
1
2 ka − h∗

2
2 kp + (h∗

1 − h∗
2) (1−

ρw
ρs

)R

− (1−R +
ρw
ρs

R) (h∗
1
2 − h∗

2
2)

= h∗
1
2 ka − h∗

2
2 kp + T (h∗

1 − h∗
2) + (T − 1) (h∗

1
2 − h∗

2
2) with (2.45)

T = (1− ρw
ρs

)R.

Solution of equation (2.45) for a given choice of density and geometrical parameters

gives the values of ka, kp and associated ϕe values that place the system at the verge

of failure.
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Chapter 3

Coupled Fluid Flow and Sediment Deformation in

Margin-Scale Salt-Tectonic Systems: 1. Development and

Application of Simple, Single-Lithology Models

This chapter has been published as “Gradmann, S., C. Beaumont, and S. Ings

(2012), Coupled fluid flow and sediment deformation in margin-scale salt-tectonic sys-

tems: 1. Development and application of simple, single-lithology models, Tectonics,

doi:10.1029/2011TC003033.” Reproduced by permission of American Geophysical

Union. Minor editorial corrections have been applied.

3.0 Abstract

A methodology is presented to model coupled fluid flow and deformation in rifted con-

tinental margin composite salt and siliciclastic tectonic systems; and we investigate

their compaction and overpressuring behavior associated with continental margin-

scale gravitational spreading. Compaction-driven Darcy fluid flow in clastic sedi-

ments is coupled through the effective pressure to their frictional-plastic yielding

and mechanical deformation. Viscous flow of underlying salt is independent of fluid

pressure. Numerical models are adapted to the Oligo-Miocene phase of large-scale

gravitational failure in the northwestern Gulf of Mexico, and represent the first study

of this system that includes dynamically evolving fluid pressures. Here we present

the methodology and prototype models with single uniform sediment lithologies and

simple parameterizations of their properties. The models serve to illustrate the inter-

actions among compaction, generation of fluid overpressure, and gravitational failure

and spreading. Mechanical and viscous compaction behavior of sandstone-type and

shale-type sediments are investigated. Results demonstrate that mechanical com-

paction can generate moderate overpressures in thick shale-type material, whereas
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high overpressures require viscous compaction. In sandstone-type material, only vis-

cous compaction can generate significant overpressures, though this requires tens of

millions of years. Changes in the stress regime during gravitationally driven deforma-

tion enhance compaction and overpressure. Although illustrative of the methodology

and basic processes, none of the prototype single-lithology models satisfactorily repro-

duces Oligo-Miocene fluid pressure and deformational regimes of the Gulf of Mexico.

Numerical models of layered sediments together with an improved formulation of vis-

cous compaction, presented in Gradmann and Beaumont (2012, Chapter 4), are more

successful.

3.1 Introduction

Fluid pressures play an important role in many geological processes. In particular,

they are inextricably linked to compaction in sedimentary basins and to the associ-

ated reduction of rock strength leading, for example, to gravity-driven tectonics on

continental margins, the subject of this paper. The interaction among fluid pressures,

local stress regime, mechanical failure, and deformation has long been recognized and

quantified (e.g. Terzaghi , 1936, 1943; Biot , 1941). However, it has only recently

been applied to large-scale tectonic problems (e.g. Mourgues et al., 2009; Ings and

Beaumont , 2010).

We investigate the role of pore-fluid pressure in the problem of large-scale, gravity-

driven salt tectonics on rifted continental margins, in which overpressured siliciclastic

sediments overlie viscous salt. Gravity spreading above salt layers has been observed

on many continental margins worldwide (Weimer and Buffler , 1992; Peel et al., 1995;

Demercian et al., 1993; Jackson, 1995) and has also been studied in analogue (Ge

et al., 1997; Fort et al., 2004; Vendeville, 2005; Krezsek et al., 2007) and numerical

experiments (Gemmer et al., 2004, 2005; Gradmann et al., 2009; Maxwell , 2009).

Earlier modeling of coupled fluid-mechanical systems applied to sedimentary basins

has focussed on fluid pressures in purely siliciclastic sedimentary systems (Mourgues

and Cobbold , 2003; Morency et al., 2007; Ings and Beaumont , 2010).

Our motivation is to improve on our earlier salt-tectonic research concerning for-

mation of continental margin salt-cored fold and thrust belts. Gradmann et al. (2009)

developed numerical models of the formation of the Oligo-Miocene Perdido Fold Belt
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in the northwestern Gulf of Mexico (Figure 3.1), in which constant pore-fluid pressure

ratios were specified a priori . It was demonstrated that a constant pore-fluid pressure

ratio of approximately λ=0.8 would have been necessary for vigorous Oligocene grav-

ity spreading. However, pore-fluid pressure ratios that are both high and constant,

i.e. spatially uniform, are not realistic and no consideration was given to the origin

and spatial or temporal development of the high fluid pressures.

We here investigate the development of pore-fluid pressures during sediment com-

paction, and the circumstances under which the associated reduction in sediment

strength leads to failure and gravitational spreading of the system. Furthermore, the

changes in stress that accompany deformation provide a feedback effect on compaction

and pore-fluid pressure generation. The Oligocene northwestern Gulf of Mexico is

chosen as our study area (Figure 3.1) because large-scale gravity spreading above salt

in this region was used in our earlier study (Gradmann et al., 2009) and because a

significant amount of previously published work is available for this system.

Gravity spreading of a continental margin-scale sedimentary wedge above a salt

substrate occurs when increasing differential stress in the sedimentary wedge causes

it to fail. This process is different from gravity gliding, which is activated by a slope

in the substratum, not by the differential load of the overburden. The detachment

surface of the deformation that occurred during the Oligo-Miocene in the northwestern

Gulf of Mexico is currently dipping landward (Figure 3.1a) and likely dipped this

way at the time of deformation. If this is true, the system deformed by gravity

spreading, not gliding. However, in both cases, deformation resulted in the formation

of an upslope (landward) domain of extension, a central domain of translation and a

downslope (seaward) domain of shortening (e.g. Letouzey et al., 1995; Rowan et al.,

2004; Vendeville, 2005). A weak substrate such as salt or shale can reduce the basal

friction and therefore act as a potential décollement. The décollement of a salt-based

system will be governed by viscous flow as opposed to frictional detachment in highly

overpressured shale (Ings and Beaumont , 2010). In the case of gravity spreading,

channel (Poiseuille) flow of the salt also assists the failure by applying a basal drag

on the overburden as the salt is squeezed and mobilized by the differential loading

(Gemmer et al., 2004, 2005). Yielding depends on the strength of the overburden

and therefore on the second component of the problem, the fluid pressure regime
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(Gemmer et al., 2005; Morency et al., 2007; Gradmann et al., 2009). This sensitivity

to fluid pressures makes salt-based gravity spreading systems well-suited as natural

examples to study the feedback relations between overpressuring and deformation.

Pore-fluid pressure will be hydrostatic in saturated porous and permeable sedi-

ments when the system is ‘well drained’. In ‘poorly drained’ sediments fluid pressure

may exceed hydrostatic values and the system is termed ‘overpressured’. Several

mechanisms cause the development of overpressure, including sediment compaction,

hydrocarbon generation, and mineral transformations such as the smectite-illite tran-

sition (Luo and Vasseur , 1996; Osborne and Swarbrick , 1997; Colten-Bradley , 1987;

Freed and Peacor , 1989). The first process is regarded as the most widespread and

best understood (Swarbrick and Osborne, 1998), and is investigated in this study. In

particular, we consider both mechanical and viscous compaction which respectively

contribute to pore-space reduction and the development of overpressure by rearrange-

ment of grains to a closer packed state and by pressure solution and re-precipitation

(Schneider et al., 1996; Fowler and Yang , 1999).

In most instances mathematical formulations of this coupled system and their

applications explore only the one-dimensional problem in which sediment compacts

vertically under its own weight in response to spatially uniform deposition of sedi-

ments (Gordon and Flemings , 1998; Suetnova and Vasseur , 2000). The mechanics

of the grain matrix are not included, nor is the tectonic deformation of the overall

system considered. It has, however, been recognized that vertical compaction alone

is not sufficient to describe fluid pressure regimes in tectonic systems (Berry , 1973;

Yassir and Bell , 1996; van Ruth et al., 2003), where sediments may also compact

laterally. Regions subject to gravity spreading are good candidates for the study of

lateral (horizontal) compaction because the difference between extension and short-

ening in the bounding zones allows the lateral compaction to be estimated directly

(Butler and Patron, 2010).

Morency et al. (2007) expanded the 2D finite element code SOPALE (Fullsack ,

1995) to include calculations of compaction and pore-fluid pressure coupled with the

mechanical deformation of the grain matrix. Equations for Darcy flow describe the

pore-fluid flow in fully saturated, porous media, and mechanical and viscous com-

paction of the pore space provide the source/sink terms. The compaction-driven
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fluid flow is coupled to the deformation of the grain matrix via the effective stress.

This formulation not only takes into account that fluid overpressures weaken sedi-

ments and can facilitate deformation, but also that the mechanical deformation feeds

back on the stress regime and therefore on compaction and evolving fluid pressure.

The model of Morency et al. (2007) is used here to investigate the effects of cou-

pled fluid-mechanical behavior of a salt-tectonic gravity-spreading system. We first

describe the physical basis and methods used in this study (section 3.2) and put them

in the context of earlier and related research. The models, described in section 3.3,

use sediments with a single lithology and demonstrate contrasting behaviors of well-

drained (sandstone-type) and poorly-drained (shale-type) sediments. Results of the

different models are presented and discussed in section 3.4. In Gradmann and Beau-

mont (2012, Chapter 4), we present numerical models which consider lithologically

layered sediments as well as an improved formulation of viscous compaction.

3.2 Finite Element Numerical Modeling

Calculations for fluid flow and for mechanical deformation are combined by expand-

ing a velocity-based plane-strain, viscous-plastic finite element numerical model (Full-

sack , 1995; Willett , 1999) to include sediment compaction and pressure effects of fluid

flow in porous media (Morency et al., 2007). The models are designed for large-scale

deformation (creeping flow) including self-consistent pore-fluid pressure.

We first provide an overview of the physics and mathematics of fluid flow and

compaction, then introduce the formulation of mechanical creeping flow and lastly

comment on their coupling as it is implemented in the models ofMorency et al. (2007)

and Ings and Beaumont (2010). The description only includes the most important

aspects, for additional information we refer readers to Morency et al. (2007).

3.2.1 Background

Pore-fluid pressure in the context of sediment compaction and fluid flow in porous

media has been investigated for more than a century (see, e.g., references in Bjørlykke,

1997). Hydromechanics advanced fundamentally through the work of Terzaghi (1936,

1943). He introduced the principle of effective stress/effective pressure (Peff ), which

holds that for saturated sediments, pore fluids (Pf ) bear a part of the load of the
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overlying sediments (P ) and the remaining pressure (Peff ) is carried by the sediment

matrix. (Peff=P − Pf ). Correspondingly, because the strength of a material is

directly related to the effective stress it experiences, material strength decreases as

pore pressure increases and effective pressure decreases.

Fluid pressure generation by compaction in sediments has been mathematically

formulated by coupling the compaction and associated loss of pore volume to the

pressure-driven flow of the expelled fluid through the porous and permeable sediment.

Formulations have considered poro-elastic media (Biot , 1941) and the role of effec-

tive pressure in mechanical compaction (e.g. Bredehoeft and Hanshaw , 1968; Smith,

1971; Audet and Fowler , 1992; Revil et al., 2002). Empirical compaction relations

were described by Athy (1930). Pressure solution has been described mathematically

as volumetric viscous compaction under effective pressure (e.g. Angevine and Tur-

cotte, 1983; Birchwood and Turcotte, 1994; Revil , 2001). Combined mechanical and

viscous compaction were, for example, studied by Schneider et al. (1996), Suetnova

and Vasseur (2000), and Connolly and Podladchikov (2000). Most of these studies

focussed on the one-dimensional case where changes in the stress regime are primarily

induced by sediment loading.

3.2.2 Fluid Flow in Porous Sediments

Darcy Fluid Flow

Flow of fluid through a saturated, permeable sedimentary rock is described to first

order by Darcy flow. The Darcy velocity is the velocity of the fluid relative to the

solid such that the flux qD, the volumetric flow rate per unit surface area, is:

qD = n (vf − vs), (3.1)

where n is the porosity, and vf and vs are the fluid and solid flow velocities, respec-

tively. The choice of n as the symbol for porosity was made to avoid confusion with

ϕ, the symbol of the internal angle of friction used in this manuscript.

Although the solid matrix (sediment grains) and the pore fluid are both considered

incompressible, the bulk material is compressible because as fluid is expelled from

the pores, porosity and bulk volume decrease. The bulk volumetric strain rate ε̇v is
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directly linked to the rate of porosity change and balances the volumetric deformation

of the solid skeleton to the pore fluid flow by conserving total mass:

ε̇v =
1

1− n

Dn

Dt
= ∇vs = −∇qD (3.2)

Dn
Dt

is a total, material derivative that follows the flow of the solid matrix (Dn
Dt

=

∂n
∂t

+ vs · ∇n). The flow of pore fluids in permeable sediments is controlled by the

hydraulic conductivity, K, and relates to the Darcy velocity qD through Darcy’s law:

qD = −K∇Pex

ρfg
= − k

ηf
∇Pex (3.3)

where Pex, the excess fluid pressure (also referred to as overpressure), is the difference

between the fluid pressure and the hydrostatic pressure (Pex = Pf − Ph), ρf is the

fluid density, ηf is the fluid viscosity, and k=
K ρf g

ηf
is the sediment permeability. Thus,

fluid flows in response to the gradient in excess pressure ∇Pex, which is equivalent

to the seepage force exerted by the fluid on the matrix (Mourgues and Cobbold ,

2003). Seepage forces can modify the stress regime, in particular the orientation of

the principal stresses. In this study a power-law relationship (Smith, 1971; Mello

et al., 1994) is used to link porosity and conductivity:

K = K0

(
n

n0

)m

(3.4)

where K0 is the hydraulic conductivity at a reference porosity n0, and m is the

exponent.

Pressure and Effective Pressure

We use the effective stress principle, Peff = P − Pf (Terzaghi , 1943), where P is the

dynamic pressure (mean stress), to determine the pressure that acts on the solid rock

matrix and causes it to fail and deform. As discussed in the following section 3.2.3,

this reduction of the pressure to the effective pressure decreases the effective strength

of a material and facilitates failure.

Pore-fluid pressure is commonly described as the ratio of fluid pressure to mean

stress (see Chapter 2), but can also be described in terms of the Hubbert-Rubey

pore-fluid pressure ratio λHR (Hubbert and Rubey , 1959), the ratio of fluid pressure
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to lithostatic pressure. Lithostatic pressure (Plitho) and mean stress (P ) are identical

only in a neutral stress system. Following Davis et al. (1983) we use λHR =
Pf−Pw

Plitho−Pw

for submarine conditions, where Pw is the pressure of the water column.

Sediment Compaction

Compaction of clastic sediments during burial results in a decrease in porosity with in-

creasing depth. Compaction is inhibited where fluid expulsion is hindered, giving rise

to undercompacted sediment associated with fluid overpressure. Other mechanisms

of overpressure generation aside from compaction disequilibrium include hydrocarbon

generation or mineral reactions, these are not considered here.

Two primary compaction mechanisms exist. Mechanical compaction occurs owing

to grain rearrangement to closer packing in response to changes in effective pressure

and can be described macroscopically by the effective bulk compressibility of the

medium, βb (e.g. Revil et al., 2002). Viscous compaction occurs owing to pressure

solution at grain boundaries (grain dissolution) and local re-precipitation within the

residual pore space. Viscous compaction includes the processes of pressure-enhanced

dissolution, diffusive transport and re-precipitation, of which diffusive transport has

generally been considered to be the rate-limiting mechanism (Angevine and Turcotte,

1983). Recent work, however, demonstrates that dissolution and precipitation may

equally determine the rate of compaction (Revil , 2001). In either case, the com-

paction is, from a macroscopic perspective, the volumetric equivalent of viscous shear

flow and can be described through an effective bulk (volumetric) viscosity ξ of the

porous medium. Both mechanical and viscous compaction depend on porosity and

diminish in more compacted material. The porosity dependency is to first order lin-

ear; βb(n) = nβp for mechanical compaction, where βp is the pore compressibility,

defined as − 1
Vp

∂Vp

∂Peff
. However, mechanical compaction is known to stop at the closest

packing limit (without considering grain crushing), therefore, we use a minimum, or

‘lock-off’, porosity nc for mechanical compaction and modify βb following Revil et al.

(2002)

βb(n) = (n− nc)βp (3.5)
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For viscous compaction the porosity dependence is given by ξ(n) = μ/n, where μ

is the matrix compactional shear viscosity. This viscosity is often considered identical

to the regular shear viscosity η of a material, but this equality likely only holds for

strongly compacting material and not for nearly fully compacted material (such as

salt in the present models). We therefore treat the compactional shear viscosity as

an independent parameter, not related to shear viscosity.

We model viscous compaction in this chapter as decreasing linearly with porosity,

but compaction never fully ceases with this formulation. This problem is addressed by

introducing an improved description of viscous compaction in Gradmann and Beau-

mont (2012, Chapter 4).

The combined effects of mechanical and viscous compaction change the bulk vol-

ume of the porous sediment at the rate ε̇v such that:

ε̇v =
1

1− n

Dn

Dt
= −βb(n)

DPeff

Dt
− Peff

ξ(n)
(3.6)

(e.g. Schneider et al., 1996; Connolly and Podladchikov , 2000). Equation (3.6) there-

fore describes how the rate of porosity change relates to mechanical and viscous

compaction of clastic sediments, whereas equation (3.2) shows how this same rate re-

lates to matrix deformation and fluid flow. The general diffusion equation for excess

pressure can be derived by combining equations (3.2), (3.3), and (3.6)

βp(n)
DPex

Dt
+

Pex

ξ(n)
−∇(

k

ηf
∇Pex) = βp(n)

D

Dt
(P − Ph) +

P − Ph

ξ(n)
. (3.7)

This equation can be solved numerically to obtain excess pressure once the mean

stress P has been determined.

3.2.3 Large-Scale Viscous and Plastic Deformation of the Matrix

In addition to compaction, the porous sedimentary material also deforms by large-

scale post-yield flow which is calculated by solving the force balance equation for

creeping flow (i.e. without inertial terms, equation 3.8) and conservation of mass for
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the compacting material (equation 3.9):

∇σ + ρ g = (1− n)∇(Ss − PsI) + n(−∇PfI) + ρg

= (1− n)∇Ss −∇(PI) + ρ g = 0 (3.8)

∇vs = −∇qD = −βb(n)
DPeff

D t
− Peff

ξ(n)
(3.9)

where Ss and Ps are the deviatoric stress tensor and mean stress of the solid phase,

Pf is the mean pressure of the fluid phase. It is assumed that the deviatoric stress

component in the fluid phase is negligible, such that Sf=0. ρ is the bulk sediment

density, g is the gravitational acceleration and I is the identity matrix.

The above set of equations is a modification of the penalty method used by Full-

sack (1995), in which porosity n=0 in equation (3.8) and equation (3.9) describes

incompressibility (∇vs=0). The penalty parameter now has the physical meaning of

a compaction coefficient (equation 3.9) (Morency et al., 2007).

In the case of viscous flow of the solid matrix or salt, the stress tensor is related

to the strain rate tensor ε̇ of the solid by

σij = 2 ηeff ε̇ij − P δij = ηeff

(
∂vsi
∂xj

+
∂vsj
∂xi

)
− P δij (3.10)

where δij is the Kronecker delta, vs is the solid velocity, and ηeff is the effective

viscosity of the solid matrix or the salt viscosity.

Frictional-plastic failure of the clastic sediments is calculated using the Drucker-

Prager yield criterion given by:

σY = J
′1/2
2 = (P − Pf ) sinϕ0 + C cosϕ0 = Peff sinϕ0 + C cosϕ0 (3.11)

where σY is the yield stress, ϕ0 is the internal angle of friction, and C is the cohesion.

Below yield, clastic sediment is assigned a high effective viscosity which precludes

significant deformation on the timescales considered here. The post-yield plastic flow

is calculated in the same way as viscous flow (equation 3.10) but in this case ηeff is

the post-failure effective viscosity of frictional plastic material, given by ηeff=
1
2

√
J ′
2

İ′2
,

where J ′
2 and İ ′2=

1
2
ε̇′ij ε̇

′
ij are the second invariants of the deviatoric stress and strain
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rate, respectively (Willett , 1999). That is, the effective viscosity takes the value re-

quired to keep the material at yield during the deformation. Deformation is therefore

strictly viscous-plastic, that is flow is viscous when the state of stress is below yield,

and frictional-plastic when on yield.

3.2.4 Coupling of Compaction and Deformation

Coupling between fluid flow processes and mechanical deformation of the matrix oc-

curs in two ways. First, the fluid pressure Pf reduces the effective pressure Peff , which

in turn reduces the effective strength of the material (equation 3.11) and facilitates

failure. Second, the compaction parameters for mechanical and viscous compaction

enter the equation that is solved for the matrix deformational velocity vs (combina-

tion of equations 3.8 and 3.9), thus determining the compressibility of the large-scale

flow. Shear flow (mechanical deformation) and dilatational flow (volumetric defor-

mation) can only be solved for independently under special circumstances. In the

current model these parts are coupled because the volumetric deformation changes

the mean stress, which affects the stress field for plastic yield.

All equations are solved using the finite element technique (Fullsack , 1995). The

velocity field vs and mean stress P are solved for from equations (3.8) and (3.9) with

an initial, predicted value of Pex; equation (3.7) is solved for Pex and both systems

are iteratively refined (Morency et al., 2007).

Boundary conditions are defined such that there are no fluid and material fluxes

across the base or sides of the model domain. Side boundaries allow vertical free

slip and the base is a no-slip boundary. The top of the model domain (seafloor) is

treated as a free surface that adapts to material flow and the prograding sediment and

permits fluid to leave the model domain. Moreover, models comprise an initial phase

of sediment deposition and compaction that serves to create self-consistent model

properties prior to the start of sediment progradation.

After the iterations for pressure and velocity converge, the porosity is updated

according to equation (3.6), which can be rewritten as:

1

1− n

Dn

Dt
= −nA+B , with A = βp

dPeff

dt
+

1

μ
Peff and B = ncβp

dPeff

dt
(3.12)
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The above equation can be solved analytically as an ordinary differential equation

and the new porosity n(t+Δt) expressed as a function of the old porosity n(t):

n(t+Δt) =
n(t) · (e−(A−B)Δt − B

A
)− B

A
(e−(A−B)Δt − 1)

n(t) · (e−(A−B)Δt − 1) + 1− B
A
e−(A−B)Δt

(3.13)

where Δt is the time step length. If mechanical compaction is not limited, i.e. not

‘locked off’, B is zero and the above equation simplifies to the form used by Morency

et al. (2007):

n(t+Δt) =
n(t) e−AΔt

n(t) · (e−AΔt − 1) + 1
(3.14)

The new porosity derived from the consistent pressure and velocity fields is used in

the following timestep to control compaction and hence the evolving pressure regime

and deformation. Time step lengths of 5,000-10,000 a are sufficiently small to capture

the relevant processes of the length and time-scales of interest, and obey the Courant-

Friedrichs-Lewy condition, a necessary constraint for numerical stability.

The model uses an Arbitrary Lagrangian-Eulerian (ALE) formulation, in which

computations are made on an Eulerian grid that adapts vertically to the shape of the

evolving model domain while the material properties are tracked and updated using

a set of Lagrangian particles. The ALE approach allows the model to undergo both

large deformation and strain because the computation grid is not advected with the

flow nor distorted during deformation. As a result, the amount of strain that can be

accommodated in the calculations is not limited by the method.

3.2.5 Sedimentation

Sedimentation is prescribed by defining a bathymetric profile, the space below which

is filled with sediment. Material is not removed if it becomes elevated above the

sedimentation profile during deformation. Aggradation is given by a horizontal profile

h(x, t)=h(x, 0)+vagg · t where vagg is the aggradation rate. Progradation is prescribed

by a half-Gaussian shape:

h(x, t) =

{
h1 x ≤ x′

0

h2 + (h1 − h2) exp (−(
x−x′

0

w
)2) x > x′

0

(3.15)
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where h1 and h2 are the landward and seaward bathymetries (delta-top and toe),

respectively, x′
0 = x0+vprog · t is the current shelf break position, x0 its initial position,

w is the half-width of the continental slope, and vprog is the seaward progradation

rate of the bathymetric profile. The sedimentation pattern used here is intended to

approximate the geometry of aggrading and prograding sedimentary systems, but not

the physics of natural sedimentation.

3.3 Model Design

The design of the numerical model experiments is similar to that of Gradmann et al.

(2009) in order to facilitate comparisons of the results. In simple prototype mod-

els described in this chapter, all clastic sediments in a given model have the same

hydraulic properties, representing either sandstone-type or shale-type sediments. In

this way we can demonstrate the characteristic compaction and fluid-flow behavior of

each lithology taken in isolation and the suitability of our approach to model these

materials. More realistic models, comprising layered sandstone-type and shale-type

lithologies, are investigated in Gradmann and Beaumont (2012) and provide a better

approximation of natural pore fluid pressure variations.

3.3.1 Geometry

The models comprise a 320 km wide and 3 km deep salt basin that tapers linearly at

both ends, each over a distance of 60 km, and is laterally enclosed by crustal material

(Figure 3.2). Sediment is added above the salt basin during the model calculations

in either an aggradational or progradational manner.

The initial configuration is locally isostatically balanced, additional sediment load-

ing is flexurally compensated by an elastic beam at the base of the model and assum-

ing an underlying inviscid fluid with density ρm=3300 kg/m3. The flexural rigidity of

D=1022Nm represents relatively stiff lithosphere corresponding to values estimated

from older rifted continental margins (Watts , 2001). Subsidence owing to cooling and

contraction of the margin is not included, nor are crustal thickness variations. These

choices were made because the region of interest in the Gulf of Mexico is positioned

where the lithosphere beneath had become thermally stable before the time interval

of interest.
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Figure 3.2: Design of model experiments. A 260 km wide, 3 km thick salt basin is
embedded in synrift sediment/crustal sequence. a) Phase 1 during which frictional
plastic sediments aggrade onto the salt. b) Phase 2 during which sediments prograde
onto the salt basin. For a full list of model parameters and their discussion see
section 3.3 and Table 3.1.
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The models evolve in two phases (Figure 3.2). During phase 1, a laterally uniform

sedimentary sequence of 4.5 km aggrades on top of the pre-existing salt layer. During

phase 2, sediments prograde onto this sedimentary sequence. Our main interest is the

behavior of the system during gravity spreading, which can only occur during phase 2

after a differential load of sediments is deposited onto the salt basin. Phase 1 is,

however, necessary to achieve a compacted sediment layer with a self-consistent fluid-

pressure regime as a starting configuration for the progradation phase. This phase also

illustrates the compaction behavior in absence of differential stresses accompanying

progradation.

The sediment aggradation rate of phase 1 (vagg=0.055mm/a) represents the aver-

age aggradation rate of the 4.5 km thick Cretaceous to Oligocene pre-kinematic layer

of the Perdido Fold Belt (Fiduk et al., 1999). Model water depth decreases during

this phase from ca. 6 km to 3 km owing to combined effects of sedimentation and

isostatic compensation. The large initial depth reflects our assumption that ther-

mal subsidence of this region had already occurred or was completed during this

phase 1 sedimentation. The water column plays no significant role here, because

it merely exerts a laterally uniform load. During phase 2, aggradation ceases and

the seaward prograding, half-Gaussian profile has width w=100 km, maximum water

depth hw=3km, and velocity vprog=5mm/a. This progradation rate is slightly higher

than the average Cenozoic shelf progradation rate of 4mm/a (Galloway et al., 2000),

but reflects increased sediment input rates during the Oligocene, the time when the

Perdido Fold Belt formed.

3.3.2 Material Properties

The material properties used in the models (discussed below and listed in Table 3.1)

are only one subset of a wide range of values tested during this study. They reflect the

choice of mid-range values that best fit the observed compaction trends of sandstone

and shale and that yield numerically stable models.

For the calculation of large-scale mechanical deformation, salt is modeled as a

linear viscous material with a constant viscosity of ηsalt = 1018 Pa s. The crust and

sediments are both frictional-plastic materials with an internal angle of friction of

ϕ0=30◦ and zero cohesion. Gradmann et al. (2009) used ϕ0=25◦ for the sediments,
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Table 3.1: Material properties of numerical models.
Parameter Symbol Unit Values (1. set of models)

Salt/Crust Sandstone Shale

Initial Salt Geometry
salt width wsalt km 200 + 2× 60 taper
salt thickness hc km 3
taper angle α ◦ 3

Sedimentation
aggradation velocity vagg mm/a 0.055
progradation velocity vprog mm/a 5
width of progradation profile w km 100
height of progradation profile hw km 3

Isostatic Compensation
mantle density ρm kg/m3 3300
water and fluid density ρw kg/m3 1000
flexural rigidity D Nm 1022

Material strength
internal angle of friction ϕ0 -/30◦ 30◦ 30◦

shear viscosity ηsalt Pa s 1018/- - -
Hydraulic Properties

grain density ρg kg/m3 2150/2500 2500 2500
surface hydraulic conductivity K0 m/s 10−16 10−6 10−9

surface porosity n0 % 0.1 50 50
K-n exponent m 1 5 9
pore compressibility βp Pa−1 10−14 10−7 10−7

lock-off porosity (mechanical) nc % 0 30 10
shear viscosity μ/μr Pa s 1028 1023, 1022

Finite element grid
width km 400
number of elements (horizontal) 400 (evenly spread)
number of elements (vertical) 20 40
time step length Δt a 5,000-10,000

Boundary conditions
boundary condition at sides dPf/dx=0, vx=0
boundary condition at base dPf/dy=0, vx=0, vy=0
boundary condition at surface Pf=Pw
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but the effect of this difference is small by comparison with the effect of fluid pressures,

which vary in space and time in these models, whereas a constant pore-fluid pressure

ratio was assumed by Gradmann et al. (2009).

For the fluid pressure calculations there are four different material types in our

models: salt, crust, sandstone and shale. Given the large range of permitted parame-

ter values, and that an investigation of all of them is beyond the intent of this paper,

we have mostly chosen mid-range values that lead to features that are commonly

observed, such as certain depth-to-overpressure development and residual porosity.

Salt and crust are treated as nearly incompactable materials. Rock salt (strictly,

halite) is generally assumed to be impermeable, forming ‘ideal’ seals for hydrocarbons

and other fluids (Downey , 1984). Recent studies (Popp et al., 2001; Peach et al.,

2001) have, however, shown that dilation-induced microcracks in salt can lead to

significantly increased permeabilities. This dilation occurs over much smaller scales

(millimeters) than those of concern here (Schoenherr et al., 2007; Schleder et al.,

2008; Davison, 2009). Salt in the current study is therefore considered to be nearly

impermeable and incompactable.

Salt compaction occurs mainly within the upper 50m (Casas and Lowenstein,

1989) and is therefore not a significant component of its large-scale behavior. Mini-

mum measured values of salt porosities are on the order of 0.1% (Urai et al., 1986;

Kulenkampff and Yaramanci , 1993).

In the models presented here, we are interested in the development of overpres-

sures within the sediments and their effect on the stability of the system, while the

salt layer acts as a viscous mobile substrate layer but does not contribute to the

development of the fluid pressure regime. Hence, it is important to model salt as

a low-permeability/low-porosity material that neither absorbs nor expels significant

amounts of fluid, which is consistent with the sealing properties of natural salt.

In the models, the salt surface porosity is 0.1% (Urai et al., 1986; Kulenkampff

and Yaramanci , 1993), the grain density 2150 kg/m3, and the surface hydraulic con-

ductivity is K0=10−13m/s (Carter et al., 1993). The coupling of porosity changes to

conductivity changes is kept small to avoid large conductivity variations that might

generate overpressures (here: m=1, measured values: m=2.5-4.5 (Cinar et al., 2006,
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and references therein)). The bulk compressibility is βp=10−14 Pa−1, which corre-

sponds to negligible mechanical compaction for the pressure regimes and timescales

considered here. The bulk viscosity is set to a high value (μ=1028 Pa s) to avoid

viscous compaction of the material. This parameter is not to be equated with the

mechanical shear viscosity of salt (ηsalt=1016-1019 Pa s (van Keken et al., 1993)) for

this case of essentially fully-compacted salt.

The material laterally surrounding the salt basin, which represents crustal material

or fully compacted sediments, is similarly designed not to contribute to the pore-fluid

pressure regime of the overlying sediments. Therefore, this material is assigned the

same fluid flow properties as salt except for the grain density which is 2500 kg/m3

(Table 3.1).

Sandstone-type and shale-type sediments are modeled as compacting materials.

Sandstones are, for example, known as good aquifers and hydrocarbon reservoir rocks,

characterized by generally higher porosities and permeabilities than most other sedi-

ments. In contrast, shales are known to be good seals, characterized by low porosities

and permeabilities. This difference is largely a consequence of the differently shaped

grains and pores of the two materials. In the absence of fracturing, the more equant

sand grains can compact mechanically to a densest packing configuration similar to

that of spheres, which, for mixed grain size, may reach porosity values of 25-40%

(Revil et al., 2002). The more platy clay minerals can compact efficiently down to

porosities of ca. 5-10% (Revil et al., 2002). We here use respective mid-range values

of 30% (sandstone-type) and 10% (shale-type) as minimum lock-off values for poros-

ity during mechanical compaction. Both materials can have a large range of surface

porosities in nature, we chose a value of 50%. Especially in muds, surface porosity can

reach values up to 80% (Neuzil , 1994), but the rapid very-near-surface compaction

trend is not accurately captured by the simplified numerical description used here

and is therefore omitted.

The mechanical compaction efficiency is expressed through a combination of lock-

off porosity and bulk compressibility (equation 3.5). Bulk compressibilities for sand

range from 5 · 10−8-10−10 Pa−1 (Mello et al., 1994; Bradley and Powley , 1994; David

et al., 1994), values for shale are estimated to be 3 · 10−8-5 · 10−8 Pa−1 (Mello et al.,

1994; Revil and Cathles , 1999). These values are often obtained from simplified
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porosity-depth curves (Bradley and Powley , 1994) or from samples that have already

compacted close to their mechanical limit and may therefore not represent reliable

values for near-surface mechanical compaction.

We use values of βp=10−7 Pa−1 for both sandstone-type and shale-type material,

which, in combination with the different lock-off porosities, leads to a much larger

compaction efficiency of the shale-type material. Model experiments with lower values

of bulk compressibility showed insignificant amounts of mechanical compaction over

the depth and timescales considered here. Higher values (which would be justified

or even expected for shale-type material) render mechanical compaction calculations

very sensitive to numerical inaccuracies. Hence, we control the mechanical compaction

efficiency mainly through the lock-off porosities rather than the bulk compressibility

per se.

The shape of the grains also controls the shape of the resulting pore space, which

in turn affects the hydraulic conductivity. The relation between porosity and conduc-

tivity is given by the power-law parameter m (equation 3.4), which ranges from 4.5 to

6 for sandstone and from 6 to 12 for shale (Revil and Cathles , 1999). Here, values of

m=5 and m=9 are chosen for sandstone-type and shale-type material, respectively.

Surface hydraulic conductivities for sand range from 10−6m/s to 10−2m/s (Gar-

ven, 1986; Bradley and Powley , 1994), surface conductivities of shales range from

10−10m/s to 10−8m/s. With a relatively low value of 10−6m/s for sandstone-type

material, excess pressure from surrounding overpressured regions cannot diminish

rapidly and is maintained for time spans of several hundred thousand to million years.

Even with this restriction, hydraulic conductivity in the compacting sandstone-type

material remains large enough to prevent significant overpressure.

An intermediate value of 10−9m/s for shale-type material ensures that onset of

overpressure develops at approximately 2-3 km depth. Additionally, with this hy-

draulic conductivity shale-type porosities are still on the order of a few percent when

the high fluid pressure begins to limit compaction.

The compactional shear viscosity for both materials varies among the model sets.

Reference values for shear viscosities or actual bulk viscosities spread over wide ranges

in the literature (ξ=5 · 1020-1025 Pa s in Birchwood and Turcotte, 1994; Suetnova and

Vasseur , 2000; Connolly and Podladchikov , 2000; Paterson, 1973). We present models
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with values of ξ=1023 and ξ=1022 Pa s.

3.4 Results - Single Lithology Models

The set of models presented here demonstrates the contrasting compaction of single

lithologies (SL), sandstone-type (Sa) and shale-type (Sh) materials (models SL-Sa

and SL-Sh, respectively). Phase 1 corresponds to the aggradation of the 4.5 km thick

pre-kinematic sequence of the Perdido Fold Belt. Phase 2 investigates the potential

for gravitational spreading during progradation. Standard material properties are as

discussed in the previous section and listed in Table 3.1. We present two models with

weak viscous compaction (μ=1023 Pa s in model SL-Sa1 and SL-Sh1) and two models

with stronger viscous compaction (μ=1022 Pa s in models SL-Sa2 and SL-Sh2). The

sandstone-type and shale-type materials differ in their hydraulic properties, namely

with respect to surface hydraulic conductivity (10−6 vs. 10−9m/s), the K-n-exponent

(5 vs. 9) and the limiting porosity for mechanical compaction (30% vs. 10%), re-

spectively. When combined, these parameters determine the mechanical compaction

and associated overpressuring behavior. Viscous compaction is governed by the com-

pactional shear viscosity μ and the evolving porosity and hydraulic conductivity. The

progradation phase is only demonstrated for models SL-Sa2 and SL-Sh1, where grav-

itational failure develops and fluid pressure regimes are to first order realistic (see

also Animation SL-Sh1, supplementary material1).

3.4.1 Model SL-Sa1, Weak Viscous Compaction

Model SL-Sa1 illustrates slow compaction in a sandstone-type material with minimal

viscous compaction.

Aggradation

Figure 3.3a-d shows the results of model SL-Sa1 (μ=1023 Pa s) after 4.5 km of sandstone-

type material aggraded slowly over 100Ma. Material color in Figure 3.3a depicts time

of sediment deposition in 10Ma bands (shades of blue and green). Figure 3.3b shows

the distribution of the pore-fluid pressure ratio λHR=(Pf − Pw)/(Plitho − Pw), where

1Supplementary material is provided as electronic attachments and is described in Appendix D.
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blue and red colors represent barely and highly overpressured sediments, respectively.

Figure 3.3c shows the components of the pressure field at a reference location (250 km)

and Figure 3.3d shows variations with depth of porosity, hydraulic conductivity, and

bulk viscosity (ξ(n) = μ/n) at the same location.

The fluid pressure remains hydrostatic throughout the entire aggradation phase,

leading to pore-fluid pressure ratios of λHR=0.4-0.5. The pressure at the top of the

sediment reflects the overlying water column. The decrease in porosity is nearly

linear through the 4.5 km thick sediment column to values approaching the lock-off

porosity of 30%. Hydraulic conductivities remain high, decreasing by only one order

of magnitude to values of K=10−7m/s.

In the sediments, the mean stress is slightly lower than the lithostatic pressure,

indicating a tensile stress system. This is a consequence of the way the sediment de-

forms during compaction and is discussed in section 3.5 and Gradmann and Beaumont

(2012, Chapter 4). Within the salt layer and crustal material, fluid pressure remains

hydrostatic, and the mean stress remains lithostatic (Figure 3.3c). The prograda-

tion phase is not shown because fluid pressures remain hydrostatic throughout and

gravitational failure of the overburden does not occur.

3.4.2 Model SL-Sa2, Strong Viscous Compaction

Model SL-Sa2 (Figure 3.4) shows the behavior of a sandstone-type model with en-

hanced viscous compaction (μ=1022 Pa s), which accounts for the differences with

respect to model SL-Sa1.

Aggradation

During the aggradation phase, the fluid pressure remains hydrostatic to a depth

of approximately 4 km below seafloor, below which it strongly increases with depth

(consequence of viscous compaction). Porosity decreases to less than 1%, a much

lower value than the 30% lock-off porosity for mechanical compaction. The hydraulic

conductivity decreases accordingly to values of K=10−17m/s. The pore-fluid pressure

ratios reach values of λHR=0.95 in a thin layer above the salt (Figure 3.4b). In the

salt layer and crust, the fluid pressure follows a hydrostatic gradient but is offset to

higher values by the high fluid pressure at the base of the overlying sediments.
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Progradation

During phase 2 (Figure 3.4e-h) model SL-Sa2 becomes gravitationally unstable after

approx. 44Ma of sediment progradation. Velocity arrows indicate that the overbur-

den is moving seaward (Figure 3.4e,f) and there is incipient folding at the seaward

end of the salt basin. Pore-fluid pressure ratios (Figure 3.4f) reach values of λHR=1.0

(lithostatic values) throughout an approximately 2 km thick layer at the base of the

sedimentary section. In this region porosities have decreased to approximately 0.5%

(Figure 3.4h) as a result of continued viscous compaction. Above the highly over-

pressured region in the distal part of the system (250 km reference section), the mean

stress is now larger than lithostatic values (Figure 3.4g), indicating deviatoric com-

pression and the ‘passive Rankine state’ of frictional-plastic sediment failure.

3.4.3 Model SL-Sh1, Weak Viscous Compaction

Model SL-Sh1 (Figure 3.5 and Animation SL-Sh1, supplementary material) demon-

strates the behavior of shale-type sediment with minimal viscous compaction (μ=1023 Pa s).

Aggradation

The hydraulic properties of the shale-type sediments facilitate stronger mechanical

compaction than in models SL-Sa1, and by the end of aggradation porosities decrease

to between 20 and 10% at depth, the latter being the lock-off value (Figure 3.5a-d).

The corresponding pore-fluid pressure ratios are approximately λHR=0.6-0.7 in the

lower part of the sediment layer (Figure 3.5b,c), but the character of the overpressure

regime is different from that in model SL-Sa2 (Figure 3.4c). Now, fluid pressure

deviates from hydrostatic pressure at a depth of ca. 3 km (Figure 3.5c) and below this

depth largely parallels the mean stress within the sediment layer instead of developing

a steep gradient as in model SL-Sa2. Within the salt layer, the fluid pressure again

follows a hydrostatic gradient.
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Progradation

After 43Ma of progradation, the model shows evidence of incipient gravity spread-

ing (Figure 3.5e,f) with minor extension (diverging velocity vectors) and shortening

(converging velocity vectors, folding). Overpressures have reached values of approxi-

mately λHR=0.8-0.95 throughout most of the distal part of the basin (Figure 3.5f,g).

With the onset of gravity spreading, the top of overpressure is now located at depths

of 0.5-2 km above the distal part of the salt basin but remains at depths of 3 km

seaward of the salt basin (white line in Figure 3.5f). As in the aggradation phase,

the fluid pressures maintain values nearly parallel to the mean stress in the over-

pressured regions (Figure 3.5g). Porosity decreases rapidly within the upper 1 km

of sediment, below which it stabilizes at 15-20% (Figure 3.5h). The corresponding

hydraulic conductivities follow the same trend and reach values of 10−14m/s, suffi-

ciently low for moderate, but not ‘hard’, overpressure to develop. The mean stress in

the sediment again exceeds lithostatic pressure (Figure 3.5g), indicating a state close

to compressional failure, the ‘passive Rankine state’.

The light blue curve (Figure 3.5h) marks the minimum porosity achieved in the

250 km section during the model evolution. Since this is lower than the current

porosity (black curve), decompaction must have taken place (see discussion).

3.4.4 Model SL-Sh2, Strong Viscous Compaction

Model SL-Sh2 shows the result of aggradation for shale-type lithology when there is

strong, likely excessive, viscous compaction (η = 1022 Pa s), which accounts for the

differences by comparison with model SL-Sh1.

Aggradation

During the aggradation phase, fluid overpressures develop below 2 km and follow a

steep gradient leading to lithostatic fluid pressure in the bottom 2 km of the sediments

(Figure 3.6b,c). Enhanced viscous compaction has allowed porosities to decrease to

ca. 12% in this region with corresponding hydraulic conductivities in the shale-type

material of 10−15m/s. This parameter combination results in hard overpressure.
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Below the sediment layer, the fluid pressure again follows a hydrostatic gradient.

Owing to the unrealistic level of overpressure, the progradation phase is not shown.

3.5 Discussion

The four models presented here show the different mechanical compaction behavior

of well-drained sandstone-type material and poorly-drained shale-type material com-

bined with different levels of viscous compaction. The contrasting behavior of the

models in regard to compaction, fluid-pressure generation, and gravitational failure

is discussed below.

Overpressuring

In the case of sandstone-type model SL-Sa1, fluids expelled by compaction can leave

the sediment column through the well-connected pore space (hydraulic conductivity

10−6-10−7m/s). Limited compaction during aggradation also takes place very slowly

(from 50% to 30% in 100 Ma), which means the pore-fluid flux is low and this also

augments the well-drained nature of the system.

In the other models, overpressure develops where hydraulic conductivity decreases

below 10−15m/s. This appears to be the critical value at which fluids can no longer

migrate upward fast enough to balance compaction on the characteristic timescales of

these models. Fluid escape is hampered by both low hydraulic conductivities and a

large thickness of the overlying sediment column, which increases with time. Because

fluid expulsion becomes increasingly difficult, further compaction is strongly limited,

as is seen from the porosity-depth curves of models SL-Sa2 (Figure 3.4d,h) and SL-Sh2

(Figure 3.6d), leading to near-constant values of porosity and hydraulic conductivity

in the lower sediments.

Fluid Pressure in Salt and Crustal Material

The fluid pressures in the salt and crustal material maintain a hydrostatic gradient.

The fluid pressure here simply reflects that the fluid is trapped at near-hydrostatic

conditions and just responds to the increasing weight of the overburden, so that the
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in-situ pressures all increase by the same amount and the hydrostatic gradient is

maintained.

In nature there may be interactions among the fluid regimes in the sediments and

those in the salt and underlying crust, but we have chosen to suppress these by mod-

eling salt and crust as non-compacting materials containing only very small pockets

of fluid. Moreover, the fluid pressure regime in these models does not influence defor-

mation of salt (viscous incompressible flow) or that of the crustal material (effective

stresses do not exceed frictional-plastic yield stress).

Mechanical Compaction

Mechanical compaction is best demonstrated in models SL-Sa1 and SL-Sh1, in which

viscous compaction is nearly suppressed. During mechanical compaction, the rate of

porosity change depends on the rate of change of effective pressure (equation 3.6). In

a well-drained case, the time integrated increase of effective pressure will increase with

depth of burial and the integrated reduction in porosity should behave accordingly,

such that in model SL-Sa1 the porosities decrease uniformly with depth. Hydraulic

conductivities remain high enough to maintain hydrostatic fluid pressure.

The situation is different in model SL-Sh1, where the hydraulic conductivities

reach much lower values and overpressure develops. Accordingly, the time integrated

change of effective pressure with depth is lower than in model SL-Sa1, mechanical

compaction is reduced by comparison with the well-drained behavior near the surface,

and a less steep porosity gradient ensues (Figure 3.5d,h). In the limit of no additional

compaction and no fluid expulsion, the load of aggrading sediments increases the

mean stress and the pore fluid pressure equally, so that the effective pressure remains

the same (Figure 3.5c,g). The cessation of compaction with depth is only partly

related to the lock-off value of 10% porosity for mechanical compaction used here;

tests without a limiting minimum porosity showed similar results. The process of me-

chanical compaction is also activated in the progradation phase during gravitational

deformation, as discussed below.
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Viscous Compaction

Strong viscous compaction occurs in models SL-Sa2 and SL-Sh2, in addition to the

mechanical compaction described above. The rate of viscous compaction increases

with the effective pressure (equation 3.6), and the net compaction increases with the

time that a sedimentary section is exposed to this pressure. Conversely, the rate

decreases with decreasing porosity.

Owing to the time-dependence, viscous compaction may become much stronger

in long-lived basins than mechanical compaction as is seen, for example, in the case

of model SL-Sa2. This also leads to a reduction of the depth of overpressure with

time (compare Figures 3.4b,c and 3.4f,g). This reduction already develops before the

onset of gravity spreading, is uniform across the model and affects also the far distal

end. Therefore, it cannot be attributed to a changing stress regime during gravity

spreading.

Another consequence of the continuing viscous compaction is that the zone of

near-lithostatic fluid pressure progressively thickens and reaches approximately 2 km

in both model SL-Sa2 (progradation phase) and SL-Sh2 (aggradation phase). These

sediments have effectively no strength and could be considered as being in suspension

in the pore fluid. Such fluid pressures are unrealistic and a solution to this problem

is presented in Gradmann and Beaumont (2012, Chapter 4).

In the current formulation, viscous compaction only ceases when either the ef-

fective pressure becomes zero (lithostatic fluid pressure values) or the bulk viscosity

becomes very high, corresponding to near-zero porosities. In the models presented

here, the bulk viscosity, even at values of 1024 Pa s (model SL-Sh2), still enables com-

paction within the time span of tens of millions of years considered here (Figure 3.4h),

and compaction doesn’t stop until the effective pressure is zero.

The effect of porosity and related hydraulic conductivity on viscous compaction

can be seen by comparing sandstone-type and shale-type models. Differences in min-

imum porosity between the two sandstone-type models are approximately 30%, but

between the shale-type models only up to 10%. This demonstrates that viscous

compaction in the sandstone-type material with relatively high porosities and high

hydraulic conductivities is much more efficient than in the already mechanically com-

pacted shale-type material.
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Mean Stress and Lithostatic Pressure

A difference between mean stress and lithostatic pressure can be observed in the

sediment column of all models (mean stress is generally lower than lithostatic pressure

throughout the aggradation phase and larger than lithostatic pressure in the distal

regime after gravitational failure). Deviations from lithostatic stress are common

in tensile or compressive stress regimes, where the horizontal stress is smaller or

larger, respectively, than the vertical stress, here the load of the overburden. In the

frictional-plastic sediments of models SL-Sa2 and SL-Sh1, the high mean stress in

the compressional domain (during the progradation phase) indicates compressional

failure, the passive failure state, as is also indicated by velocities that show post-yield

deformation of the material.

The reduction in mean stress observed in the aggradation phases of all models is

generally indicative of a tensile stress system where sub-lithostatic pressure occurs

owing to deviatoric tension but is here linked to compaction. Whether the stress

state observed during vertical compaction represents tensional failure is a complex

question and is addressed in Gradmann and Beaumont (2012, Chapter 4).

Effects of Horizontal Shortening

As the system approaches a state of gravitational spreading, the mean stress in the

compressional region increases and becomes larger than the lithostatic pressure, as

noted above. This means that during gravitational deformation, there is an increase in

effective pressure and thus a phase of renewed mechanical compaction and increased

viscous compaction in the shortening part of the system. The effects are strongest

in the shallow, not yet strongly compacted sediments and fluid pressure increases

here. The accompanying decrease in overpressuring depth (white line in model SL-

Sh1, Figure 3.5f, see also Animation SL-Sh1) is then a direct indicator of change in

effective pressure, controlled by the horizontal compressive stress. As seen here, the

compressive stress is accordingly largest near the base of the slope (where depth of

overpressuring is shallowest) and smallest in the distal end of the salt basin. This

stress distribution is similar to that of earlier models of Gradmann et al. (2009), where

deformation localized at the toe of the slope but was absent at the seaward end of the

salt basin. Such a deformation pattern is, however, not observed in model SL-Sh1;
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and we attribute the folding at the end of the salt basin to the strong influence of

developing overpressures.

Decompaction

The increase in porosity (or decompaction) in model SL-Sh1 (Figure 3.5h) only occurs

after gravity spreading has started and the region experiences increased horizontal

stress. As can be seen from equation (3.6), porosity can only increase if either the

effective pressure is negative, which is unrealistic and does not occur in the model

set presented here, or if decompaction is mechanical and results from a decrease of

effective pressure with time. Such generation of secondary porosity has been observed

and studied in basins such as the Gulf of Mexico, and the decreasing effective pressure

has commonly been attributed to erosion and unloading (Corbet and Bethke, 1992;

Gordon and Flemings , 1998).

In the context of the present study, compaction itself is a more plausible mech-

anism for the decrease of effective pressure. Viscous compaction, in particular, can

lead to a substantial increase of fluid pressure, which reduces the effective pressure.

In the observed case of model SL-Sh1, the net porosity change is positive, suggesting

that the process of (mechanical) decompaction is here stronger than that of (viscous)

compaction. Another possible decompaction mechanism is the declining mean stress

(declining effective pressure) toward the end of deformation, which could allow the

sediment to decompact under high ambient fluid pressure. The models shown here

are, however, still experiencing deformation and this second mechanism cannot be

held responsible for the observed decompaction.

Comparison to Natural Systems

Typically, the fluid pressure in sedimentary basins remains hydrostatic to a depth

of 2-3 km, below which it increases and maintains values between hydrostatic and

lithostatic. Only model SL-Sh1 shows a similar pressure-depth relation. Other mod-

els either develop no overpressure (model SL-Sa1) and accordingly no gravitational

failure, or develop essentially lithostatic fluid pressure over thicknesses of several kilo-

meters (models SL-Sa2 and SL-Sh2). Such high and widespread fluid overpressures
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are unknown from relatively sand-rich sedimentary basins such as the Gulf of Mex-

ico (Galloway et al., 2000). Models with shale-type sediments and very high fluid

pressure would better apply to shale-dominated areas like the Niger delta (Ings and

Beaumont , 2010). Models with alternating sandstone-type and shale-type layers are

presented in Gradmann and Beaumont (2012).

3.6 Conclusions

In this study we presented 2D finite element models that couple compaction-induced

fluid pressures with mechanical deformation and investigated the compaction and

overpressuring behavior of sandstone-type and shale-type materials. Two sets of

model parameters were developed that control mechanical and viscous compaction

and yield the distinct behavior of the two materials. Primarily mechanically compact-

ing sandstone-type material maintains high porosities and hydrostatic fluid pressures.

Porosity in shale-type material, on the other hand, decreases rapidly and overpressure

develops.

Where mechanical compaction leads to overpressuring, the fluid pressure main-

tains a similar gradient as the mean stress. Compaction ceases because there is no

further change in effective pressure. Where viscous compaction leads to overpressure,

fluid pressure rises to lithostatic values given sufficient time. Decreasing porosities

slow this process but do not stop it. An improved formulation that avoids this pro-

tracted viscous compaction at low porosity is introduced in Gradmann and Beaumont

(2012, Chapter 4).

Shortening, as experienced in the distal part of a gravity-spreading system, strongly

increases the effective pressure and leads to a renewed phase of mechanical and viscous

compaction. Decompaction is disclosed as a process of reverse mechanical compaction,

owing to effective pressure that decreases with time, and mainly occurs in regions of

strong viscous compaction. This illustrates that the two compaction mechanisms are

different, yet coupled processes that need to be analyzed in conjunction with one

another.

The single-lithology models described here are only prototypes and cannot satis-

factorily reproduce observed pressure-depth profiles from mixed lithology sedimentary

basins or from the Oligocene setting of the northwestern Gulf of Mexico in particular.
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However, they are useful to demonstrate the basic mechanisms that operate in cou-

pled fluid-mechanical models and how these models can aid in the understanding of

gravitational failure in rifted margin salt-siliciclastic systems. Having demonstrated

the behavior of these prototypes, we investigate more complex systems, comprising

layered sandstone-type and shale-type lithologies, in Gradmann and Beaumont (2012,

Chapter 4).
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Chapter 4

Coupled Fluid Flow and Sediment Deformation in

Margin-Scale Salt-Tectonic Systems: 2. Layered Sediment

Models and Application to the Northwestern Gulf of Mexico

This chapter has been published as “Gradmann, S., and C. Beaumont (2012), Coupled

fluid flow and sediment deformation in margin-scale salt-tectonic systems: 2. Lay-

ered sediment models and application to the northwestern Gulf of Mexico, Tectonics,

doi:10.1029/2011TC003035.” Reproduced by permission of American Geophysical

Union. Minor editorial corrections have been applied.

4.0 Abstract

In Gradmann et al. (2012, Chapter 3) we described a methodology to model coupled

fluid flow and deformation in composite salt and siliciclastic tectonic systems and

investigated their compaction and overpressuring behavior prior to and during con-

tinental margin-scale gravitational spreading. Compaction-driven Darcy fluid flow in

clastic sediments is coupled through the effective pressure to their frictional-plastic

yield and mechanical deformation. Viscous flow of the underlying salt is independent

of fluid pressure. Gradmann et al. (2012) presented prototype models that are limited

to single uniform sediment lithologies, either sandstone-type or shale-type, that un-

dergo mechanical and volumetric viscous compaction. In this paper we present models

with layered sandstone-type and shale-type lithologies designed to better approximate

the more complex stratigraphy of the Gulf of Mexico, our natural example. A first

set of models demonstrates that layered lithologies can produce fluid pressure regimes

similar to those observed in sedimentary basins. We then introduce an improved for-

mulation of viscous compaction that includes a stronger dependence on porosity and

depth (used as proxy for temperature), thereby more strongly self-limiting viscous

122



123

compaction. A second set of models with the improved viscous compaction formu-

lation demonstrates that the onset of gravity spreading is mainly controlled by the

overpressuring in the landward end of the salt basin and that resulting shortening

in the distal part is partly accommodated by horizontal compaction. Models with

moderately high fluid pressures best reproduce conditions considered to have been

necessary for large-scale gravitational spreading in the northwestern Gulf of Mexico,

which led to the formation of the Perdido Fold Belt.

4.1 Introduction

In this study we model the effects of coupled fluid flow and deformation in the system

of continental-margin scale gravity spreading of sediments above salt. We compare

the results with a natural example that is approximately equivalent, the Oligocene

setting of the Gulf of Mexico. Gradmann et al. (2009) investigated the evolution of the

Perdido Fold Belt in the northwestern Gulf of Mexico, a large salt-cored deep-water

structure, and concluded that on average a Hubbert-Rubey pore-fluid pressure ratio of

approximately λHR=0.8 would have been needed to enable the system to fail and then

fold by gravity spreading. λHR is the ratio of fluid pressure to lithostatic pressure

(Hubbert and Rubey , 1959). Following Davis et al. (1983) we use λHR =
Pf−Pw

Plitho−Pw

for submarine conditions, where Pf , Plitho and Pw are the fluid pressure, lithostatic

pressure and the pressure of the water column, respectively.

The results presented in Gradmann et al. (2012, Chapter 3) demonstrated that

single-lithology models can develop sufficient pore-fluid pressure so that gravity spread-

ing and folding of a Perdido-like system (4.5 km thick clastic sediment layer overlying

salt) will occur if efficient viscous compaction generated high overpressures (c.f. mod-

els SL-Sa2, SL-Sh1). However, these prototype models are not suitable for direct

comparison with the Perdido system because neither the fluid pressure regime that

develops nor the modeled sediment lithology corresponds to those reported from sed-

imentary basins like the northwestern Gulf of Mexico. Here, the sedimentary section

comprises deep-water carbonates and several sandstone-dominated layers, which are

interlayered with multiple condensed, shale-dominated layers. The main focus of

Chapter 4 is therefore to investigate how composite, lithologically layered sediments
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above salt behave as gravity-spreading systems and under what pore-fluid pressure

regimes the Perdido Fold Belt may have evolved.

Compaction-driven Darcy fluid flow in clastic sediments is coupled through the

effective pressure to their frictional-plastic yield and mechanical deformation. Vis-

cous flow of the underlying salt is independent of fluid pressure. Gradmann et al.

(2012, Chapter 3) presented prototype models that are limited to single uniform sed-

iment lithologies with simple parameterizations of their properties. Sandstone-type

and shale-type sediments are discussed and modeled to study their contrasting behav-

ior. Both types of sediment compact by a combination of mechanical and volumetric

viscous processes. The single-lithology models are not representative of the more

complex stratigraphy of the Gulf of Mexico, our natural example, but serve to il-

lustrate the interactions among compaction, generation of fluid overpressure, and

gravitational failure and spreading.

Salt, which is viscously weak, is key to the process of gravity spreading because

it reduces basal traction and can act as a décollement layer. Channel (Poiseuille)

flow of the salt also assists the failure by applying an additional seaward directed

basal drag force on the overburden as it is squeezed and mobilized by differential

loading (Gemmer et al., 2004, 2005). The conditions of failure also depend critically

on the strength of the overburden and, therefore, on the second key component of the

problem, the fluid pressure regime (Gemmer et al., 2005; Gradmann et al., 2009).

We first describe conceptually the effects of alternating sealing and permeable

layers, and then relate them to the sedimentary units and current pore-fluid pres-

sure regime of the northwestern Gulf of Mexico (section 4.2). We briefly recap the

methodology used in the computations (section 4.3) and then describe simple nu-

merical models of sandstone-type and shale-type layered lithologies (section 4.4). In

section 4.5 we introduce an improved model for viscous compaction (pressure solution)

that includes the first-order effects of temperature-dependent volumetric viscosity and

report on the results of layered lithological models using this improved model. Overall

results are discussed and summarized in section 4.7.
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Figure 4.1: Measured and schematic pressure-depth profiles from sedimentary basins.
(a) Fluid pressures of the Monte Christo field, Hidalgo County, Texas. (After Left-
wich and Engelder , 1994). (b) Schematic fluid pressure profile of well-drained sand-
stone section underlain by sealing shale layer. (c) Schematic fluid pressure profile
of well-drained sandstone section overlain by sealing shale layer. (d) Schematic fluid
pressure profile of well-drained sandstone section interbedded by sealing shale layer.
(e) Schematic fluid pressure profile of well-drained sandstone section interbedded by
multiple sealing shale layers. Gray shaded areas mark the integrated effective pres-
sure, representative for the strength of the sediment column. (f) Fluid pressures from
the Perdido Fold Belt, northwestern Gulf of Mexico. (After Couzens-Schultz et al.,
2007).
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4.1.1 Conceptual Effects of Layered Lithologies on Fluid Pressures

Pore-fluid pressure regimes of sedimentary basins commonly look like the one shown

in Figure 4.1a, an example from the Gulf Coast of southern Texas. Here, fluid pres-

sure remains hydrostatic to a depth of 2.5 km and then rises rapidly down to a depth

of 3.5 km below which the fluid pressure gradient decreases, maintaining a nearly

constant value between hydrostatic and lithostatic pressures. Idealized pore-fluid

pressure regimes anticipated for a system of shale layers interbedded with sandstone

are schematically drawn in Figure 4.1b-e. The idealized materials are assumed to al-

most perfectly seal (shale) or perfectly drain (sandstone) the sediment column. Fluid

pressures in the well-drained material above a shale layer will remain hydrostatic as in

models SL-Sa1 and SL-Sa2 (Chapter 3, Figures 3.3 and 3.4). If a shale layer achieves

sufficiently low hydraulic conductivity during compaction, pore fluid can no longer be

expelled and the fluid pressure will increase as the shale layer is buried, resulting in

high (up to lithostatic) overpressures within the shale (similar to the experiment of

models SL-Sh1 and SL-Sh2 of Chapter 3, section 3.4). In the permeable sandstone be-

neath a shale layer fluids continue to circulate freely and have a hydrostatic gradient

(Figures 4.1c-e), but the pressure is offset because fluid pressures must be continuous

across lithological interfaces (Figure 4.1d). Multiple shale layers cause this pattern

to repeat with depth (Figure 4.1e). It is also common for fluid pressure gradients to

be larger than hydrostatic where located below seals (Figure 4.1a, Leftwich and En-

gelder , 1994). This may occur in sandstones with low hydraulic conductivities that

are mildly overpressured, or because of the effects of interspersed thin layers of clay

or shale.

It is easy to appreciate that fluid overpressures caused by one or more sealing

shale layers can strongly reduce the yield strength of the entire sediment column, even

though the intervening sandstones remain permeable. The effective yield strength σY

of the sediment is given by

σY = P − Pf · sin(ϕ0) = Peff · sin(ϕ0) = P · (1− λ) sin(ϕ0) (4.1)

where P, Pf and Peff are the mean stress, the fluid pressure and the effective pressure,

respectively, ϕ0 is the internal angle of friction and λ is the pore-fluid pressure ratio
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based on the mean stress. Only when mean stress and lithostatic pressure are equal

does λ=λHR hold. The overall strength of a sediment layer is obtained by integrating

the material strength over the layer thickness. For constant ϕ0 this integrated strength

is proportional to the integrated effective pressure
∫ z

0
Peff=

∫ z

0
P −Pf , which is shown

as grey areas in Figure 4.1b-e. It can be seen that seal layers near the top and base

of the section do not reduce the integrated strength significantly (Figure 4.1b,c), but

that a seal layer near the middle has a large effect (Figure 4.1d), and multiple seals

(Figure 4.1e) reduce the strength most efficiently.

4.2 The Northwestern Gulf of Mexico and the Perdido Fold Belt

The Gulf of Mexico opened as a rift basin in the Late Triassic to Early Jurassic

(Pindell and Dewey , 1982; Pindell , 1985; Salvador , 1991; Bird et al., 2005). The

Middle Jurassic Louann salt is commonly considered to be a post-rift succession,

deposited within a single, up to 3 km thick salt basin (Trudgill et al., 1999; Hall ,

2002). Recent reconstructions even suggest post- to syn-rift deposition of up to 5-

7 km thickness, but much thinner salt, possibly none, in distal parts of the margin

(Pindell and Kennan, 2007).

Deep-water carbonate deposition prevailed in the Gulf of Mexico throughout the

Cretaceous following Late Jurassic subsidence (Diegel et al., 1995; Peel et al., 1995;

Fiduk et al., 1999). In the early Paleocene the approximately 100m thick Midway

Formation, a deep marine shale, was deposited (Figure 4.2). Deposition of the up

to 1500m thick clastic Paleocene to early Eocene Wilcox Formation followed, which

was the result of tectonic uplift and erosion during the Laramide orogeny in northern

Mexico and the southwest US. This turbiditic unit extends 200-300 km away from

the contemporaneous shelf edge and has proven to be a major hydrocarbon reser-

voir rock (Meyer et al., 2007; McDonnell et al., 2008). During the middle to late

Eocene, deposition of coarse sediment was mostly confined to the shelf regions, while

the deep basin received mud-rich sediments or remained sediment-starved. Oligocene

volcanogenic crustal heating, uplift, and erosion of the southwestern United States

and northern Mexico resulted in the deposition of the coarse clastics of the Frio For-

mation. Subsequent sediment deposition in the northwestern Gulf of Mexico was

governed by limited supply (Fiduk et al., 1999; Galloway et al., 2000) after the main
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Figure 4.2: Stratigraphic column from the Late Mesozoic to Paleogene section of the
northwestern Gulf of Mexico (Modified from Galloway et al., 2000). Average shelf
progradation rates from Galloway et al. (2000), approximate sediment thicknesses of
the deep-water section extracted from Meyer et al. (2007) and complemented with
data from the mid-basin (McDonnell et al., 2008). Dark gray layers represent shales
and condensed sections, white layers represent more sand-rich sections.
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sediment input shifted eastward towards the Louisiana shelf and Mississippi delta

during the Miocene. Shelf progradation rates during the Cenozoic averaged approx-

imately 4mm/a in the northwestern Gulf of Mexico, but were highly variable, (Fig-

ure 4.2), short-term progradation rates reached up to 10mm/a in the early Eocene

and Oligocene (Galloway et al., 2000).

The salt tectonic evolution of the northwestern Gulf of Mexico is strongly linked to

its depositional history. Up to four phases of gravity spreading and gliding have been

reported (Figure 4.3a, Diegel et al., 1995; Peel et al., 1995; Radovich et al., 2007a).

This paper focusses on the youngest, Oligo-Miocene phase. The oldest observed

contractional deformation is connected to Paleocene shortening located landward of

the current shelf edge (Radovich et al., 2007a). It was followed by the development of

large-scale folds landward of the Perdido Fold Belt in the Eocene (Peel et al., 1995)

and the development of an allochthonous salt sheet. A third gravity-spreading system

developed above the allochthonous salt layer, as evident from the numerous Oligocene

extensional faults and the structures of the Port Isabel Fold Belt (Peel et al., 1995;

Rowan et al., 2004). The final phase of gravity spreading developed the Corsair fault

system and the Perdido Fold Belt as two linked domains of extension and shortening.

The Perdido Fold Belt is characterized by a train of symmetric, kink-banded de-

tachment folds, formed from a uniform, 4.5 km thick pre-kinematic layer (Figure 4.3c).

Its landward end is partly obscured by allochthonous salt but additional shortening

structures, located landward, have been identified, either as a separate Eocene folding

structure (Peel et al., 1995) or a landward continuation of the Oligo-Miocene Perdido

Fold Belt (Rowan et al., 2005; Radovich et al., 2007b). It is estimated that the dis-

tal part of this fold belt primarily formed within 10Ma from late Oligocene to early

Miocene, since syn-kinematic sedimentation is largely absent (Trudgill et al., 1999),

though some deformation of individual folds continued into the Neogene (Waller ,

2007).

4.2.1 Current Fluid Pressure Regime in the Northwestern Gulf of

Mexico

We lack direct information on the pore-fluid pressure regime in the Oligo-Miocene

Gulf of Mexico but summarize the present regime which may be broadly similar to
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paleo-pressures in places where little sediment has been added since deformation. The

Perdido Fold Belt is currently stable although the stresses induced by the differential

sediment load across the salt basin remain. As demonstrated by Gradmann et al.

(2009) and Gradmann et al. (2012), a system with a general pre-PFB geometry like

that of the northwestern Gulf of Mexico is gravitationally stable unless the overburden

sediments are exceptionally weak. High fluid pressures are considered the most likely

cause for destabilizing such a system. Lack of significant modern overpressures would

bring into question their putative role in triggering failure and ensuing gravitational

spreading of the system as a whole.

The fluid pressure regime of Figure 4.1a is representative of those reported from

along the entire US Gulf coast. In the western part, where there was little Neogene

sedimentation, the depth of overpressures lies within Oligocene sediments (Leftwich

and Engelder , 1994). In the northern and eastern part, where Neogene sedimenta-

tion was abundant, overpressuring occurs in Miocene-Pliocene sediments (Hart et al.,

1995). The nature of fluid pressures in the lower Cenozoic sediments above the land-

ward end of the salt basin is unknown.

By contrast, in the offshore, deep-water Gulf of Mexico several occurrences of shal-

low overpressure have recently been reported (Behrmann et al., 2006; Flemings et al.,

2008; Reilly and Flemings , 2010). Overpressuring can occur at depths as shallow

as 1-1.5 km. Such values are also reported from the Perdido Fold Belt (Figure 4.1f,

Couzens-Schultz et al., 2007). Here, the fluid pressures increase to near-lithostatic

values at the top of the Eocene Wilcox section and are hydrostatic above. Below the

maximum overpressures, they follow a hydrostatic gradient but a slight increase is

observed towards the Cretaceous section (Couzens-Schultz et al., 2007). This pattern

is broadly similar to the one shown in Figure 4.1d, where low permeability shale is

interbedded in highly permeable sandstone. Strong overpressures in the Perdido Fold

Belt also coincide roughly with the location of Eocene shales. We investigate similar

situations in the numerical experiments.
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4.3 Computational Methods and Model Design

4.3.1 Computational Method

The methodology for calculating the coupled fluid-mechanical deformation is summa-

rized in Gradmann et al. (2012) and discussed in detail in Morency et al. (2007). The

calculations comprise two parts which are coupled via the effective stress: compaction

combined with pore-fluid pressure development and the mechanical deformation of

the solid matrix. The most prominent effects of the coupling are that increasing

pore-fluid pressure (decreasing effective pressure) reduces the yield strength of the

sediment and facilitates deformation (section 4.1, equation 4.1), and that the mechan-

ical deformation has a feedback effect on the stress regime and therefore influences

the compaction behavior and evolving fluid pressures.

Equations for Darcy flow describe the pore-fluid flow in fully-saturated, porous

media, and compaction of the pore space provide the source and sink terms. Pore-

space reduction occurs as mechanical and viscous compaction (Gradmann et al., 2012,

section 3.2):

1

1− n

Dn

Dt
= −βb(n)

DPeff

Dt
− Peff

ξ(n)
(4.2)

where n is the porosity, t is time, βb is the bulk compressibility that macroscop-

ically describes mechanical compaction (e.g. Birchwood and Turcotte, 1994), and

ξ is the bulk viscosity describing viscous compaction. The bulk compressibility

βb(n) = (n − nc)βp depends here on the pore compressibility βp and the lock-off

porosity for mechanical compaction nc (Revil et al., 2002). In the case of decreasing

effective pressure (
DPeff

Dt
< 0), which would result in a porosity increase (mechanical

decompaction), the bulk compressibility in a given element is set to the lowest value of

βb that had been achieved during the previous model evolution. Viscous compaction

is determined by the bulk viscosity ξ(n) = μ/nr where μ is the matrix compactional

shear viscosity and r an empirical number that controls the decrease in compaction

efficiency with decreasing porosity.

Deformation of the porous material by large-scale plastic and viscous flow is cal-

culated by solving the force balance equation for creeping flow and conservation of

mass for the compacting material. We solve for the velocity field vs which comprises
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the large-scale flow as well as the volumetric compaction of the material. Frictional-

plastic failure is calculated using the Drucker-Prager yield criterion (equation 4.1).

The post-yield plastic flow is based on relation of stress and strain for viscous flow

2 ηeff

√
İ ′2=

√
J ′
2, where ηeff is the effective viscosity and J ′

2 and İ ′2 are the second

invariants of the deviatoric stress and strain rate, respectively (Willett , 1999). In

the frictional-plastic case the effective viscosity takes the value required to keep the

material at yield during the deformation.

The model uses an Arbitrary Lagrangian-Eulerian (ALE) formulation, in which

computations are made on an Eulerian grid that adapts vertically to the shape of the

evolving model domain while the material properties are tracked and updated using

a set of Lagrangian particles. The ALE approach allows the model to undergo both

large deformation and strain because the computation grid is not advected with the

flow nor distorted during deformation. As a result, the amount of strain that can be

accommodated in the calculations is not limited by the method.

4.3.2 Model Geometry

The models presented here have the same geometry as in Gradmann et al. (2012),

comprising an isostatically balanced, waterloaded, 260 km wide and 3 km deep salt

basin, tapering at both ends over a distance of 60 km, and laterally enclosed by

crustal material. All model parameters are listed in Table 4.1 and explained in detail

in Gradmann et al. (2012).

The models evolve in two phases. During phase 1, a laterally uniform sedimen-

tary sequence aggrades on top of the pre-existing salt layer with a vertical velocity of

vagg. Deposition of different materials results in interbedded shale-type layers within

the otherwise sandstone-like sediment package. In the northwestern Gulf of Mexico

at least five major shale-dominated sections have been identified (Figure 4.2). Un-

fortunately, their thicknesses (meters to tens of meters) are below the resolution of

our models. However, we can demonstrate their first-order aggregate behaviour by

choosing a model with only two, but thicker, shale-type layers; the first is deposited

above the lower third of the sediment column (Midway shale equivalent, Figure 4.2),

the second is deposited in the top third of the sediment column (representing the
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multiple Eocene shale layers, Figure 4.2). We also simplify the models by considering

only sand-type and shale-type lithologies.

As in Gradmann et al. (2012), we assume that the mainly aggradational phase

that resulted in a 4.5 km thick sediment column lasted approximately 100Ma and

accordingly set vagg=0.055mm/a, thereby accounting for compaction of the aggrading

material. The two shale-type layers are then deposited during 40-60Ma and 90-110Ma

of elapsed model time. This simplified design does not allow for the often very variable

rates and durations of carbonate, shale and sandstone deposition in the Cretaceous

to Palaeogene northwestern Gulf of Mexico.

During phase 2, sediments prograde onto this sedimentary sequence in the form

of a seaward moving half-Gaussian profile. This profile is specified by the landward

and seaward bathymetries (delta-top and toe, h1 and h2) and the margin height

(h1 − h2=3km), margin width (w=100 km), initial position of the shelf break, and

progradation velocity (vprog=5mm/a). Sediment is added to fill the accommodation

space below the profile, sediment above the profile is not removed. The additional sed-

iment loading is flexurally compensated by an elastic beam (D=1022Nm) at the base

of the model and assuming an underlying inviscid fluid with density ρm=3300 kg/m3.

The main interest again lies in the system’s behavior during gravity spreading

occurring in phase 2. Phase 1 is necessary to achieve a compacted sediment layer with

a self-consistent fluid-pressure regime as a starting configuration for the progradation

phase.

4.3.3 Material Properties

In the models, salt is a linear viscous material with constant viscosity (ηsalt =

1018 Pa s). Crust and sediments are frictional-plastic materials with an internal angle

of friction of ϕ0=30◦ and zero cohesion. Crust and salt are treated as low poros-

ity, nearly non-compacting materials that maintain a hydrostatic pore-fluid pressure

gradient.

Sediments undergo mechanical and viscous compaction, both controlled by the

parameters of surface porosity (n0=50% for sandstone-type and shale-type material),

surface hydraulic conductivity (k0=10−6 and 10−9m/s for sandstone-type and shale-

type, respectively), and the power law relationship between porosity and hydraulic
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conductivity K=K0

(
n
n0

)m

(m=5 and 9 for sandstone-type and shale-type material,

respectively).

Mechanical compaction is furthermore controlled by the pore compressibility (βp=10−7

Pa−1 for both sandstone-type and shale-type material) and the lock-off porosity

(nc=30% and 10% for sandstone-type and shale-type material, respectively). Viscous

compaction in models presented in section 4.4 is controlled by the compactional shear

viscosity (μ = 1022 or 2 · 1022 Pa s for both sandstone-type and shale-type material)

and the porosity-viscosity exponent r = 1. In the second set of models (section 4.5)

the compactional shear viscosity varies with depth (μ = μ(z)) and r = 2.

The choice of parameters results in distinct compaction behavior for the two ma-

terials (see Gradmann et al., 2012). Mechanical compaction of the shale-type material

results in rapid porosity loss within the upper two kilometers and additional viscous

compaction leads to strong overpressuring. The sandstone-type material exhibits

more gentle compaction with depth and is mainly affected by mechanical compaction.

4.4 Multiple Lithology Models

The two model experiments ML-1 and ML-2 (ML=Multiple Lithology) differ only in

the compactional shear viscosity of μ=1022 Pa s and μ=2 · 1022 Pa s. The deposition

of shale-type layers during sandstone-type aggradation and following progradation

phase are identical. All other material properties are the same as the ones used in

the single lithology models of Gradmann et al. (2012) and as listed in Table 4.1.

4.4.1 Model Results

Model ML-1, μ=1022 Pa s (strong viscous compaction)

Aggradation phase

At the end of the aggradation phase of model ML-1 (Figure 4.4) the highest pore-

fluid pressure ratios can be found at a depth of 2-3 km within the lower shale-type

layer (Figure 4.4b). The pressure-depth plot at 250 km (Figure 4.4c) shows that fluid

pressures remain hydrostatic above the lower shale-type layer and increase to near-

lithostatic values within it. In the underlying sandstone-type layer the fluid pressure
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mostly maintains a hydrostatic pressure gradient but increases near the bottom. Fig-

ure 4.4d shows the corresponding porosity and conductivity variations.

Progradation phase

After 50Ma of sediment progradation (Figures 4.4e-h) the fluid pressures have in-

creased strongly, weakened the sedimentary material and allowed gravity spreading to

occur (Figure 4.4e,f). The resulting deformation comprises zones of extension in the

landward end and pure-shear thickening and minor folding in the seaward end. The

folding is focussed above the distal pinch-out of the salt layer and even continues be-

yond it. The regions of overpressures that were observed at the end of the aggradation

phase (lower shale-type layer and bottom of lower sandstone-type layer) broadened.

In the landward half, fluid pressures reach lithostatic values only in the lowermost

2-3 km of the sediment column at 9-15 km depth (Figure 4.4f). The fluid pressure

above the distal half of the salt basin is now close to lithostatic throughout the sed-

iment column. Prior to gravitational failure, overpressures in the upper shale-type

layer remain hydrostatic (Figure 4.4c), but increase as this region experiences lateral

compression (Figure 4.4g). Porosities in the shale-type layers are here approximately

18% and 15% for the upper and lower layer, respectively (Figure 4.4h). Both layers

have experienced decompaction where the minimum porosity during model evolution

(light blue curve in Figure 4.4h) is lower than the current porosity. Porosities in the

sandstone-type layers have decreased to a few percent.

Model ML-2, μ=2 · 1022 Pa s (less viscous compaction)

Aggradation phase

At the end of the aggradation phase of model ML-2 (Figure 4.5), overpressures

have developed in the lower shale-type layer (Figure 4.5b) but to a lesser extent than

in model ML-1 (Figure 4.4b). No overpressures developed in the lowermost sandstone-

type layer where the fluid pressure gradient remains hydrostatic (Figures 4.5c). Fig-

ure 4.5d shows the corresponding porosity and conductivity variations.

Progradation phase

During the progradation phase, gravity spreading does not develop and the system

remains immobile (Figure 4.5e). Significant overpressures develop only in the lower

shale-type layer and the underlying sandstone with near-lithostatic values at the
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landward end and values of λHR <0.9 at the seaward end. Here, minor overpressures

also develop in the upper shale-type layer and at the base of the lowermost sandstone-

type layer (Figure 4.5g). Porosities in both shale-type and sandstone-type material

remain higher in the seaward section than in model ML-1; shale-type porosities are

approximately 20% and sandstone-type porosities approximately 5-20% except for

very low values at the base (Figure 4.5h). Decompaction has only taken place in the

lower shale layer.

4.4.2 Discussion

Effects of layered lithologies

In the two models of layered lithologies with differing viscous compaction efficiency,

overpressures develop in the deeply buried shale-type layer during the aggradation

phase, whereas the fluid pressures in the permeable sandstone-type layers generally

maintain a hydrostatic gradient. In the upper shale layers no overpressure develops

during the aggradation phase, partly because the thinner overburden allows excess

fluid to escape and because there is less compaction in the upper shale layer than in the

lower one (lower effective pressure and compaction has operated for less time). The

overall pressure-depth curves are similar to the conceptually drawn ones (Figure 4.1b-

e) and those obtained from bore hole measurements in sedimentary basins (compare

Figures 4.4c, 4.5c and 4.1a). In the natural and both of the model cases, overpressures

start to develop at depths of 2-3 km. Below this interval, the hydrostatic model

gradients are somewhat lower than those obtained from bore-hole measurements,

which is not surprising because the natural material is likely less permeable than the

idealized sandstone-type model material. We conclude that a typical pressure-depth

profile of a sedimentary basin (e.g. Figure 4.1a) can be generated by aggradation of

sediments of alternating compaction characteristics.

The increase in fluid pressures at the very base of the lower sandstone-type layer in

model ML-1 (Figure 4.4c) occurs in the same manner as in model SL-Sa2 (Gradmann

et al., 2012, Figure 3.4) and is a consequence of strong viscous compaction generated

by the high overburden load and the long time the material is exposed to viscous

compaction (>100Ma).
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Gravitational failure

During the progradation phase, only model ML-1 with the more strongly compacting

materials undergoes gravitational failure. This must be attributed to the earlier and

stronger overpressuring and associated sediment weakening in this model. Whereas

the fluid pressure in model ML-1 has reached lithostatic values (in >10 km depth

at the landward end and >1 km depth at the seaward end), the fluid pressure of

model ML-2 remains much lower throughout the entire model domain (λHR <0.95

in the deep landward sediments, λHR <0.8 in the seaward sediments). Gradmann

et al. (2009) predicted a minimum value of λHR ≈0.75-0.8 in order for gravitational

failure to occur in approximately the same system when fluid pressures are uniform.

The current results show that gravitational spreading can occur when overpressures

are relatively low in the shallower sediments provided overpressures are high in the

deeper sediments. The threshold for failure lies somewhere between the conditions in

model ML-1 and ML-2, demonstrating that the system is in its current description

very sensitive to relatively small variations in viscous compaction. Variations of

other parameter values can, of course, also trigger gravitational failure, as the current

models are non-unique.

Decompaction

Both models ML-1 and ML-2 experience decompaction in the shale-type layers, de-

spite the implementation of a minimum bulk compressibility. As discussed in Grad-

mann et al. (2012, model SL-Sh1 and section 3.5), this can again be traced back

to decreasing effective pressures during enhanced compaction and overpressuring as

the region experiences enhanced lateral stresses. In the models, decreasing effective

pressure reverses mechanical compaction, leading to porosity increases. The strong

porosity increase in the upper part of the lower shale-type layer of model ML-1 (Fig-

ure 4.4h) is likely different as it correlates with unrealistic, supra-lithostatic fluid pres-

sures and negative effective pressures. Here, decompaction probably operates via the

inverse viscous compaction mechanism. In natural systems such high fluid pressures

would induce hydrofracturing and subsequent fluid and pressure release by leaking

or fault-valving. Such a mechanism has been tested in the numerical experiments

but was so far only successful in decreasing the fluid pressures locally. Despite this
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unrealistic development, however, the modeled systems can be considered to behave

reasonably up to the point where fluid pressures become lithostatic.

Fold belt evolution

Folding as a result of gravity spreading initiates at the distal pinch-out of the salt

layer (Figure 4.4e). Subsequent shortening is accommodated by folding seaward of

this location, forming a fold belt by detaching on the highly overpressured shale-type

layers but not above the viscous salt layer (corresponding model output later than

50Ma is not shown here). This is a major discrepancy with respect to the structure

of the Perdido Fold Belt and, moreover, demonstrates that overpressures are most

likely too high in the basal sediments of model ML-1. As Figure 4.4g shows, fluid

pressures are now close to lithostatic everywhere, and the strength of the sediment

column is therefore almost completely eliminated.

Sensitivity to compactional shear viscosity

Models ML-1 and ML-2 demonstrate that variations as small as a factor of two

in compactional shear viscosity can lead to large changes in overpressure and can

induce gravitational failure. The strong viscous compaction in model ML-1 leads to

what are likely unrealistically high overpressures in both compacting materials and

to porosities in the lowermost part of the sandstone-type layer, which are an order

of magnitude smaller than observed in natural sandstones. Similar behavior was also

seen in the models with low compactional shear viscosity of Gradmann et al. (2012,

models SL-Sa2 and SL-Sh2).

The high sensitivity with respect to the compactional shear viscosity indicates

that this parameter needs more careful treatment. Whereas it remains constant with

depth in models ML-1 and ML-2, pressure solution is known to depend, for example,

on temperature and grain contact area.
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4.5 Models with Depth-Dependent Compaction Viscosity

In this section we present models that again consist of layered lithologies but also

include an improved formulation of the compactional shear viscosity. We first ex-

plain the motivation and implementation of a depth-dependent compactional shear

viscosity, then present and discuss several numerical experiments. These improved

models now focus on the evolution of a distal fold belt and the interaction among

deformation, compaction, and fluid pressures.

4.5.1 Motivation for Depth-Dependent Compactional Shear Viscosity

In the models described in the previous section, the compactional shear viscosity μ

is assumed to be constant and the bulk viscosity is estimated by ξ(n) = μ/n. This

simple approach has the effect that even sediments with low porosities continue to

compact given large enough time scales of several tens of millions of years. As shown

in models SL-Sa1 (Gradmann et al., 2012) and ML-1, porosities decrease to values of

<0.5% and fluid pressures may then increase to near-lithostatic values over unrealistic

thicknesses of a few kilometers. Minimum porosities of most compacted siliciclastic

sediments are on the order of several percent and higher (Revil et al., 2002). In

a natural system, increasing grain contact area during compaction will decrease the

locally acting stresses, and compaction by pressure solution must therefore ultimately

cease at sufficiently low porosities. We therefore introduce an improved but simple

model for viscous compaction by pressure solution in which ξ(n) = μ/nr, where

1 ≤ r ≤ 2 (e.g. Scott and Stevenson, 1984). Lower values for r are considered

suitable for porosities above 10% (Helle et al., 1985) or uncemented material (Yang ,

2001; Paterson, 1973), whereas the compaction behavior of cemented material with

very small porosities is best described with r=2. With such higher values for r, the

bulk viscosity increases rapidly as the porosity decreases, thereby approximating the

stress-limiting process accompanying increasing grain contact area.

Although we model pressure solution as a viscous process following, for example,

Rutter (1976), Dewers and Ortoleva (1990), Schneider et al. (1996) and Connolly

and Podladchikov (2000), others have argued that pressure solution is like a chemical

reaction and proceeds rapidly to a thermodynamic equilibrium state such that the
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time dependence of compaction is not important (Palciauskas and Domenico, 1989;

Stephenson et al., 1992; Revil , 2001). Our model now considers that the compacting

system tends to a level where porosities do not decrease further on the timescale

of interest, thereby approximating the ‘equilibrium state’, unless the effective stress

subsequently increases (equation 4.2).

4.5.2 Formulation of Depth-Dependent Compactional Shear Viscosity

Because pressure solution is a thermally activated process, viscous compaction must

also be a function of temperature T , i.e. μ = μ(T ). Pressure-solution creep essentially

consists of three phases: pressure-enhanced solution, solute transport (diffusion) and

precipitation. Diffusion is generally considered the slowest and therefore rate-limiting

process (Rutter , 1976; Angevine and Turcotte, 1983; Gratz , 1991). The strain rate is

described by ε̇ = σ ·C ·exp(−Q
RT

), where C is a material-specific value that includes the

effects of geometry and grain size, Q is the activation energy, and R is the universal

gas constant. The temperature-dependent compactional shear viscosity can then be

written as

μ = μr · exp
(

Q

RT
− Q

RTr

)
(4.3)

where μr is the reference compactional shear viscosity at reference temperature Tr.

The activation energy for diffusion-controlled creep in sedimentary rocks ranges from

20-60 kJ/mole (Schneider et al., 1996; Kawabata et al., 2009). This value can be con-

sidered as a combination of the activation energies of temperature-dependent diffusion

(QD ≈15-30 kJ/mole) and solubility (QS ≈20 kJ/mole) (Kawabata et al., 2009).

Given that our current model does not calculate the temperature field, we test the

effect of temperature dependence of shear viscosity by assuming a uniform geothermal

gradient and use depth as proxy for temperature

T = T0 +
dT

dz
· z (4.4)

where T0 is the temperature at the sea floor, z is burial depth, and dT/dz is the

geothermal gradient.
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Under these circumstances the compactional shear viscosity can also be written as

a function of the e-folding length l, which represents the depth over which the value

of the compactional shear viscosity increases by a factor of e.

μ = μr · exp
(
zr − z

l

)
(4.5)

where l ≈ RT 2

QdT/dz
(Connolly and Podladchikov , 1998).

With the combined effects of temperature and porosity dependence, the bulk

viscosity is now given as

ξ = μr · exp
(

Q

RT
− Q

RTr

)
/nr (4.6)

4.5.3 Implications of Depth-Dependent Compactional Shear Viscosity

Reference values for shear viscosities or actual bulk viscosities spread over wide ranges

in the literature. Most commonly, values of 5 · 1020-5 · 1021 Pa s are used for formu-

lations where shear viscosity is constant (Paterson, 1973; Birchwood and Turcotte,

1994; Suetnova and Vasseur , 2000). Connolly and Podladchikov (2000) calculate

viscosity-depth trends for various parameter combinations and apply these models

to the porosity-depth profiles of the Pannonian basin. They conclude that in or-

der for fluid pressures to remain hydrostatic to depths of 3 km, shear viscosities of

μr=1020-1021 Pa s are required (at reference depth 3 km) for activation energies of

Q=20-40 kJ/mole. Over depths of several kilometers, viscosities then range from

μ=1019-1023 Pa s and are consistent with the values cited for constant shear viscosi-

ties.

Figure 4.6 shows the variation of the compactional shear viscosity and bulk vis-

cosity with depth given by equation (4.6). The reference compactional shear viscosity

is μr=5 · 1022 Pa s at the seafloor (zr = 0m and Tr=277K), the thermal gradient is

dT/dz=25K/km, and the activation energy is Q=35 kJ/mole. Porosity is approxi-

mated as decreasing linearly over depth from 50% at the surface to 0% at 5 km depth.

A non-linear porosity-depth curve, as it is expected for the compacting sediments,

would slightly modify the viscosity-depth curve.
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The temperature (or depth) dependency of the compactional shear viscosity de-

creases the bulk viscosity with depth, but the porosity dependence increases the bulk

viscosity with depth (Figure 4.6a). These two competing trends result in a mini-

mum of the bulk viscosity at a certain depth below which the porosity dependence

dominates and the bulk viscosity increases.

Depending on the values of Q, Tr and dT/dz, the location and magnitude of

the minimum bulk viscosity (maximum viscous compaction) will vary. Figure 4.6b

shows this behavior with different e-folding lengths, here achieved through different

activation energiesQ=20, 35 and 50 kJ/mole, which correspond to the range of natural

values for activation energies for sandstones or shales (Rutter and Mainprice, 1978;

Angevine and Turcotte, 1983; Schneider et al., 1996; Kawabata et al., 2009). The

minima of the bulk viscosities now lie within the range of 2.5-3 km depth or 20-25%

porosity. The temperature gradient has a similar influence on the compactional shear

viscosity and bulk viscosity to that of the activation energy (Figure 4.6c).

4.5.4 Model Design

For the numerical experiments presented in this section, we keep all parameters ex-

cept for the activation energy Q constant. Its value is only poorly constrained by

measurements but has a large influence on the resulting compactional shear viscosity

values. We vary Q from 20 to 35 kJ/mole (e-folding lengths l between ca. 750 and

1250m). Other parameters are set to μr=5 · 1022 Pa s, Tr=277K, dT/dz=25K/km

and r=2. This yields minimum values of compactional shear viscosity at a depth

of 2-3 km (Figure 4.6b), the approximate depth where overpressuring is expected to

occur in a tectonically quiet setting, such as that of the Gulf of Mexico (section 4.2).

The temperature gradient of 25K/km represents a low to medium value as expected

for sedimentary basins and consistent with the values calculated for the northwestern

Gulf of Mexico (Husson et al., 2008). As in the previous models, we do not differ-

entiate between shear viscosities of sandstone-type and shale-type material because

estimates are not sufficiently comprehensive or accurate to distinguish between Q-

values for shale-type and sandstone-type material. We again attribute the differing

compaction behavior of the two end-member materials to the porosities and associated

hydraulic conductivities which control both mechanical and viscous compaction.
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The models again include an aggradation phase that includes the deposition of

two shale-type layers. During the progradation phase, additional shale-type layers

are deposited for 3Ma every 10Ma in order to represent the younger sediments of

mixed lithology landward of the Perdido Fold Belt.

4.5.5 Model Results: Gravity Spreading, Shortening, Fluid Pressure,

and Compaction

Figures 4.7-4.10 show the evolution of models ML-Q20, ML-Q25, ML-Q30 and ML-

Q35 with corresponding activation energies Q of 20, 25, 30 and 35 kJ/mole. Each

model is only shown in the progradation phase: at the onset of gravity spreading

(a,e), at the time of strongest folding (b,f,h,i), and at the time when the fold belt

has fully developed (c,d,g). The progradation phase of model ML-Q30 is addition-

ally shown as an animated version for better visualization of the model evolution

(Animation MLQ30.mov, supplementary material1).

All four models become gravitationally unstable, but model ML-Q20, the least

mobile, exhibits only minor amounts of shortening (Figures 4.7-4.10, a-d). At the

onset of gravity spreading, the fluid pressure beneath the shelf has reached similar

values in all four models across a zone of c. 1 km thickness (Figures 4.7-4.10e). More

time is required to achieve these pressures in models with lower activation energies

(39Ma vs. 26Ma), reflecting the less efficient compaction.

The amount of shortening that occurs during gravity spreading is larger in the

models with stronger compaction, as is shown by the displacement of passive markers,

originally located at 250, 300 and 350 km (Figures 4.7-4.10d). Cumulative shortening

within the distal 100 km of the model amounts to approximately 6, 18, 20, and 22 km

for models ML-Q20 to ML-Q35, respectively. It is accommodated by folding in models

ML-Q25 to ML-Q35, but model ML-Q20 does not develop a fold belt. The fold belt

length (60, 90 and 110 km in models ML-Q25 to ML-Q35, respectively) increases with

compaction efficiency. The same progression does not hold for the fold amplitude,

where model ML-Q30 with a moderately high compactional shear viscosity develops

1Supplementary material is provided as electronic attachments and is described in Appendix D.
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the largest fold amplitudes (200, 500 and 400m in models ML-Q25 to ML-Q35, re-

spectively). In all three fold belts, the thickness of the folded layer has increased by

approximately 12-15% by the end of folding, indicating pure-shear thickening.

In the landward regions of all four models, the pore-fluid pressures are similar

(near-lithostatic) at the onset of gravity spreading (Figures 4.7-4.10e). At the end

of the folding phase (Figures 4.7-4.10g), both stronger and shallower overpressures

developed in the models with higher viscous compaction efficiency. Near-lithostatic

fluid pressures occur at depths of 10 km in the mobilized part of model ML-Q20, and

correspondingly at depth of 5-6 km in the mobilized, landward part of model ML-Q35.

The pore-fluid pressures above the seaward part of the salt basin differ significantly

among the different models, even at similar stages of evolution (Figures 4.7-4.10, e-g).

In general, the models with higher activation energies (stronger viscous compaction)

develop higher overpressures both prior to deformation (Figures 4.7-4.10e) and after

it (Figures 4.7-4.10, f-h). The zones of high overpressures correspond to the shale-

type layers with reduced porosity and hydraulic conductivity (Figures 4.7-4.10i). The

shale-type porosity has decreased to progressively lower minimum values from model

ML-Q20 (minimum shale-type porosity of c. 18%) to model ML-Q35 (minimum shale-

type porosity of c. 15%) at the end of folding. The differences in the minimum porosi-

ties of the central sandstone-type layer are larger (28, 25, 23 and 20% for models

ML-Q20 to ML-Q35, respectively).

Decompaction occurred in the lower shale-type layer of all four models during

the gravity-driven deformation (Figures 4.7-4.10i), despite the implementation of a

minimum bulk compressibility. The resulting porosity increase (2-3% in each model)

is due to inverse mechanical compaction, which occurs in the models when effective

fluid pressures decrease during overpressuring (see Gradmann et al., 2012). The fluid

pressure exceeds the mean stress only in model ML-Q35 in the lower part of the

deeper shale-type layer. This is physically not correct and the corresponding porosity

values in this region therefore need to be considered with caution.
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4.5.6 Discussion

Onset of Gravity Spreading

All four models become unstable when a similar level of overpressure evolves in the

landward end of the margin. This suggests that the overpressure of the landward

sediments controls the stability of the system to a much larger degree than that at

the distal end of the basin. This can be explained by the shear force of the décollement

layer that counteracts the seaward translation of the overburden and decreases linearly

with the thickness of the décollement layer. The landward end of the tapering salt

layer constitutes a thin décollement layer, highly resistant to deformation. High

overpressure in the sediments above the salt taper effectively widens the weak layer

and allows deformation to occur under less friction. The finding that the onset of

gravity spreading primarily depends on the deep but not the shallow overpressures

modifies the statement of Gradmann et al. (2009) that uniform overpressures of λ=0.8

would have been needed for gravity spreading of a Perdido-like system. The fact that

higher fluid pressures develop faster in the models with higher activation energies

is a direct consequence of the stronger viscous compaction, operating on shorter

timescales.

Folding and Shortening

As discussed in section 4.5.5, increased shortening across model ML-Q20 to ML-Q35

does not directly correlate with increased fold amplitudes. This indicates that short-

ening is not solely accommodated by folding; pure-shear thickening and lateral short-

ening by compaction also play a role.

The amount of pure-shear thickening (given by the thickness increase of the folded

compared to the unfolded section, approximately 5.2 vs. 4.5 km) is similar in all three

fold belts (Figures 4.8-4.10c). It suggests that this type of deformation does not

contribute to the different fold amplitudes of the models but that lateral shortening

owing to compaction may be responsible for the smaller fold amplitudes of model

ML-Q35. In order to separate the contributions of folding, compaction and pure-

shear deformation that constitute the shortening of a gravity-driven system, a clear

separation of the respective strains as well as a clear definition of the terms is needed.
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Discussion of ‘vertical’ and ‘horizontal’ compaction

The terms ‘vertical’ and ‘horizontal’ compaction are often used to describe porosity

loss as a result of a vertically or horizontally compressive stress regime. These are

misleading terms for the models described here, since compaction (volume loss) oc-

curs only in response to pressure (equation 4.2) and is therefore a volumetric process,

implying that it is independent of direction. This formulation of pressure-dependent

compaction is widely used in soil mechanic theories. The process usually denoted by

the term ‘vertical’ compaction can be understood notionally as the superposition of

volume loss by compaction, which leads to shortening both horizontally and vertically

(Figure 4.11, central panel), plus superimposed pure-shear flattening which increases

the vertical shortening of the matrix and expands it laterally to its original width

(Figure 4.11, top right panel). The net strain is here only vertical, corresponding,

for example, to compaction of uniformly aggraded sediments in the absence of any

tectonic stress, where fluid expulsion results in vertical, but no horizontal, shorten-

ing. During this process of so-called vertical compaction, pure-shear flattening ac-

companies volumetric compaction because the maximum principal stress is vertical.

Equivalently, horizontal compaction is here the product of porosity loss by volumetric

compaction plus superimposed pure-shear shortening and thickening in response to a

horizontal maximum principal stress (Figure 4.11, bottom right panel). Both defor-

mations must be closely coupled such that the deviatoric deformation of the matrix

keeps pace with the compaction.

Figure 4.11: Schematic of vertical and horizontal compaction, representing the super-
position of volumetric compaction and pure-shear flattening or pure-shear thickening.
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This coupled volumetric compaction and pure-shear deformation must be taking

place in the numerical models, because compaction is strictly defined as a volumetric

process. Accompanying pure-shear deformation implies that the matrix must undergo

frictional-plastic failure.

Whether this concept of directional compaction can be transferred to the natural

system is not easily answered. Support for this interpretation comes from shear

failure in compacting sediments. Numerical and analogue experiments of Shin et al.

(2008) demonstrate that small volume loss by compaction reduces the horizontal

stress exerted by the sediment to the point that the sediment fails under deviatoric

tension. This is exactly the first stage notional behavior described above, followed by

shear deformation of the sediment that results in the pure-shear vertical flattening

accompanying the volumetric compaction in the models.

Vertical and horizontal compaction in the numerical models

We established that the amount of shortening in models ML-Q20 to ML-Q35 can

be accommodated by folding (simple-shear deformation), pure-shear thickening and

horizontal compaction, where the latter process here comprises the superposition of

volumetric compaction and associated pure-shear deformation. The numerical models

distinguish between total volumetric, total pure-shear and total simple-shear strain

rates. It is not possible, however, to directly separate the fraction of volumetric and

pure-shear deformation that stem from horizontal compaction from those stemming

from vertical compaction and self-contained pure-shear thickening.

Nevertheless, certain conclusions can be drawn from the plots of accumulated vol-

umetric strain and porosities and the comparison of these parameters from the folded

and unfolded section of each model. The differences in volumetric strain between mod-

els ML-Q25 to ML-Q35 are not large (Figure 4.12a-c), only model ML-Q35 shows a

larger total volumetric strain - and therefore larger total volumetric compaction - in

the central sandstone-type layer. Decompaction occurs in the lower shale-type layer

of all models with largest intensity in model ML-Q30. The porosities in the fold belt

(Figure 4.12d-f, black curve) generally reflect the compaction associated with com-

bined vertical and horizontal shortening. The sediments in the region beyond the salt

basin (Figure 4.12d-f, gray curve), however, only experienced vertical shortening. The
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difference between the porosities of the fold belt and of the distal section therefore

indicates the process of horizontal compaction and is marked as grey areas in Fig-

ure 4.12d-f. Porosity is additionally affected by decompaction, which occurs mainly

in the lower shale-type layer of all models (Figure 4.12a-c). This layer is therefore

omitted here from the consideration of porosity changes.

All three models show generally lower porosities in the folded than in the unfolded

section (Figure 4.12d-f) indicating that the folded layers all experience horizontal

compaction. The porosity difference in model ML-Q30 is much smaller than that

in model ML-Q35, which supports the idea that less shortening was accommodated

by horizontal compaction here. However, the porosity difference of model ML-Q30

is also smaller than that of model ML-Q25, although it experienced less shortening

and operates with less efficient viscous compaction. A possible explanation may be

that compaction efficiency is limited more by the higher pore-fluid pressure in the

upper sediments of models ML-Q30 and ML-Q35 than it is enhanced by the higher

activation energy Q.

There isn’t sufficient evidence to conclude that horizontal compaction would be

the primary cause for the different fold amplitudes of models ML-Q30 and ML-Q35.

An additional cause may be decompaction, which strongly affects the shale-type layers

of model ML-Q30, especially in the fold anticlines (Figure 4.12b,e), and may add to

the growth of folds. Furthermore, the shale-type layers of model ML-Q30 are slightly

thicker than in model ML-Q35, due to less compaction but equal duration of depo-

sition during the aggradation phase, and may ‘host’ more decompaction. Without

proper elimination of decompaction we cannot draw a final conclusion on the mech-

anisms affecting the growth of folds. Nevertheless, we can state that higher viscous

compaction efficiency must play a role in accommodating more shortening as evi-

denced by the behavior of models ML-Q30 and ML-Q35. The activation energy Q is

only one parameter that characterizes viscous compaction and other parameters that

also have a direct control (thermal gradient, reference compactional shear viscosity)

are expected to show a similar influence on the system’s deformational behavior.
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Figure 4.12: (a-c) Plots of the total volumetric strain of the fully developed fold
belts of models ML-Q25, ML-Q30, and ML-Q35 accumulated during the progradation
phase. Model ML-Q30 exhibits the strongest decompaction (b), model ML-Q35 the
strongest volumetric strains (c). (d-f) Porosity-depth profiles of the three models
from the folded and unfolded sections. The segments of the profiles within a single
layer from the distal section have been stretched to match those of the folded section.
The grey areas mark the current differences in porosity, and hence differences in total
volumetric strain, and can be taken as an indicator of horizontal compaction in the
fold belt. See text for more details.
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Comparison with Northwestern Gulf of Mexico

When comparing the fold belts that develop in the models to the Perdido Fold Belt of

the northwestern Gulf of Mexico, criteria such as duration of folding, fold-belt length,

fold amplitude, and fold shape can be used. The fluid pressure regimes that develop

in the models can to some degree be compared with the current observations from

the northwestern Gulf of Mexico.

The Perdido Fold Belt likely formed in a relatively short period of c. 10Ma (Trudg-

ill et al., 1999) with minor folding activity continuing into the Neogene (Waller , 2007).

This time frame correlates best with the more unstable models ML-Q30 and ML-Q35,

in which fluid pressures develop more quickly and to higher values. Equally, the fold

belt lengths of these two models correspond better to the natural system than that of

model ML-Q25. Regarding the fold amplitudes, only model ML-Q30 exhibits larger

folds although these are still about half the size of the natural folds. Too little de-

formation (owing to the lower fluid pressures of model ML-Q20) or potentially too

strong lateral compaction (owing to the high viscous compaction of model ML-Q35)

both yield very small fold amplitudes. The overall discrepancy of the amplitudes of

modeled and natural folds is likely related to pure-shear thickening within the model

fold belt which accommodates a significant part of the shortening (here 12-15%) but

has not been identified in the Perdido Fold Belt. However, given the likely small mag-

nitude of pure-shear thickening, it may be difficult to image with seismic methods.

The folds of the Perdido Fold Belt are characterized as kink-banded folds (Camerlo

and Benson, 2006), but our models show more sinusoidal folds. This can, for exam-

ple, be attributed to the chosen implementation of flow laws for rocks and the limited

model resolution that cannot reproduce the thinly layered sediments commonly asso-

ciated with kink folds.

The fluid pressures in the numerical models show certain similarities to the current

fluid pressure regime of the northwestern Gulf of Mexico. Onset of overpressures in

the onshore and shelf areas of the Gulf of Mexico occurs at depths of approximately

3 km (Leftwich and Engelder , 1994, and section 4.2) but at depth of 5-10 km in the

numerical models (shallowest overpressures in model ML-Q35). These relatively large

differences likely reflect the comparison of the outcome of the time-dependent process

of viscous compaction at different times in the evolution of the system. Furthermore,
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the local sedimentation rates, which can be very high in the extensional domain of the

modeled systems, can influence the timing of overpressure development. In the deep-

water domains of the Gulf of Mexico anomalously high shallow overpressures (depth

1-1.5 km) have been reported from several locations (Figure 4.1f and Behrmann et al.,

2006; Couzens-Schultz et al., 2007; Flemings et al., 2008; Reilly and Flemings , 2010).

Such fluid pressure regimes develop in the numerical models only where horizontal

compression leads to overpressuring of shale-type layers at this depth (see Gradmann

et al., 2012, and section 4.4) and is therefore consistent with model ML-Q25 to ML-

Q35. Additionally, the lithology-dependent fluid-pressure variations in the models

are consistent with those of the Perdido Fold Belt (Figure 4.1f). Here, overpressures

develop in the uppermost Eocene section that contains several shale layers (equivalent

to the upper shale-type layer in the models) and fluid pressures in the underlying

Wilcox Formation remain hydrostatic (equivalent to the central sandstone-type layer

of the models).

4.6 Limitations of the Models

The models presented here can only be regarded as a first approximation of the fluid-

deformation interactions that operate on a continental margin on various time and

length scales. However, our models give insights into the fundamental large-scale

processes related to fluid-pressure evolution and salt tectonics. Certain limitations of

the models are imposed by the software, others by its application to our problem of

the northwestern Gulf of Mexico.

Simplifications and assumptions that enter the mathematical description of Darcy

fluid flow in compacting material are discussed in Morency et al. (2007). The soft-

ware does not include fluid-pressure generation driven by other mechanisms than

compaction (e.g. mineral transformations, like the smectite-illite transition, or hy-

drocarbon generation). We therefore assume here that all strong overpressuring can

be captured by the description of compaction-driven fluid pressure generation. The

implementation of compaction is currently incomplete, as it is not treated as a fully

irreversible process and decompaction can occur. A better implementation will be

needed for more detailed analysis of the models.
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We here consider gravity spreading on a continental margin as a primarily two-

dimensional process because the structures of the northwestern Gulf of Mexico extend

for several tens of kilometers along strike. Effects of three-dimensional deformation

and fluid flow can then be omitted. Averaging and upscaling of model parameters,

which are commonly obtained from bore-hole or laboratory measurements, was neces-

sary in order to investigate the large-scale problem of gravity spreading on a continen-

tal margin: Several thin shale layers were approximated by a few thick ones, hydraulic

properties of the model material are considered to represent large-scale behavior (not

necessarily laboratory measurements), and sedimentation rates were averaged over

several tens of millions of years. We expect certain effects on overpressure generation

of the smaller-scale variations of model parameters (thinly layered shale, faulting as

mechanism for rapid fluid pressure release, variable sedimentation rates), but consider

these of secondary importance to the large-scale behavior.

4.7 Summary and Conclusions

In section 4.4 we showed that models with alternating sandstone-type and shale-type

lithologies can yield fluid pressure regimes that are consistent with those observed

in sedimentary basins. Here, overpressures develop in the less permeable shale-type

sediments, whereas fluid pressures within the sandstone-type layers maintain a hydro-

static gradient; overpressures develop at approximately 3 km depth. Interspersal of

overpressured layers (shale layers) can effectively reduce the strength of the sediment

column.

In section 4.5 a new formulation of the compactional shear viscosity is presented

that includes a stronger porosity-dependency and depth-dependency of the com-

pactional shear viscosity. This entails a stronger self-limiting nature of viscous com-

paction and impedes the development of unreasonably large zones of very high over-

pressures. A set of models with varying viscous compaction efficiency (models ML-

Q20 to ML-Q35) demonstrates that the occurrence of gravity spreading is mainly

controlled by the overpressuring in the landward end of the salt basin, where near-

lithostatic fluid pressures are required locally within a layer of c. 1 km thickness. These

results put into perspective the calculations ofGradmann et al. (2009), where uniform,
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high overpressures were assumed throughout the sediment columns of the landward

and distal end of the salt basin.

Shallow overpressures, as observed in the deep-water region of the Gulf of Mex-

ico, only occur in the numerical models where the system experiences compression,

which augments the effective pressure and hence drives compaction and decreases

permeability.

Models with higher compaction efficiency develop higher overpressures; the gravity

spreading system is more mobile and experiences more distal shortening. However,

strongest shortening does not correlate with strongest folding. We conclude that

other modes of shortening, in particular so-called horizontal compaction, accommo-

date shortening in the models with high compaction efficiency. Effects of mechanical

decompaction during overpressuring and effects of varying thickness of the shale-type

layers between the models may also play a role.

The model with moderately high compaction efficiency (model ML-Q30) shows

the strongest resemblance to the natural system of the Perdido Fold Belt in the

northwestern Gulf of Mexico with respect to the fold-belt length, duration of folding

and to fluid pressures across the folded layers. This indicates that strong overpressures

must have developed prior to and during the formation of the Perdido Fold Belt but

that too strong compaction and overpressuring of the sediments might again have

decreased the efficiency of fold belt evolution.

The models presented in this paper demonstrate that fluid-pressure generation

and deformation are strongly coupled in a salt-tectonic system experiencing gravity

spreading. Compaction (and associated shortening) is strongly influenced by the

changes in stress caused by overpressuring and by large-scale mechanical deformation.
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Chapter 5

Numerical Modeling Study of Mechanisms of Salt Canopy

Evolution and their Application to the Northwestern Gulf of

Mexico

5.0 Abstract

Salt canopies are common salt-tectonic structures and are key players in the struc-

tural evolution of a salt basin as well as in the associated development of hydrocarbon

systems. This study employs 2D finite-element models, which involve the dynamical

interaction of viscous salt and frictional-plastic sediments in a gravity-spreading sys-

tem, to investigate the evolution of an Eocene canopy that developed in the center of

a large autochthonous salt basin in the northwestern Gulf of Mexico (GoM).

Three different salt expulsion and canopy formation concepts are tested that have

been proposed in the salt-tectonic literature. 1) The squeezed diapir mechanism holds

that shortening of a region containing pre-existing diapirs will be absorbed by the salt

(the weakest part of the system), which is then expelled onto the seafloor. 2) The

expulsion rollover mechanism causes salt to be expelled laterally and to the surface

from beneath evolving rollover structures and can operate in a neutral stress regime.

3) The breached anticline mechanism requires substantial shortening of salt-cored

folds such that the salt breaches the anticlines and is expelled to the seafloor. Where

diapirs are required as precursory structures for canopy formation, their evolution

is included in the models to assure a continuous, non-abrupt evolution of the salt-

sediment system.

All three canopy mechanisms can, in general, produce allochthonous salt struc-

tures. But only the squeezed diapir models capture a large number of key features

of the Eocene paleocanopy of the northwestern GoM: the sub-canopy structures, the

canopy’s lateral extent, as well as the delayed deformation of the cover above the dis-

tal part of the salt basin. It is also possible that the three different mechanisms may
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have acted in combination or sequentially. The mechanism of breached anticlines,

for example, may best explain the evolution of a younger, further seaward located

canopy.

5.1 Introduction

Allochthonous salt is defined as a body of salt at a stratigraphic level higher than

its own depositional (autochthonous) level (Jackson and Talbot , 1991). A salt sheet

is loosely defined as an allochthonous salt body with a subhorizontal dimension that

is several times larger than its vertical dimension. A canopy strictly consists of two

or more coalesced salt sheets (Jackson and Talbot , 1991). However, the term canopy

is often applied to single large salt sheets where it is not feasible to determine the

number of feeders as they may have been pinched off or are obscured in seismic data

by the overlying salt. Definitions of the salt-tectonic terminology used in this chapter

are given in the glossary (AppendixA).

Allochthonous salt sheets have been reported from many onshore and offshore

sedimentary basins worldwide (see Jackson, 1995; Hudec and Jackson, 2006, and ref-

erences therein). Nevertheless, the mechanisms of emplacement and advance of salt

sheets remain poorly understood. This is related to a number of factors, including

difficulties in sub-salt seismic imaging and resulting poorly defined kinematic struc-

tural relationships below salt sheets; as well as limited quantitative understanding of

the rheological and mechanical processes at work during salt-sheet evolution. This

study addresses the latter issue through forward quantitative modeling of salt-sheet

evolution.

The work focuses on both the general mechanisms of salt-sheet and canopy de-

velopment and on the particular case of an Eocene canopy in the northwestern GoM

(GoM, Figures 5.1 and 5.2a,b), which today is only preserved as a detachment layer

that was active during the Oligocene. Even though the salt has been evacuated, many

features of this paleocanopy and the timing of subsequent salt-tectonic deformation

of the region can be reconstructed from the seismically well imaged overlying and ad-

jacent strata. The aim of this study is to find out how this Eocene canopy most likely

evolved by first investigating three different canopy emplacement mechanisms with

numerical experiments and subsequently comparing them to the Oligocene-Eocene
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setting of the northwestern GoM. The canopy has been a laterally extensive struc-

ture, sprawling along the continental margin. It is therefore considered suitable to

investigate its first-order evolution with 2D numerical models, but relevance of out-

of-plane salt flow for the regional evolution cannot be excluded.

Figure 5.1: Regional map of northern Gulf of Mexico showing the Cenozoic fold
belts as well as the location of salt canopies and their classification (after Peel et al.,
1995; Fiduk et al., 1999). Neogene canopies are shown in dark grey (I-II), Paleo-
gene to Miocene canopies in medium grey (III&V) and Eocene-Oligocene canopies in
light grey (IV&VI). The Sigsbee canopy (canopy II) is the largest Neogene canopy.
Canopy IV is subject of this study.

5.1.1 Development of the Northwestern Gulf of Mexico

Depositional History

The Gulf of Mexico (GoM) opened as a rift basin in the Late Triassic to Early Juras-

sic (Pindell and Dewey , 1982; Pindell , 1985; Salvador , 1991; Bird et al., 2005). The

Middle Jurassic Louann salt is commonly considered to be a post-rift succession, de-

posited within a single, up to 3 km thick salt basin (Trudgill et al., 1999; Hall , 2002).

Recent reconstructions even suggest post- to syn-rift deposition of up to 5-7 km thick-

ness (Pindell and Kennan, 2007). Deep-water carbonate deposition prevailed in the

GoM throughout the Cretaceous (Diegel et al., 1995; Peel et al., 1995; Fiduk et al.,

1999). Two major episodes of clastic sediment input occurred during the Paleogene.
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The lower Eocene Wilcox Formation was deposited as the result of tectonic uplift

and associated erosion during the Laramide orogeny in northern Mexico and in the

southwest US. This turbiditic unit extends 200-300 km away from the contempora-

neous shelf edge and has proven to be a major hydrocarbon reservoir (Meyer et al.,

2007; McDonnell et al., 2008). Rejuvenated uplift and erosion during Oligocene vol-

canogenic crustal heating in the southwestern United States and northern Mexico

caused renewed influx of coarse clastics of the Frio Formation.

During the Miocene the main sediment input shifted eastward towards the Louisiana

shelf and Mississippi delta (Fiduk et al., 1999; Galloway et al., 2000), and Neogene

sedimentation in the northwestern GoM accordingly slowed down. Shelf progradation

rates during the Cenozoic averaged approximately 4mm/a in the northwestern GoM,

but were quite variable (Figure 5.3), shorter-term progradation rates reached up to

10mm/a in the early Eocene and Oligocene (Galloway et al., 2000).

The Late Mesozoic to Paleogene sedimentary succession of the northwestern GoM

has a relatively uniform thickness across most of the distal half of the salt basin (Fig-

ure 5.2a, Trudgill et al., 1999; Meyer et al., 2007; McDonnell et al., 2008). Reasons

for this uniform deposition are only poorly understood but are possibly related to a

very wide, salt-cored marginal wedge that shaped the continental slope (Pindell and

Kennan, 2007).

The influence of thermal subsidence on sediment distribution and salt movement

in the GoM remains unsatisfactorily understood. Various models for rifting and as-

sociated thermal subsidence have been proposed (classic McKenzie model (Salvador ,

1991; Diegel et al., 1995), asymmetric rifting (Pindell and Kennan, 2007), back-arc

basin formation (Stern and Dickinson, 2010)). But because salt movement and litho-

spheric tectonothermal processes additionally influenced the subsidence history, no

consistent picture has been assembled yet.

Salt Tectonic Structures in the Northwestern Gulf of Mexico

The salt-tectonic evolution of the northwestern GoM is strongly linked to its de-

positional history. Up to four phases of gravity spreading and gravity gliding have

been reported for the northwestern GoM (Figure 5.2a, Diegel et al., 1995; Peel et al.,

1995; Radovich et al., 2007b) and multiple Cenozoic canopies evolved in this region
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Figure 5.3: Sediment succession of the Texan shelf for the Late Mesozoic to Paleo-
gene. Dark gray layers mark shale-dominated lithologies. Average shelf progradation
rates from Galloway et al. (2000). Approximate sediment thicknesses extracted from
pre-kinematic section of Perdido Fold Belt (Meyer et al., 2007) and central part of
salt basin (Rowan et al., 2005; McDonnell et al., 2008). Approximate phases of defor-
mation and canopy evolution from Peel et al. (1995); Diegel et al. (1995); Radovich
et al. (2007b) and Rowan et al. (2005).



180

(Figure 5.1, Peel et al., 1995). During both gravity spreading and gravity gliding, mo-

bilized underlying salt assists gravitational deformation (see glossary). Many linked

systems of extension and shortening show a combination of these two mechanisms

(Schultz-Ela, 2001).

Widespread extension occurred during Late Cretaceous to Miocene times in the

northwestern GoM with the majority of faults soling out in the autochthonous salt

sheet. The oldest observed contractional deformation is connected to Paleocene short-

ening located landward of the current shelf edge (Radovich et al., 2007b). It was

followed by the development of large-scale folds landward of the Perdido Fold Belt

in the Eocene (Peel et al., 1995) and the development of the salt canopy investi-

gated in this study. The increased sediment input during the deposition of the early

Eocene Wilcox Formation and subsequent sediment starvation may have influenced,

perhaps controlled, the expulsion and spreading of the allochthonous salt during this

time. None of the multiple landward-situated extensional features have been directly

correlated with the formation of the paleocanopy.

The subsequent evolution of the northwestern GoM is conceptually shown in Fig-

ure 5.4, as proposed by Rowan et al. (2005) and in parts modeled by Gradmann et al.

(2009). With continuing deposition of the Frio sediments in the Oligocene, a third

gravity-spreading system developed above the allochthonous salt layer, as is evident

from the numerous Oligocene extensional faults and the structures of the Port Isabel

Fold Belt (Peel et al., 1995; Rowan et al., 2004) (Figure 5.4b). Shales deposited dur-

ing the late Eocene sea-level lowstand likely participated as additional detachment

surfaces (Peel et al., 1995; Diegel et al., 1995; McDonnell et al., 2009). During the

final, late Oligocene to Miocene phase of gravity spreading the enhanced sediment

load above the autochthonous and allochthonous salt activated the Corsair fault sys-

tem and caused the folding of the Perdido Fold Belt (Figure 5.4c, Rowan et al., 2005;

Radovich et al., 2007b; McDonnell et al., 2009; Gradmann et al., 2009).

As evident from the 4.5 km thick pre-kinematic section of the Perdido Fold Belt,

this last phase of gravity spreading was the first salt-tectonic deformation to affect the

distal end of the salt basin. Slightly different dates for the fold belt evolution (first

minor folding event occurred in early Oligocene) as well as additional minor activity

phases (reactivation during late Miocene-Pliocene) have been proposed (Fuqua, 1990;
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Figure 5.4: Schematic salt-tectonic evolution of the northwestern GoM from Eocene
to recent as outlined in Rowan et al. (2005). Light grey represents autochthonous and
allochthonous salt bodies. The Eocene canopy shown in (a) is equivalent to canopy IV
shown in Figure 5.1. Active faults and deformational surfaces are indicated by arrows.
Not to scale.
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Diegel et al., 1995; Peel et al., 1995; Trudgill et al., 1999;Waller , 2007). Folding struc-

tures landward of the Perdido Fold Belt, which are partly obscured by allochthonous

salt, have been interpreted either as a separate Eocene fold belt (Peel et al., 1995)

or as a landward continuation of the Oligo-Miocene Perdido Fold Belt (Rowan et al.,

2005; Radovich et al., 2007b). A second canopy is located just landward and above

the fold belt and must therefore be of same age or younger.

The two canopies of the northwestern GoM are only two of a large set of canopies in

the GoM that exhibit a large variety of sizes and temporal evolution (Figure 5.1). The

most notable is the Sigsbee salt canopy (labeled canopy IIa & IIb in Figure 5.1), which

extends several hundred kilometers along and up to 200 km across the margin (Peel

et al., 1995; Diegel et al., 1995). The oldest of the mapped, large-scale canopies are the

two Eocene-Oligocene canopies in the northwestern and northern GoM (canopy IV

and VI of Figure 5.1) which acted as large-scale detachment systems in the Oligocene-

Miocene. Because of later sediment loading, reactivation and possibly dissolution

these canopies are in most places only preserved as salt welds. Consequently their

timing and extent are poorly constrained; a joint evolution of both canopies has also

been suggested (Diegel et al., 1995). Allochthonous salt sheets are also found to the

west and east of the Sigsbee canopy (canopies I & III, Figure 5.1), but have been

inferred to have different emplacement histories than that of the central canopy (Peel

et al., 1995). This study focuses on the northwestern GoM and its Eocene canopy

(canopy IV). Possible similarities to the northern canopy (canopy VI, Figure 5.2c,d)

and implications for the western canopy (canopy III) are also discussed.

5.1.2 Evolution of Salt Sheets and Canopies

This study focusses on salt sheets and canopies that evolved during thin-skinned,

gravity-driven salt tectonics in passive margin environments but were never exposed

to the tectonic extension or shortening of the underlying crust. Salt sheets can extend

for several tens of kilometers, have thicknesses of several hundreds to thousands of

meters and generally overlie sedimentary strata, which can also be several kilometers

thick (Peel et al., 1995). Salt sheets may even occur as tiered systems, as reported

from the GoM (Diegel et al., 1995). Salt sheet emplacement, originally interpreted

as sill-like intrusion (Nelson and Fairchild , 1989), is now considered to be generally
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extrusive along the land surface or seafloor (Fletcher et al., 1995), although some

cases of smaller, sill-like intrusions (salt wings) are known from the North German

Basin (Hudec, 2004). The mechanisms by which the salt, which is often denser than

the surrounding near-surface sediments, is brought up to the surface or seafloor, and

the early stages of its spreading as it develops into a sheet, remain mostly conceptual.

Only the salt-sediment interaction occurring near the top of the diapirs has been

studied on outcrops in Iran, Romania and Mexico (see references in Jackson, 1995;

Giles and Lawton, 2002). Factors influencing salt-sheet advance that follows the

earlier ‘extrusion’ phase, have been studied and documented in detail (Fletcher et al.,

1995; McBride et al., 1998; Hudec and Jackson, 2006).

The primary driver of salt-sheet advance is the slope of the basal surface and

the pressure difference across the salt sheet stemming from varying thicknesses of

the salt or from the load of a sedimentary overburden. Crestal bulges indicate locally

thickened salt and have been observed near the centers of subaerial salt glaciers. They

are an expression of additional regional pressure, over and above buoyancy forces,

that squeezes the feeders and expels salt upward. Crestal bulges may rise several

hundreds of meters above the surrounding salt plateau during phases of intensive

salt-sheet advance (Talbot , 1998; Talbot and Aftabi , 2004). Similarly, submarine salt

sheets usually have a frontal relief of several hundreds of meters at their toes (Fletcher

et al., 1995; Hudec and Jackson, 2006), indicating that such a large pressure difference

is necessary to drive salt-sheet advance. In contrast to thick salt sheets, subaerial

mobile tongues of salt glaciers (namakiers) can be as thin as several tens of meters

(Talbot , 1998; Talbot and Aftabi , 2004) when they flow downslope and are weakened

by meteoric waters (Talbot and Rogers , 1980).

The rate of salt-sheet advance additionally depends on the salt viscosity, estimated

to range from 4 · 1018 − 1019 Pa s in extruding submarine salt (Fletcher et al., 1995).

Whether individual salt sheets will coalesce into canopies depends on their spreading

rate, the amount of salt available, the distance between individual feeders and the

contemporaneous sedimentation.

Here, the less well-studied mechanisms of salt extrusion are investigated. Three

conceptual mechanisms are named after the principal structures involved (Figure 5.5):



184

(1) squeezed diapirs, (2) expulsion rollovers, and (3) breached anticlines. These mech-

anisms have been proposed in the salt-tectonic literature (Diegel et al., 1995; Rowan

et al., 2005; Gradmann et al., 2009), but have not yet been quantitatively studied.

All three mechanisms may occur in a submarine post-rift margin setting and can be

considered responsible for the evacuation of salt, its extrusion and emplacement at

a higher structural levels. Furthermore they may drive lateral salt flow and amal-

gamation of salt sheets into canopies with multiple salt feeders. For the first two

mechanisms of canopy evolution, diapirs can be important precursory structures. In

the models presented here they evolve through a new mechanism (based on uneven

sedimentation) that can take place in a neutral regional stress system and thereby

does not interfere with the subsequent canopy phase (section 5.3 and Appendix 5.9).

Figure 5.5: Schematic diagrams of different concepts for canopy evolution. (a)
Squeezed diapir mechanism (after Rowan et al., 2004). (b) Expulsion rollover mech-
anism. Black dots mark location of salt weld (after Rowan and Inman, 2005). (c)
Breached anticline mechanism. Shortening is here generated by gravity spreading
(after Gradmann et al., 2009).
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Canopy Concept I: Evolution from Squeezed Diapirs

The squeezed diapir mechanism for the evolution of a salt canopy (Figure 5.5a) op-

erates in a compressive stress regime where shortening is more easily absorbed by

the diapirs because they are the weakest part of the system (Diegel et al., 1995).

The squeezing and shortening of the diapirs pump salt to the surface where it may

advance as a salt sheet. The pressures evolving in the diapirs are crucial as they

must assist in rupturing the sedimentary roof, if this exists, and the rate of upward

salt flow must be sufficiently high to exceed sedimentation rates in adjacent basins.

A high flow rate furthermore amplifies the crestal bulge and thereby enhances the

rate of salt advance, allowing adjacent salt sheets to coalesce. The squeezed diapir

mechanism has, for example, been proposed by Diegel et al. (1995) to have formed

the canopy in the northern GoM (Figure 5.2c). The mechanism of salt canopy forma-

tion requires pre-existing diapirs as well as regional shortening. These processes are

addressed separately in section 5.4 and Appendix 5.9.

Canopy Concept II: Evolution from Expulsion Rollovers

The evolution of an allochthonous salt sheet formed by an expulsion rollover against

a salt high requires pre-existing thickened salt - either a diapir, or salt inflating land-

ward of a basement high (Figure 5.5b i). As sediments prograde onto the thick salt

layer (Figure 5.5b ii), the differential load squeezes the underlying salt seaward, which

then further inflates the distal salt and ultimately lifts it up onto the seafloor (Fig-

ure 5.5b iii). Sediment above the elevated salt will likely be thin owing to the positive

relief generated by the inflated salt and possibly enhanced erosion here. Under these

circumstances cover strata may be more easily pierced by the inflating salt. Extrusion

will cease when the expulsion rollover fully closes off the feeder, leaving a landward-

dipping (counter-regional) salt weld (Figure 5.5b iv). Sediment progradation may con-

tinue and transfer the process of lateral salt evacuation onto the allochthonous level.

Two end-members of this process of salt-expulsion have been described. Ge et al.

(1997) and Adam and Krezsek (2012) demonstrate with analogue models in which

silicone represents salt, that basin-wide expulsion rollovers (several tens of kilometers

wide) can evacuate salt and develop allochthonous structures. Here, salt pinches out

against basement highs, where salt inflation and expulsion are localized. If several
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basement steps are present, this type of behavior has the potential to develop a true

canopy that is supplied by more than one feeder (Ge et al., 1997, their Figure 10).

Rowan et al. (2005) invoke several smaller-scale expulsion rollovers to explain

canopy evolution in the northern GoM, where no direct evidence of extension or short-

ening has been brought forward. They interpret a series of seaward-leaning welded

feeders to be the remnants of diapirs between minibasins through which salt was ex-

pelled onto the seafloor as the minibasins became asymmetrically loaded and devel-

oped into expulsion rollover structures. The term minibasin is used for a sedimentary

basin of several kilometers extent that exhibits rapid growth owing to expulsion of

underlying salt (see glossary).

Both cases of salt-sheet evolution are investigated, distinguished by the lateral

extent over which differential sedimentation acts (regional and local scale). Our end-

member scenarios of expulsion rollovers develop in a neutral stress regime in order to

separate them from the effects of other canopy evolution mechanisms.

Canopy Concept III: Evolution from Breached Anticlines

Canopies may also evolve through the mechanism of breached anticlines (Figure 5.5c),

whereby substantial shortening, induced for example by gravity spreading or gliding,

can generate a salt-cored fold belt above the autochthonous salt layer (Figure 5.5c i).

As folds are progressively shortened and tightened, high bending stresses develop

along the fold hinges and bring the overburden closer to failure. Buoyant salt can

eventually breach the anticlines and extrude to the seafloor (Figure 5.5c ii and iii),

generating salt sheets. This process may also be enhanced by erosion common above

shortening structures (e.g. Coward and Stewart , 1995; Heiniö and Davies , 2006).

If the distance between the diapirs extruded from each anticline is sufficiently

short, a true salt canopy can form with only moderate amounts of salt required from

each breached anticline. Gradmann et al. (2009) demonstrated with numerical models

that this process can explain the evolution of the salt canopy adjacent to the Perdido

Fold Belt (canopy II, Figures 5.1 and 5.2a)
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5.2 Finite Element Numerical Modeling

Two-dimensional mechanical finite element models are used here to investigate the

evolution of salt canopies in a rifted continental margin setting.

Viscous Creeping Flow

The models calculate plane-strain, incompressible, viscous-plastic fluid flow (Fullsack ,

1995; Willett , 1999). Deformation is governed by the equation of motion (creeping

flow with conservation of momentum and no inertial forces) and the equation for

conservation of mass, which, for incompressible flow (sediment compaction is treated

separately), can be written as zero divergence of the velocity.

∂P

∂xj

+
∂σij

∂xi

+ ρ gj = 0 i, j = 1, 2 (5.1)

∂vi
∂xi

= 0 (5.2)

where summation is implied over repeated indices, vi are the spatial velocity compo-

nents, P is the mean stress, xi are the spatial dimensions, ρ is the density, and g is the

gravitational acceleration acting in the j = 2 direction. σij is the stress tensor that

relates to strain rates by the constitutive law for incompressible viscous deformation

σij = P δij + 2 ηe ε̇ij (5.3)

where δij = 1 when i = j and δij = 0 when i �= j, ηe is the effective viscosity, and ε̇ij

is the strain rate tensor defined by

ε̇ij =
1

2

(
∂vi
∂xj

+
∂vj
∂xi

)
. (5.4)

ηe is constant for linear viscous materials (salt) and stress dependent for the non-linear

viscous sediment overburden (equation 5.6). Equations (5.1) and (5.2) are solved using

an Arbitrary Lagrangian-Eulerian (ALE) finite element method in which computa-

tions are made on an Eulerian grid that stretches vertically to adapt to the evolving

model geometry (Fullsack , 1995). The material properties are tracked and updated
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using a set of Lagrangian particles that move with the calculated velocity field. This

approach allows calculations to be made for very large deformation.

Material Rheology

Sediments and basement are modeled as brittle frictional-plastic materials with strength

that increases with pressure and that follow a Drucker-Prager yield criterion, which

is equivalent to the Coulomb criterion for incompressible, plane-strain deformation:

J ′
2
1/2

= P (1− λ) sinϕ0 + C cosϕ0 (5.5)

where J ′
2 =

1
2
σ′
ij σ

′
ij is the second invariant of the deviatoric stress (J ′

2
1/2 is the yield

stress), λ is the pore-fluid pressure ratio (ratio of fluid pressure to mean stress; note

that this differs from the Hubbert-Rubey definition of λHR, the ratio of fluid pressure

to lithostatic pressure), ϕ0 is the internal angle of friction and C is the cohesion. The

effects of pore-fluid pressure on the material strength can alternatively be considered

to be included in an effective angle of friction sinϕe=(1− λ) sinϕ0 that describes the

strength of the fluid-saturated sediments. When fluid pressures are hydrostatic, λ

is approximately 0.4-0.5. Fluid overpressures increase λ to >0.9, and at λ=1, when

fluid pressure equals lithostatic pressure, the fluid-filled sediments have effectively no

strength (other than cohesion).

The plastic flow at yield is also described by equations (5.1) to (5.4) but in this

case the effective viscosity is stress dependent:

ηe =
1

2

(
J ′
2

İ ′2

)1/2

(5.6)

where İ ′2 =
1
2
ε̇′ij ε̇

′
ij is the second invariant of the deviatoric strain rate (Willett , 1999).

By assigning this numerical viscosity to a material at yield, it is assured that the flow

stress satisfies the yield condition (equation 5.5).

Salt (here to first order considered pure halite) is treated as a linear viscous ma-

terial with constant viscosity, η, and no cohesion. Viscous material has no yield

strength.
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Compaction

Compaction of model sediments is achieved through a prescribed density-depth de-

pendence (Korvin, 1984), that reflects porosity reduction with increasing burial depth

z:

ρsed = ρg − (ρg − ρw) Φ0 e
−c z (5.7)

where ρsed, ρg, and ρw are the densities of the fluid-filled sediment, the grain ma-

trix, and the pore fluid, respectively. Φ0 is the initial surface porosity and c is the

compaction coefficient. The current density of each sedimentary finite element is cal-

culated in each timestep depending on its burial depth z. Densities increase with

burial but do not decrease during exhumation, becasue sediments are assumed not

to decompact. In addition, in order to account for mass loss as fluid is expelled, the

volume of each element decreases kinematically by vertical contraction as the density

increases. It is assumed that expelled fluids are lost from the system, but mass of the

grains and of the remaining pore fluid is conserved. Horizontal compaction likely also

occurs in the natural systems, but it is not taken into account. Effects of compaction

on sediment strength or coupling with pore-fluid pressures are not included except in

that the pressure includes the effect of increasing density with burial depths (equa-

tion 5.5). Other model materials (salt, crust) have constant densities, are thereby

incompressible.

Geometry, Isostasy, and Sedimentation

The numerical models presented here represent a simplified continental margin set-

ting in which a layer of salt is overlain by pre-existing and aggrading/prograding

sediments. A detailed description of the model geometry is given in section 5.3 and

listed in Table 5.1. The entire system is submarine. The weight of the water col-

umn is applied as a force acting normal to the seafloor, thereby increasing the solid

and fluid pressures within the model materials. The initial model configuration is in

local isostatic equilibrium. During the model evolution additional and redistributed

loads, exerted by sediments, salt and water, are isostatically compensated at each
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timestep using an elastic beam at the base of the model with flexural rigidity D and

an underlying inviscid fluid with density ρm.

The model bathymetry zsed(x) (positive upward) is determined according to the

chosen sedimentation model (Figure 5.6). A prograding shelf-to-slope sedimentary

wedge is represented by a profile with a half-Gaussian shape

zsed(x) =

{
0 x ≤ xs

hw exp (−(x−xs

w
)2) x > xs

(5.8)

where hw is the total increase in water depth across the margin, w is the width of the

slope region, and xs is the location of the edge of the shelf (Figure 5.6a).

Sediment progradation is treated kinematically by translating this profile horizon-

tally at a prescribed rate vprog and filling of accommodation space within the model

domain below the profile with compacting sediments. Sediments above the profile are

not eroded.

Aggradation is modeled similarly by using a sedimentation profile that moves

vertically at rate vagg. The position of this profile is calculated incrementally relative

to the position of the model surface of the previous time step (Figure 5.6b)

zsed(x, t) = zsed(x0, t−Δt) + vagg ·Δt (5.9)

where Δt is the incremental time step and x0 is the position at which the aggradation

profile is calculated. x0 is chosen to be at the distal end of the model domain, which

is not affected by deformation but only by the processes of isostatic adjustment and

vertical compaction which are laterally uniform here. The aggradation profile is

defined relative to its previous position so that the sediment surface moves upward

at the aggradation rate vagg but the effective rate of sediment thickening is larger due

to isostatic response to the sediment load.

All sedimentation models used here completely fill the accommodation space below

the prescribed sedimentation profile, possibly leading to locally unreasonably high

sedimentation rates. Given the multiple factors that may influence the system’s

strain rates and behavior, it is here assumed that the sedimentation pattern is not

directly biasing the model result and constitutes a valid, simplified model of sediment
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deposition on a continental margin.

Models described in sections 5.4, 5.5.2 and Appendix 5.9 include a first-order ide-

alization of uneven sediment aggradation. A sinusoidal modulation, S(x), is added

to the aggradation profile described above to represent the effects of local to re-

gional bathymetric features such as channel-levee systems or submarine lobes (Ap-

pendix 5.9). The modified aggradation profile is defined between locations x1 and x2

(Figure 5.6c) by

zsed(x, t) = zsed(x0, t−Δt) + vagg ·Δt+ S(x) (5.10)

S(x) =

⎧⎪⎪⎪⎪⎪⎪⎪⎪⎨
⎪⎪⎪⎪⎪⎪⎪⎪⎩

0 x ≤ x1

A
2
· sin(2π x−x1

L
) ∗ x−x1

T
x1 < x < x1 + T

A
2
· sin(2π x−x1

L
) x1 < x < x2

A
2
· sin(2π x−x1

L
) ∗ x2−x

T
x2 − T < x < x2

0 x ≥ x2

(5.11)

where A and L are the peak-to-trough range and wavelength of the sinusoid, respec-

tively. The sinusoidal perturbation tapers off linearly at either end over a length

T .

Models described in section 5.5.2 additionally include a tilt of the aggradation

profile (Figure 5.6d) so that

zsed(x, t) = zsed(x0, t−Δt) +
Δh

x0

(x0 − x) + vagg ·Δt+ S(x) (5.12)

where x0 is again the position relative to which the aggradation profile is calculated

and Δh
x0

is the gradient of the profile. Models in which the tilt of the aggradation

profile changes use the following bathymetric profile (Figure 5.6e)

zsed(x, t) = zsed(x0, t−Δt) +
vagg · t
x0

(x0 − x) + S(x). (5.13)

If progradation and aggradation both occur, the higher of the two sedimentation

profiles is chosen as the filling-level for sediments. This choice is made before the

profile is modulated. The sinusoidal perturbation is not included in models with

both progradation and aggradation (section 5.4).
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Figure 5.6: Schematic diagrams of sedimentation types used. All types consist of a
sedimentation profile up to which sediment is added. (a) Progradation profile. (b)
Aggradation profile. (c) Aggradation profile modulated by a sinusoid. (d) Tilted
aggradation profile modulated by a sinusoid. (e) Rotating profile modulated by a
sinusoid.
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5.3 Model Design

Two of the canopy mechanisms investigated in this study require the existence of

diapirs prior to salt expulsion onto the seafloor (section 5.4 and 5.5.2). Their initiation

and evolution is still debated (Hudec et al., 2009; Ings and Beaumont , 2010) and

cannot be thoroughly addressed in this study of canopy evolution. Nevertheless, a

starting model with pre-existing diapirs is needed in order to investigate mechanisms

of canopy evolution. Such a starting model must not contain artificial stress regimes

that affect the subsequent phase of canopy development, such as a salt-sediment

system in disequilibrium. A starting configuration is therefore chosen that has been

dynamically modeled, as described in Appendix 5.9. Here, a new concept of diapir

evolution is employed, which is based on uneven sedimentation and operates in a

neutral stress regime. These conditions assure that the models evolve continuously

and with no abrupt change towards the phase of canopy evolution and permit an

independent investigation of the different concepts described in section 5.1.2. The

evolution of diapirs (termed phase 1) is only summarized here and discussed in more

detail in Appendix 5.9. The subsequent phases of sedimentation that lead to canopy

evolution (phase 2) are discussed in the respective sections 5.4 and 5.5.

5.3.1 Model Design and Diapir Evolution

All models consist of a salt basin encased by non-deforming material, onto which

sediment are subsequently deposited (Figure 5.7). The salt basin geometry (salt basin

width, thickness, and seaward taper) was chosen to be similar to the authochthonous

salt basin in the northwestern GoM (Figure 5.2a) (Peel et al., 1995; Diegel et al., 1995;

Hall , 2002). The 2 km initial salt layer thickness is likely a minimum estimate for

this region (Diegel et al., 1995; Trudgill et al., 1999).

The salt is assumed to be halite with uniform viscosity (η=1018 Pa s) and constant

density (ρsalt=2150 kg/m3). The encasing material (syn-rift sediments or crustal base-

ment) as well as the sediments are frictional-plastic materials with an internal angle

of friction of ϕ0=25◦. The pore-fluid pressure is assumed to be hydrostatic (pore-fluid

pressure ratio λ approximately 0.45), such that effective internal angle of friction ϕe
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Figure 5.7: Design of model experiments. A 360 km-wide, 2 km-thick salt basin is em-
bedded in synrift sediment/crustal sequence and progressively overlain by sediments.
The model includes sediment compaction, parametric effects of pore-fluid pressures,
isostatic adjustment, and the loading effects of the water column. (a) Model design
for diapir phase. Aggradation occurs following a sinusoidal profile (shown strongly
exaggerated). (b) Model design for canopy phase. Sedimentation occurs following
a prograding, half-Gaussian profile. For a full list of model parameters and their
discussion see section 5.3 and Table 5.1.
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Table 5.1: Material properties of numerical models.
Parameter Symbol Unit reference differing differing

value value for model

Sediment
sediment density ρsed kg/m3 ρg − (ρg − ρw) Φ0 exp(−cz)
sediment grain density ρg kg/m3 2500 2700* D4*

pore-fluid/ water density ρw kg/m3 1000 - -
initial porosity Φ0 0.4 - -
compaction coefficient c 1/m 7 · 10−4 - -

internal angle of friction ϕ0
◦ 25 - -

pore-fluid pressure ratio λ hyd. 0.8 BA1
effective angle of friction ϕe

◦ ≈14 ≈5 BA1
cohesion C MPa 0.0 - -

Salt
density ρsalt kg/m3 2150 - -
viscosity η Pa s 1018 5 · 1018 BA1

Crustal/Synrift Material
density ρcr kg/m3 2500 - -
internal angle of friction ϕ0

◦ 25 - -
pore-fluid pressure ratio λ hyd. 0.5 BA1
effective angle of friction ϕe

◦ 14 5 BA1
cohesion C MPa 0.0 - -

Lithosphere
density ρm kg/m3 3300 - -
flexural rigidity D Nm 1022 - -

Initial Salt Basin
thickness hc m 2000 - -
width w km 360 2x100 ER1
of which tapered km 60 0 ER1

initial taper angle α ◦ 1 90 ER1

Sedimentation Profile (aggradation phase of models D1, ER2, ER3, D2-D4*)
amplitude of sinusoid A m 20 5* D3*,D4*

wavelength of sinusoid L km 20 50 ER2,ER3
start, end of perturbation x1, x2 km 20,350 20,150 SD3
taper of perturbation T km 20 - -
tilt of aggradation profile ◦ - 0.07/0-3 ER2/ER3
aggradation rate vagg mm/a 0.25 0-0.5/0.5* ER3/D2*

Sedimentation Profile (progradation phase of models SD1-SD3, ER1, BA1)
width w km 100 200/50 ER1/BA1
initial max. water height hw km 4 3.5/3 ER1/BA1
final max. water height hw km 3 3.5 ER1
progradation rate vprog mm/a 5 2 ER1
aggradation rate vagg mm/a 0 0.05 SD1-SD3

Finite Element Grid
width km 400 - -
number of elements (horizontal x vertical) 800 x 88 - -
width of elements m 500 - -
time-stepping length Δt a 5·103-104 - -

* models shown in Appendix 5.9
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is approximately 14◦ (sinϕe = (1− λ) sinϕ0, section 5.2). Cohesion is not considered

in order to simplify the model.

Sediments compact following a depth-dependent density curve (Figure 5.8 and

equation 5.7) which was calibrated using data derived from several well data sets

from the GoM (Table 5.1, Jackson and Talbot , 1986). With this compaction curve

the local sediment density equals that of salt (2150 kg/m3) at a depth of 770m, and

the average density of the sediment column equals that of salt when the compacted

thickness is 1710m. The encasing material has a constant density of ρcr=2500 kg/m3.

Figure 5.8: Average compaction trend for sediments in the Gulf of Mexico used in
the numerical models. Curve simplified from Jackson and Talbot (1986) with sed-
iment density defined as ρsed = ρg − (ρg − ρw) Φ0 exp(−cz), where grain density
ρg=2500 kg/m3, pore fluid density ρw=1000 kg/m3, initial porosity Φ0=0.4 and com-
paction coefficient c=0.0007m−1. z is burial depth.

Sediment deposition occurs according to a sinusoidally modified aggradation pro-

file (equation 5.10) or by a combination of progradation and uniform aggradation

(equations 5.8 and 5.9). The first is employed during phase 1 (the diapir phase); the

sinusoidal perturbations remain stationary, so that a constant bathymetric relief is

maintained. Local isostatic balancing of these bathymetric highs drives flow of the

underlying salt. Continuing sedimentation sustains the pressure differences, which,

assisted by the evolving density contrast between salt and compacting sediments, can

eventually lead to diapir evolution. A detailed analytic description of this process as

well as corresponding model experiments are given in Appendix 5.9.
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Figure 5.9 shows model D1 (D ≡ Diapir) of diapir evolution after 5 and 10Mam.t.

(Mam.t. ≡ million years model time). The geometric values of the aggradation profile

were chosen to facilitate diapir evolution (peak to trough range A=40m, wavelength

L=20 km, aggradation rate vagg=0.25mm/a) and are likely on the far end of the

values of natural systems (Appendix 5.9). After 5 of aggradation (Figure 5.9a), salt

highs have grown nearly 2 km tall, their roofs are covered by a thin (300m thick)

sedimentary layer. The sediment pockets between the diapirs (minibasins) have grown

continuously, and where they are thickest their average density has reached that of the

underlying salt. During subsequent evolution (Figure 5.9b) the diapirs grow narrow

and tall (nearly 4 km), and the minibasins are close to grounding. The asymmetry

evident from the minibasins likely results from the minor, overall asymmetry of the

model or from numerical uncertainties (Appendix 5.9).

Figure 5.9: Results from model D1 (reference model for diapir evolution) with ag-
grading sedimentation with sinusoidal bathymetric perturbations that have constant
amplitude (A=40m) and wavelength (L=20 km). See text for details of model evo-
lution. The color scale shows the chronostratigraphy of the sediments in 1Mam.t.
bands. Salt is colored in magenta, synrift/crustal material in light brown. Same color
coding is used in all subsequent model figures.

Model D1 demonstrates that uneven sedimentation that preserves bathymetric

features can drive diapirism if appropriate values of the control parameters are chosen.

Discussion and sensitivity of these parameters as well as a quantitative assessment

of the sedimentation-driven diapir mechanism is given in Appendix 5.9. The diapirs

of model D1 serve as precursory structures for the subsequent evolution of canopies,
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without introducing an additional stress regime or requiring a change of material

properties. It should nevertheless be pointed out that this diapir evolution may be

only one of several mechanisms that could produce the precursory structures required

for subsequent canopy evolution.

5.4 Canopy Mechanism I: Squeezed Diapirs

5.4.1 Model Design

The following numerical experiments, designed to investigate canopy evolution by di-

apir squeezing, combine diapir model D1 (termed phase 1) with progradational sedi-

mentation (termed phase 2). Progradation follows a half-Gaussian profile (section 5.2,

equation 5.8) with a Gaussian slope width of w=100 km and an initial maximum water

depth of ca. 4 km. Aggradation following a strictly horizontal profile occurs coevally

with a rate of vagg = 0.05mm/a. Water depth decreases during the model evolution

from approximately 4 km to 3 km and is thus intermediate between the water depths

of 4-5 km estimated for the late Cretaceous GoM (Winker and Buffler , 1988) and

current water depths of 2-3 km. The aggradation profile is now strictly horizontal,

no sinusoidal perturbations are included. The slope profile is initially located out-

side the model domain and progrades onto the salt basin at a rate of vprog=5mm/a,

slightly higher than the Cenozoic average of 4mm/a (Galloway et al., 2000). All other

parameter values are the same as in model D1.

Three models are discussed here. Model SD1 (SD ≡ squeezed diapir) uses model

D1 at 10Mam.t. as a starting configuration. Model SD2 is identical to model SD1

except that the starting configuration is model D1 at 5Mam.t. Model SD3 is a vari-

ation of model SD1, in which the sinusoidal undulations during phase 1 are confined

to the landward end of the salt basin (extending from 20-150 km). The motivation

to restrict the diapir evolution to the landward part of the salt basin was to impede

the development of allochthonous salt structures in the distal part. It is also more

realistic because seafloor sediment undulations in natural systems are likely larger in

more proximal settings like near the toe-of-slope. All model parameters of models

SD1-SD3 are listed in Table 5.1.
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5.4.2 Results of Model SD1

The evolution of model SD1 is shown in Figure 5.10 and Animation SD1.wmv1. Pro-

grading sediments reach the salt basin after ca. 5Mam.t. of phase 2, and gravity

spreading begins soon after (Figure 5.10a), marked by extensional faulting and a

growth wedge at the landward end of the basin. Shortening occurs in a region span-

ning nearly 100 km beyond the toe of the slope, where diapirs become squeezed and

minibasins are rotated and become asymmetric (Figure 5.10a).

After an additional 7Mam.t. of sediment progradation and gravity spreading (Fig-

ure 5.10b), a large rollover structure develops along the flank of the most proximal

diapir (later a feeder and its weld). This diapir is progressively deformed and squeezed

seaward by the prograding sediment wedge. All three landward-located salt rollers in

Figure 5.10b originate from this same diapir. The salt of the adjacent diapirs has ex-

truded onto the seafloor and three of the sheets have begun to coalesce into a canopy.

As each salt sheet advances over the sediments of the adjacent minibasin, the sedi-

ments sink deeper into the underlying salt, thereby expelling more salt laterally and

into the salt sheet. This leads to a rotational swapping of positions of salt sheet and

minibasin fill (Figure 5.10b).

After an additional 13Mam.t. (Figure 5.10c), a ca. 50 km long canopy has devel-

oped. The minibasins, which were rotated during regional shortening, have rotated

back into their original position in the landward end of the system and the inter-

vening feeders have closed. The most proximal minibasins have been inverted into

turtle structures. Extension is now accommodated along a several tens of kilometers

long detachment system, located partly on autochthonous salt (translation of turtle

structures) and partly on allochthonous salt (faults soling out into it).

5.4.3 Results of Model SD2

In model SD2, prograding sediment at the landward end of the salt basin (phase 2)

arrives 5Mam.t. earlier than in model SD1, when the diapirs are not yet as well de-

veloped. Figure 5.11 shows model SD2 at the same times in model evolution (relative

to phase 1) as those shown in Figure 5.10 of model SD1. Gravity spreading again

begins a few Mam.t. after the prograding sediment wedge has reached the salt basin.

1Supplementary material is provided as electronic attachments and is described in Appendix D.
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Figure 5.10: Results of model SD1 (reference squeezed-diapir model for canopy evolu-
tion). Starting configuration is model D1 at 10Mam.t. Time denotes elapsed model
time. Time in parentheses denotes time since onset of progradational sedimentation.
Open arrows indicate relative displacement. See text for discussion.
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At this time, diapirs are less mature than in model SD1, minibasins are less deep and

the autochthonous salt layer is still more than 1 km thick (Figure 5.11a). Further dif-

ferential sedimentation leads to a wide zone of landward extension (Figures 5.11b and

c) as it was also observed in model SD1. Compression, however, is accommodated by

shortening of the minibasins and inflation of the underlying autochthonous salt layer.

Diapirs cease to evolve and no allochthonous salt structures develop.

The distal diapirs and minibasins still grow throughout the model evolution al-

though no sinusoidal variations of the sedimentation profile were included. This shows

that the density contrast between salt and sediment is large enough for successful di-

apir growth driven by a combination of buoyancy and sedimentation at the seaward

end of the system. In contrast, compression at the landward end of the system in-

hibits minibasin development because the uplift rate, generated by the thickening

salt, likely exceeds the buoyancy-driven sinking rate. Consequently, the sea floor is

above the prescribed sedimentation profile and no sediment deposition occurs in the

model.

5.4.4 Results of Model SD3

Because sinusoidal sedimentation is restricted to the landward part of the salt basin

during phase 1 of model SD3, diapirs only develop in the landward parts of the

model while the distal domain remains undeformed. As in model SD1, progradation

commences after a 10Mam.t. long aggradation phase (phase 1), the sediment wedge

reaches the salt basin after ca. 5Mam.t. of progradation and gravity spreading begins

soon after (Figure 5.12a). Diapirs are again squeezed during regional shortening and

salt extrudes to the seafloor and coalesces into a canopy (Figure 5.12b). Minibasins

again rotate during shortening and rotate back to form turtle structures below and

behind the landward end of the canopy. Sedimentation is accommodated in several

large growth wedges which represent rollover structures in the extensional domain.

The sediments within the seaward half of the salt basin remain nearly undeformed

during the first 25Mam.t. Merely the sediment carapace directly adjacent to the di-

apir domain is slightly elevated owing to moderate inflation of the underlying salt

layer. Shortening has been accommodated in the relatively narrow diapir-minibasin

domain during this time. After 30Mam.t. of progradation the distal sediments are
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Figure 5.11: Results of model SD2 (squeezed-diapir model with shorter diapir phase).
Starting configuration is model D1 at 5Mam.t. Time denotes elapsed model time.
Time in parentheses denotes time since onset of progradational sedimentation. Open
arrows indicate relative displacement. See text for discussion.
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Figure 5.12: Results of model SD3 (squeezed-diapir model with landward diapirs
only). Time denotes elapsed model time. Time in parentheses denotes time since
onset of progradational sedimentation. Open arrows indicate relative displacement.
See text for discussion.
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eventually folded into a ca. 20 km wide fold belt. The canopy in model SD3 is ini-

tially >20 km wide (Figure 5.12b) but narrows during the later evolution of the model

(Figure 5.12c) and never grows as large as the canopy in model SD1.

5.4.5 Discussion of Models SD1-SD3

Squeezing of Diapirs

The model results demonstrate that shortening induced by gravity spreading first

localizes in the diapirs, which accordingly narrow and expel salt. In the two contrast-

ing cases of models SD1 and SD2 (Figures 5.10 and 5.11), in which gravity spreading

occurs when the minibasin-diapir system is ‘mature’ and ‘immature’, the squeezed

salt is respectively expelled upward onto the seafloor or is pushed downward into

the underlying salt layer, which consequently inflates as the diapirs narrow. In the

latter case, no allochthonous salt structures develop. The key to this difference is the

pressure that develops in the salt and that also acts on the minibasins. If the pres-

sure in the autochthonous salt layer exceeds the weight of a minibasin, the minibasin

will float upward as the underlying salt layer thickens and the adjacent diapirs thin

(Figure 5.11). This process is not only controlled by the minibasin weight but is also

facilitated if the salt is thick below the minibasin and impeded if the minibasin is

grounded. If the upward velocity of the minibasin exceeds the model’s aggradation

rate, no sediment is deposited in the basins. The basins merely float upward until

the total pressure is in equilibrium with the weight of the system (Figure 5.11). In

contrast, more mature systems have minbasins that are too heavy to be floated by

the squeezing pressure or the underlying salt layer is too thin to inflate efficiently.

These minibasins continue to sink or remain grounded while the system shortens

(Figures 5.10). The excess pressure leads to a rise of salt within the diapirs that ac-

cordingly stretch vertically and narrow. The transfer of the stress to the top of the

diapirs causes failure between the minibasin and the roof of the diapir, a necessary

precursor to expulsion of salt to the surface. Both sinking and floating behaviors are

seen in model SD2, where some minibasins were sufficiently mature to overcome the

tendency to float upward as the salt thickens (right-hand side of Figure 5.11).

Additional models that are not shown here suggest that the shape of diapirs, in

particular the steepness of their flanks, can also influence the creation of allochthonous
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salt structures. Salt from diapirs with less steep flanks and a more triangular shape

(e.g., model D2 of Appendix 5.9) tends to be pushed downward during compression

whereas salt from more rectangular shaped diapirs with steeper flanks (e.g., model

D1 or D4 of Appendix 5.9) is more easily expelled upwards.

Diapir squeezing will be influenced by the lateral flow velocities of the unstable

part of the system and the corresponding horizontal strain rates. These are controlled,

e.g., through the sedimentation profile, the rate of progradation, or the mobility of

the system (Gemmer et al., 2004), but these factors are not investigated in further

detail here.

Canopy Formation

Salt expelled onto the seafloor in models SD1 and SD3 forms large canopies of several

tens of kilometers. The advance of the salt sheets is not only driven by the ≈200m

bathymetric expression of the expelled salt, but by the thickness of several kilometers

of the entire salt sheet. A positive feedback loop exists between the advance of the

overlying salt sheet and the subsidence of the minibasins that are located at the toe

of the salt sheet: The advancing salt sheet exerts extra load on the minibasins, whose

sinking in turn provides the necessary space and also expels additional salt from

underneath as long as the feeders remain open. This is similar to the Rayleigh-Taylor

instability behavior when the less dense material rises and flows on top of the denser

material. Corresponding systems evolving in a neutral stress regime (models D1-D4

of Appendix 5.9) do not exhibit this behavior.

As described in section 5.1.2, salt-sheet advance has so far only been associated

with the propagation of the thinning salt tip (Hudec and Jackson, 2006). The con-

temporaneous movement of the underlying sediments together with expulsion of the

autochthonous salt, which can create new space for the advancing salt sheet, provides

a new concept that has not yet been considered in the salt-tectonic literature.

The location and extent of the early diapir region exerts a primary control on

the location and extent of the allochthonous salt structures (compare model SD1 and

SD3), because diapirs must exist before they can be squeezed to produce salt sheets.

The amount of shortening naturally also controls the amount of salt expulsion. The

more subtle aspect is that salt expulsion also depends on the timing of squeezing
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in relation to the diapir growth (maturity). Variable diapir maturity across the salt

basin (also controlled by the landward sediment input) may determine the salt sheet

distribution and ultimately the way they coalesce into canopies.

5.5 Canopy Mechanism II: Expulsion Rollover

The aim of the expulsion rollover models is to investigate under which circumstances

a canopy can evolve in the center of a salt basin in a neutral regional stress regime

(section 5.1.2). Two cases are investigated exploring regional and local differential

sedimentation.

5.5.1 Large-Scale Expulsion Rollover

Following the analogue model design of Ge et al. (1997), a basement high is included

in the salt basin of the numerical experiments to buttress salt flow and initiate a

salt diapir during sediment progradation (section 5.1.2). The experiments include

basement highs of variable heights, centered in the salt basin. Salt inflates next to

the basement high and flows over it but is never extruded onto the seafloor unless the

basement high fully separated the salt into two sub-basins. This end-member model

is described below, followed by the possible reasons for the failure of the other models

to develop allochthonous salt structures.

Model Design

Model ER1 (ER ≡ expulsion rollover) comprises two salt basins (each 2 km thick and

100 km wide) separated by a 20 km wide basement high of rectangular cross-section

(Figure 5.13). The salt basins are not tapered as in the previous models to avoid

slowing of the salt flow out of the basin by the thinning salt channel. The salt layer

is overlain by an initial 300m thick sediment layer and a water column of 4 km. The

densities and rheologies of the model materials are the same as in the earlier models

and as listed in Table 5.1.

Sedimentation is modeled using a prograding half-Gaussian profile (w=200 km,

hw=4.5 km, vprog=2mm/a) that intersects the top of the initial salt and sediment

layers (Figure 5.13) to achieve a relatively steep front to the sediment wedge that can
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drive salt expulsion efficiently. Progradation rate is low (2mm/a) to allow for efficient

salt flow. No sediment aggradation is included because a thickening sediment layer

above the basement high would inhibit salt expulsion. This sedimentation pattern

follows the principle that a distal margin setting only experiences minor, pelagic

sedimentation.

Results of Model ER1

After 50Mam.t. (Figure 5.13a) the prograding sediment wedge has evacuated the

salt from the landward half of its autochthonous basin, formed a large-scale expulsion

rollover and inflated the distal salt. Flexural compensation of the sediment load

tilts the model landward. At ca. 55Mam.t. the salt has inflated to 600m above

the sediments covering the basement high and begins to flow onto it, covering two

thirds of the basement high by 60Mam.t. (Figure 5.13b). The salt sheet is almost one

kilometer thick and advances seaward at 2-3mm/a, slightly faster than the sediment

progradation rate. By 67Mam.t. the front of the salt sheet has sunk into the second

salt basin, pushing its salt seaward and inflating it (Figure 5.13c). The salt sheet is

now more than one kilometer thick and advances by shear flow with a surface velocity

up to 4mm/a.

Discussion of Model ER1

General Evolution

As model ER1 demonstrates, a large-scale expulsion rollover can expel salt into an

allochthonous sheet that can become 20 km long and likely much longer. The structure

formed here is a single salt sheet, not a canopy.

The advance of the salt sheet is relatively fast compared to the time it takes to

begin expulsion of allochthonous salt (more than 50Mam.t.). This time span depends

strongly on the progradation rate, initial salt layer thickness, salt basin width and

salt viscosity. Values other than those used in model ER1, which could reduce the

timescale of salt expulsion by several times, would still be consistent with continental

margin settings such as the northwestern GoM. The timing can therefore not be used

directly as a criterion to validate or discard this mechanism.
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Figure 5.13: Results of model ER1 showing the evolution of a salt sheet via the
large-scale expulsion rollover mechanism.
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Importance of the Basement High

The evolution of allochthonous salt in model ER1 is fundamentally dependent on

the presence of the basement high or an equivalent, possibly sedimentary, buttress

structure that forces salt inflation. Models with lower basement highs, even just 10%

less, allowed salt to flow efficiently across them after modest inflation and did not

develop diapirs or allochthonous salt structures, even when the salt viscosity was

increased to 5 · 1018 Pa s. These results are similar to the numerical experiments of

Albertz and Beaumont (2010), where basement obstacles required relief comparable

to the thickness of the salt in order to strongly impede the salt flow. In contrast, Ge

et al. (1997) show analogue models in which diapirs evolve above basement steps that

are less than half the thickness of the surrounding salt layer.

A major difference between the analogue and numerical models is the density

contrast between salt and sediments (up to 700 kg/m3 in analogue models, 50 kg/m3

in numerical models). This difference is likely responsible for the different capabil-

ities for salt extrusion in the models. Analogue models with lower density contrast

(300 kg/m3) also showed no diapir or salt-sheet evolution (Ge et al., 1997).

Salt-Sheet Advance

In model ER1, salt only remains at an allochthonous level where located above the

basement high. Only 2-3Mam.t. after advancing onto the second salt basin, the un-

derlying sediment layer fails, the salt sheet sinks and merges with the autochthonous

salt of the second basin. This sinking is facilitated by the additional load, the higher

density of the salt with respect to the thin sediment layer, the low mechanical strength

of the sediments, and the low salt viscosity. A much thicker and stronger distal sedi-

ment cover prevents this sinking of the salt sheet into the second basin. Instead, the

sediment layer over the second salt basin is depressed and evacuates the underlying

salt, inflating it further seaward, similar to the evacuation of the first salt basin in

model ER1. A thicker sediment cover across the entire model domain would, however,

strongly inhibit the formation and advance of allochthonous salt, since the salt now

has to inflate and climb higher in order to build up a sufficient pressure head.
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5.5.2 Small-Scale Expulsion Rollover

Design of Models ER2 and ER3

Following the conceptual mechanism suggested by Rowan and Inman (2005), a num-

ber of pre-existing diapirs are covered by differential sedimentation, giving rise to

asymmetric minibasins and rollover structures. The forcibly narrowed diapirs then

expel salt onto the seafloor.

For the current study, diapir evolution is achieved by the mechanism introduced

and discussed in section 5.3 and Appendix 5.9. The model design is initially identical

to model D1 (Figure 5.9), only that a sinusoid wavelength of L=50 km is chosen in

order to develop diapirs sufficiently large to form allochthonous structures. The den-

sities and rheologies are as in the previous models and as in Table 5.1. At 10Mam.t.,

when diapirs have developed and minibasins begin to ground, asymmetric sediment

aggradation commences (phase 2).

The sedimentation in model ER2 is equivalent to that of a seaward-prograding

wedge with a constant slope (equation 5.12, Figure 5.6d). The tilt of the aggrada-

tion profile remains constant throughout phase 2 and the entire profile is elevated

with an aggradation rate of vagg=0.25mm/a. The seaward tilt of the aggradation

profile (500m over 400 km) is of the same order as the average slope between the

maximum and minimum of the sinusoidal undulations of phase 1 (40m over 25 km).

The sedimentation of model ER3 is equivalent to a seaward prograding wedge with

a progressively steepening slope profile (equation 5.13, Figure 5.6e). The tilt of the

aggradation profile is steadily increased such that its landward end rises at 0.5mm/a

and the profile pivots about a point located near the end of the salt basin at 350 km.

The resulting taper of the sediment wedge is larger than the mere tilt of the seafloor

owing to the effects of isostatic balancing. The sinusoidal modulation of the aggra-

dation profile of phase 1 is maintained throughout phase 2 in order to facilitate salt

rise.
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Results of Model ER2

The diapirs developing during phase 1 (Figure 5.14a) develop more slowly than in

model D1 because the isostatic relaxation time is longer owing to the longer wave-

length (50 km rather than 20 km; Appendix 5.9). Approximately 700m of sediment

form the roof of the diapirs.

Figure 5.14: Results of model ER2 (small-scale expulsion-rollover model with constant
bathymetric slope). Time denotes elapsed model time. Time in parentheses denotes
time since onset of asymmetric aggradation.

After 10Mam.t. of gently tilted aggradation of phase 2 of model ER2 (Fig-

ure 5.14b), the two most landward minibasins are inverted into turtle structures, the
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most seaward minibasins are rotated landward. During continued sediment deposi-

tion (Figure 5.14c and d), the seaward minibasins also invert into turtle structures

and the salt evacuation from all minibasins becomes progressively more symmet-

ric. The intervening diapirs grow and narrow. No asymmetric expulsion rollovers

develop. The roofs of some diapirs begin to be pierced by salt after 20Mam.t. of

phase 2 (Figure 5.14c), and salt structures form near the seafloor (Figure 5.14d). Two

of these salt structures have minor allochthonous tongues. Small amounts (< 10 km)

of lateral movement of the salt diapirs occur.

Results of Model ER3

Phase 1 of model ER3 is identical to that of model ER2. Like model ER2, minibasins

rotate landward with initial asymmetric sedimentation of phase 2 (distal minibasins

of Figure 5.15a) and subsequently evolve into turtle structures as sedimentation con-

tinues. The turtle structures retain slight asymmetry, with their landward flanks

subsiding somewhat faster. The diapirs narrow and rise, leading to small bathymet-

ric relief of less than 50m at the seafloor.

After 20Mam.t. of increasingly tilted phase 2 aggradation (Figure 5.15b), the

overburden has failed and the system becomes mobile. Extension is focussed in the

most landward diapir where a sedimentary growth wedge forms, the more distal min-

inbasins and diapirs translate seaward, and, in contrast to model ER3, the previously

undeformed sediment layer above the distal salt taper folds.

Discussion of Models ER2 and ER3

The mechanism of asymmetric loading of the minibasins leading to the development

of expulsion rollover structures does not produce allochthonous salt structures under

the conditions investigated in models ER2 and ER3, and accordingly remains concep-

tual. The processes that operate in these models are nevertheless discussed here to

understand why no allochthonous salt structures develop and how subsequent models

could be improved.

The minibasins invert to turtle structures, which can be regarded as double-sided

expulsion rollovers in the case of 2D structures. The initial asymmetry of the mini-

basins can be explained by the effects of asymmetric loading on the subsidence of the
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Figure 5.15: Results of model ER3 (small-scale expulsion-rollover model with growing
bathymetric slope). Time denotes elapsed model time. Time in parentheses denotes
time since onset of asymmetric aggradation.

minibasin flanks. The later shift towards symmetry in model ER2 represents the neg-

ative feedback effect from the thinning autochthonous salt layer underneath. Once

a minibasin is grounded, its flanks spread laterally, developing a turtle structure.

The highly tilted aggradation profile of model ER3 can sustain a slight asymmetry

(Figure 5.15a).

Diapirs grow throughout the evolution of models ER2 and ER3. Salt initially

flows into the diapirs from underneath the sinking minibasins, later it rises as the

diapirs are squeezed and narrow between the widening turtle structures. The growth

rate of the diapirs is here similar to the aggradation rate at the seafloor, with the

result that salt does not extrude to form allochthonous structures.

The distal fold belt of model ER3 develops coeval with widening of the most

landward diapir, development of extensional rollover structures here, seaward trans-

lation of the central section by approximately 20 km, and accelerated narrowing of the

basin’s diapirs. These events are direct evidence for gravity spreading, which suggests

that the observed processes, the narrowing of the diapirs in particular, are primarily
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driven by the regional, compressive stress regime. It also indicates that the mechanism

of squeezed diapirs dominates over the mechanism of expulsion rollovers. A reduction

of the sedimentation rate does not lead to salt expulsion, but to an equally reduced

rate of salt rise. Thus, the diapirs grow synchronously with the sedimentation.

The current sedimentation model results in higher sediment deposition at the

landward side of a minibasin, leading to asymmetric subsidence and landward salt

evacuation. It is, however, the salt evacuation in a seaward direction that would be

more efficient for seaward prograding salt sheets. A sedimentation pattern that could

provide seaward salt evacuation could be based on the concept that bathymetric

highs of the diapirs shelter the accommodation space from the landward sediment

input. Additionally, 3D effects of sedimentation may play a strong role in the natural

evolution of diapirs and minibasin. Different sedimentation models have not been

tested here.

The concept of asymmetric salt evacuation by differential loading of minibasins

can narrow diapirs, as the numerical models show. But they fail to expel significant

quantities of salt onto the seafloor and do not generate salt sheets.

5.6 Canopy Mechanism III: Breached Anticlines

Canopy evolution through breached anticlines was modeled numerically by Gradmann

et al. (2009). Their results are briefly described here to achieve a more complete

overview on possible mechanisms of canopy evolution in the northwestern GoM, but

no new models are presented.

5.6.1 Design of Model BA1

Model BA1 (BA ≡ breached anticlines) is model RM2 of Gradmann et al. (2009).

Their study focusses on the evolution of the Perdido Fold Belt but also addresses the

evolution of the Eocene mid-basin canopy. Model BA1 was designed to investigate the

evolution of a canopy in the central part of a salt basin before the post-salt sediment

succession in the distal part started to deform and to develop into a detached fold belt.

It is also designed to be consistent with the prevailing conditions in the northwestern

GoM during the Paleocene.
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The mechanism of breached anticlines requires folding of strata above autochthonous

salt prior to rupture of the anticlines. Shortening is localized in the center of the salt

basin, where the canopy is meant to develop, through toe-of-slope folding. Gradmann

et al. (2009) demonstrated that localization of gravity spreading-driven shortening de-

pends on the ‘strength’ (resistance to flow) of the salt layer.

The large ‘strength’ of the salt layer in Model BA1 (Figure 5.16) is achieved using

values of 2 km for salt thickness and 5 · 1018 Pa s for salt viscosity. The salt basin

is 360 km wide and is covered by a 4.5 km uniformly thick pre-existing sediment

unit (Figure 5.16a). This unit was initially designed to represent the more seaward

Cretaceous to Oligocene pre-kinematic sequence of the Perdido Fold Belt (Trudgill

et al., 1999; Rowan et al., 2000). The thickness is approximately the same as that of

the Cretaceous to Eocene sequence in the more landward part of the salt basin in the

northwestern GoM (Figure 5.2a).

All densities and sediment properties are the same as in model D1 except that

sediments are highly overpressured (pore-fluid pressure ratio of λ=0.8, ϕe=5◦). Such

high overpressures were necessary to bring a system with very thick overburden to

gravitational failure and allow a fold belt to develop (Gradmann et al., 2009). With

respect to canopy formation, the low effective strength of the sediments under high

pore-fluid pressure also facilitates the breaching of the anticlines by the extruding

salt. Sedimentation takes the form of progradation, without aggradation, with a

half-Gaussian profile width of w=50 km, a water depth of approximately 3 km and a

progradation rate of vprog=5mm/a.

5.6.2 Results of Model BA1

In model BA1 early margin instability induced by differential loading of the pro-

grading sediment wedge leads to gravity spreading and folding at the toe of the

slope (Figure 5.16a, Animation BA1.wmv). Shortening and folding propagate sea-

ward faster than the sediment profile progrades (Figure 5.16b), creating a fold belt

with the most substantial deformation at the toe of the slope. At 19Mam.t. after

gravity spreading started, a diapir has breached the anticline of the most landward

fold (Figure 5.16b). This breaching process is controlled by the bending stresses dur-

ing intense shortening and the buoyancy force of the underlying, inflating salt. Local
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Figure 5.16: Results from model BA1 (breached-anticline model for canopy evolu-
tion). Time denotes elapsed model time. Time in parentheses denotes time since
onset of gravity spreading. Open arrows indicate relative displacement. (a) Model
evolution at time of early toe-of-slope folding. (b) Model evolution at time when
diapir extrudes at the toe of slope. The distal section is basically undeformed at this
stage. (c) Model evolution at time when the first salt sheet coalesces with the second
one.
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extension occurs in the strata above the largest salt high (Figure 5.17a,b) accompa-

nied and followed by shearing on the diapir flanks (Figure 5.17c). Salt rapidly pierces

through its roof in 1.5Mam.t. (Figure 5.17b-d). Figure 5.17e and 5.17f show the salt

when it has just reached the seafloor. Extension and piercing of the anticline coincides

with significant extensional shear offset at the trailing edge of the rollover structure

immediately landward of the diapir.

At this stage shortening and folding of the sedimentary overburden have prop-

agated across almost the entire salt basin (Figure 5.16b). The salt in the anticline

underlying the diapir is evacuated within a few million years, and the ongoing shorten-

ing and propagation of the expulsion rollover closes off the salt feeder (Figure 5.16c).

The shortening also continues to inflate the adjacent salt pocket seaward of the

diapir and tightens its overlying folds. A second diapir and salt sheet forms in the

same manner as the first and coalesces with it to form a canopy 4 km thick and 25 km

wide.

5.6.3 Discussion of Model BA1

Model BA1 shows that allochthonous salt structures including canopies can develop in

a shortening system through the mechanism of breached anticlines as a consequence

of local bending stresses and buoyancy forces leading to rupture of overburden. Once

the overburden is breached the salt expulsion occurs in a similar manner as in the

squeezed diapir mechanism, perhaps assisted by a developing rollover structure. The

allochthonous salt structures develop in the transition between the extensional domain

(extensional shear zone landward of diapir) and the shortening domain (continued

shortening of folds seaward of diapir). The boundary between these domains is not

sharp, nor does it remain stationary in any reference frame (such as basement, diapirs,

or shelf edge) during model evolution. This migration of the kinematic domains seems

responsible for the evolution of diapiric structures forming in superimposed tensional

and compressive stress regimes (Animation BA1.wmv).

The overall mechanism may be interpreted as a first stage of crestal collapse of

the anticlines and early active diapirism, followed by a later stage of accelerated salt

rise that occurs similarly to that of the squeezed diapir mechanism, assisted by a
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Figure 5.17: Closeup of model BA1 (Figure 5.16) showing the evolution of a diapir
breaching an anticline. (f) corresponds to Figure 5.16b.
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developing expulsion rollover. The contributions of the individual processes are dif-

ficult to quantify. Buoyancy must be an important factor because models with a

higher salt density (ρsalt = 2200 kg/m3) do not develop allochthonous salt structures

(Gradmann et al., 2009). The load of the rollover growth wedge drives salt evacua-

tion and lateral salt flow. Enhanced vertical salt flow (during thinning and closing

off of the diapir), however, does not occur while the adjacent rollover grows fastest

(40Mam.t.), but only after the main zone of extension shifts slightly landward (42-

44ma) and the diapir again experiences lateral compression driving vertical salt flow

(see Animation BA1.wmv). This suggests that the mechanism of squeezed diapirs is

operating here. In conclusion, the mechanism of breached anticlines is more complex

than conceptually introduced in section 5.1.2, and it may result from several processes

acting together.

A major obstacle to the viability of the breached anticline mechanism is that local

shortening must be sufficient to tighten the folds and thereby weaken the fold crests.

Model BA1 only develops two such anticlines, resulting in a modest (25 km wide)

canopy. Additional shortening is accommodated by folding of the sediments above the

distal end of the salt basin. To develop a wider canopy, either more breached anticlines

or more total salt expulsion is required. More rupturing folds and contributing feeders

could be achieved by a higher salt viscosity which would on the other hand slow the

rate of salt flow. A thicker salt layer could provide more salt to be expelled through

each anticline but would also lower the salt layer’s strength and impede toe-of-slope

folding.

Other model properties, such as sediment strength and salt-sediment density con-

trast, are already at that end of the range of possible values where they most strongly

assist formation of allochthonous salt structures. Erosion of the anticlinal fold crests

could also weaken the overburden and reduce the force needed for the salt to pierce

through.

Although the breached anticline mechanism may not operate efficiently in the

center of a salt basin, it may be more efficient at the distal end. (Gradmann et al.,

2009, their model RM1). Such a setting would be analogous to the development of

Canopy III in the northwestern GoM (Figure 5.2a).
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5.7 Comparison of Canopy Emplacement Mechanisms with the

Northwestern Gulf of Mexico

Similarities and differences between the Eocene canopy of the northwestern GoM and

the modeled canopies are depicted in Figure 5.18. A number of key features of the

salt-sediment system are chosen as comparison criteria.

5.7.1 Sedimentation Pattern and Evolving Kinematic Regime

The Eocene canopy of the northwestern GoM developed in the center of a salt basin

above slowly aggraded shallow- to deep-water Cretaceous carbonates and the Pale-

ocene to Eocene age clastics of the Wilcox Formation. The latter may have formed

as slope and toe-of-slope deposits (Pindell and Kennan, 2007). Differential sediment

load (such as generated by progradational sedimentation) was likely a prerequisite for

the occurrence of gravity spreading since the Late Cretaceous.

The mechanism of squeezed diapirs and small-scale expulsion rollovers require

that diapirs already existed in the salt basin prior to canopy formation. A primarily

aggradational environment and neutral kinematic regime are consistent with this

early evolution. Such an environment is equally suited for the breached anticline

mechanism, where a thick sediment cover is required prior to folding. The large-scale

expulsion rollover mechanism cannot account for significant sediment aggradation,

since it would generate a thicker sediment cover and higher buttress, which would

impede the salt both from extruding and advancing.

The squeezed diapir and breached anticline mechanisms both operate under a

phase of increased progradational sediment input, which induces gravity spreading

and, accordingly, shortening at the toe of the slope. This is in good agreement with

the increased sand-rich sediment input of the Wilcox Formation during the Paleocene

to Eocene in the northwestern GoM. The large-scale expulsion rollover mechanism

also invokes large-scale deltaic sedimentation yet with less differential loading so that

gravity spreading is not occurring. The small-scale expulsion rollover mechanism

involves even smaller differential loads, preferably only acting on local scales. This

is in disagreement with the sediment deposition at the time of canopy emplacement

in the northwestern GoM. Both expulsion rollover mechanisms operate in a neutral
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Figure 5.18: Schematic comparison of Eocene canopy in the northwestern GoM
with those developing in the numerical models of section 5.4-5.6. All drawings are
schematic and have similar but conceptual scales. They are based either on the
seismic profile shown in Figure 5.2a or on the model results presented in this study.
Characteristics of the GoM canopy are listed and highlighted in green. Their similar-
ities with the model features are marked as the following. Green: Good agreement
between model results and natural example. Orange: features don’t match but would
likely do so with small changes in model parameters as discussed in text. Red: Model
and natural example mismatch. Best agreement with the structures of the Eocene
canopy is provided by the squeezed diapir mechanism. The small-scale expulsion
rollover mechanism does not develop allochthonous salt structures, which is marked
here as ‘infinite’ duration of canopy evolution.
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kinematic regime. This may be correlated with intermittent quiescent phases during

the highly prevalent gravity spreading in the northwestern GoM, but leads to potential

conflicts in the duration of canopy formation (see below).

5.7.2 Sediment Structures Around Canopy

Landward of Canopy

Multiple extensional faults landward of the canopy indicate deformation owing to

gravity spreading since the Cretaceous. The timing of these faults has not been

directly linked to the canopy evolution but indicates the overall Cenozoic kinematic

regime.

Substantial gravity spreading is required for the squeezed diapir and breached an-

ticline mechanisms, as mentioned above, and landward domains of extension develop

here. In contrast, this region remains stable under the expulsion rollover mecha-

nisms. In particular, the extensive growth wedge developing in the large-scale expul-

sion rollover model has no equivalent in the seismically well-imaged structures of the

northwestern GoM.

Underneath Canopy

The paleocanopy is underlain by 4-5 km thick sediments, which remain relatively

uniform throughout the basin (McDonnell et al., 2009). The structures within this

sub-canopy sequence are poorly imaged but likely include folds and thrusts (Fig-

ure 5.2a, Radovich et al., 2007b; Rowan et al., 2005). An array of turtle structures

and pinched-off feeders has been inferred underneath a similar paleocanopy in the

northern GoM (Figure 5.2c Diegel et al., 1995; Rowan and Inman, 2005).

Sub-salt structures of the squeezed diapir mechanism include rotated and inverted

minibasins (turtle structures) as well as closed feeders. Similarly, the small-scale

expulsion rollover mechanism develops distinctive turtle structures and very narrow

diapirs in the salt basin center. The structures under the canopy that evolved from

breached anticlines consist primarily of folds that have been rotated and deformed

anew. Re-deformed folds cannot easily be discerned from turtle structures in the

sub-salt seismic data and all the above mechanisms can be considered as developing
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structures consistent with observational data. The canopy developing from a large-

scale expulsion rollover covers a prominent basement high, possibly also undeformed

sediments. Such a major basement high has not been seen in the seismic data from

the northwestern GoM.

Seaward of Canopy

The sediments seaward of the paleocanopy remained undeformed for approx. 10-20Ma

after canopy evolution until the Perdido Fold Belt evolved in the late Oligocene-

Miocene. The canopy may have been less extensive prior to Oligocene sediment

loading, and structures currently under the distal end of the paleocanopy may once

have been located beyond the toe of the allochthonous salt sheet. The structures

found here are mainly folds, which may have already formed during the Eocene (Peel

et al., 1995), or later during folding of the Perdido Fold Belt (Radovich et al., 2007b;

Rowan et al., 2005).

The small-scale expulsion rollover mechanism leaves the distal strata undeformed.

The salt-sheet generated by the large-scale mechanism deforms the distal strata a

few million years after its extrusion, as soon as it advances across the basement high.

During the squeezed diapir mechanism, the distal sediments remain undeformed if

the pre-existing diapirs do not extend across the entire salt basin, and additional

sediment deposition strengthens this region. The breached anticline mechanism folds

all sedimentary overburden including the distal end of the salt basin. Limiting de-

formation in the distal end of the already mobilized salt basin is difficult (Gradmann

et al., 2009), which constitutes a flaw of this mechanism. Both squeezed diapir and

breached anticline mechanisms can provide for the fold structures observed under-

neath the current end of the paleocanopy.

5.7.3 Timing of Evolution and Extent of Canopy

The extent of the Oligo-Miocene detachment surface that developed on the canopy

was approximately 100-200 km. It is likely that the canopy was not as extensive prior

to the sediment loading and the ensuing gravity spreading. The canopy likely evolved

in less than 20Ma during the deposition of the Wilcox Formation and expanded

during subsequent sedimentation phases.
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The small-scale expulsion rollover mechanism does not develop a salt sheet, only

minor allochthonous structures develop where the diapirs reach the seafloor. Expul-

sion rollovers occur in combination with the other canopy emplacement mechanisms

but play only a subordinate role in salt extrusion (section 5.5.2). This mechanism is,

in the form tested here, not applicable to the northwestern GoM.

The canopy developing from a large-scale expulsion rollover extends as far as

the basement high. The numerical models showed that it plunges into the second

salt basin during further advance. It takes the model canopy 55Mam.t. to develop.

A faster evolution could be achieved by a different salt-basin geometry and higher

sedimentation rates (compare section 5.5.1). It nevertheless remains problematic to

justify a long period without gravity spreading for the Cenozoic GoM.

Salt expulsion under the breached anticline mechanism only occurs after an ex-

tended period of shortening (here >20Mam.t.), but a more rapid canopy evolution

is possible within the range of model parameters. The model canopy is only 20 km

wide but different initial salt geometry and sedimentation patterns could provide for

a larger allochthonous salt volume (compare section 5.6). The model canopy could

spread and extend further if sediment were deposited above, especially if shale also

played a role in the detachment system, as has been suggested for the northwestern

GoM (Peel et al., 1995; Diegel et al., 1995; McDonnell et al., 2009). Both time pe-

riod and salt volume are generally comparable to the values proposed for the Eocene

canopy evolution.

The most rapid evolution and most voluminous salt canopy occurs in the squeezed

diapir models. Here a canopy develops in 15Mam.t., is several kilometers thick,

and extends up to 50 km. These values best match the Eocene evolution of the

northwestern GoM.

5.7.4 Summary

None of the numerical models presented in this chapter satisfactorily reproduces all

of the observed characteristics of the Eocene canopy in the northwestern GoM. The

squeezed diapir mechanism represents the most promising candidate for the develop-

ment of such a canopy, because of the associated sedimentation regimes (firstly pri-

marily aggradational, later progradational), the structures that develop around the
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canopy (landward faults, folded and faulted strata underneath the canopy, delayed

deformation of the distal section), and the amount of salt expelled onto the seafloor

(several thousand meters by up to 50 km). Major shortcomings of the other mech-

anisms are little or no salt extrusion (small-scale expulsion rollover mechanism and

breached anticline mechanism, respectively), different structures surrounding the al-

lochthonous salt (basement high and growth wedge for large-scale expulsion rollover

mechanism), and premature deformation of the sedimentary overburden above the

distal end of the salt basin (breached anticline mechanism and large-scale expulsion

rollover mechanism).

The squeezed diapir mechanism had also been proposed for the canopy of the

northern GoM (Figure 5.2c), which likely evolved in an environment similar to the

Eocene canopy of this study (Diegel et al., 1995). The breached anticline mechanism is

considered to be well suited for creating the salt canopy adjacent to the Perdido Fold

Belt, in agreement with the interpretation of Gradmann et al. (2009) and with recent

interpretations of seismic data (Hall , 2002; Rowan et al., 2005; Radovich et al., 2007b).

This mechanism has not yet been sufficiently investigated for different sedimentation

rates and sediment strengths in order to discard it as a mechanism for the evolution

of the mid-basin canopy. A combination of different mechanisms may have operated

in the Eocene GoM, yet the salt-extrusion generated by expulsion rollovers would

likely have contributed the least to the canopy evolution.

5.8 Conclusions

The study presented here investigates three possible mechanisms of canopy evolu-

tion, first in a general context and then in relation to the allochthonous salt sheet

formed during the Eocene in the northwestern Gulf of Mexico (GoM). The numerical

experiments are idealized models of salt-bearing, rifted continental margins and do

not account for many of the complexities of the natural system.

The squeezed diapir mechanism (section 5.4 and models SD1-SD3) requires pre-

existing diapirs subsequently shortened during gravity spreading. The growth of

diapirs (phase 1) must here occur in a tectonically quiet regime and allow a non-

abrupt transition towards progradational sedimentation. This is achieved via a new

mechanism of uneven sedimentation, explained in detail in Appendix 5.9. The phase
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of canopy evolution (phase 2) requires shortening, here evoked by gravity spreading

common to a salt-bearing continental margin. As diapirs are squeezed, salt is effi-

ciently expelled to the seafloor to form allochthonous salt sheets that coalesce into

canopies. This process is only successful if diapirs are ‘mature’ (mainly buoyancy-

driven diapir growth, advanced depletion of autochthonous salt layer, thick interven-

ing minibasins). Squeezing of ‘immature’ diapir pushes salt downward, re-inflates the

autochthonous salt layer, and lifts the minibasins, and no salt extrudes to the seafloor.

Salt-sheet advance occurs primarily by rotational swapping of positions of salt sheet

and adjacent minibasins. Sedimentation regimes, timing and extent of diapir evolu-

tion, as well as the structures evolving underneath the canopy (inverted minibasins,

pinched-off feeders) are in good agreement with those observed in the northwestern

GoM.

Two possibilities for canopies that develop through the expulsion rollover mecha-

nism are investigated, which both take place in the neutral stress regime of a stable

continental margin. In the first mechanism (section 5.5.1, model ER1) a single large

expulsion rollover develops landward of a sediment or basement buttress and salt is

expelled up and over the buttress to form an allochthonous salt sheet. This mecha-

nism is only successful if the buttress all but separates the salt basin into two, thus

representing the development of a salt nappe at the end of a salt basin. The key

structures of this mechanism (enormous growth wedge, mid-basin basement high)

have no counterparts in the northwestern GoM.

In the second mechanism, a set of expulsion rollovers is thought to develop from

asymmetric minibasins when they are subject to local differential sediment loading

and expel salt upward and onto the seafloor (section 5.5.2, models ER2, ER3). Initial

diapirs again develop by the mechanism of uneven sedimentation (Appendix 5.9). The

small-scale expulsion rollover mechanism has not been successful for the parameter

space tested here. Local differential loading evacuates underlying salt and narrows

the diapirs. But diapir growth occurs apace to the sedimentation rate and salt does

not extrude onto the seafloor. This canopy-forming mechanism thus could not be

validated and remains conceptual for the time being.

Canopies developing through the breached anticline mechanism require that strata

above autochthonous salt be folded as a prelude to further shortening of the salt-cored
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anticlines, followed by rupture of the anticlines (section 5.6 and model BA1). In order

for a salt canopy to develop in the center of the salt basin, vigorous toe-of-slope folding

is necessary. This can be achieved with appropriate choices of salt-layer thickness

and viscosity, but propagation of the folding across the distal end of the salt basin

could not be suppressed. Salt extrusion is sparse compared to the squeezed diapir

mechanism, but a broad range of parameter changes that could increase salt extrusion

has not yet been considered. The overall sedimentation and kinematic regimes comply

with the northwestern GoM, as well as the structures forming underneath the model

canopy (folded strata and pinched-off feeders). Coeval deformation of the distal

overburden is in disagreement with the Eocene canopy evolution.

In conclusion, both squeezed diapir and breached anticline mechanisms can suc-

cessfully generate mid-basin canopies. The large-scale expulsion rollover mechanism

is successful at the end of a salt basin, the small-scale expulsion rollover mechanism is

not successful (under the circumstances tested here). The squeezed diapir mechanism

works in agreement with the sedimentation and kinematic regimes of the Cenozoic

GoM as well as with the salt and sediment structures mapped here. The breached

anticline mechanism likely formed the allochthonous salt structures observed above

the Perdido Fold Belt (see Gradmann et al., 2009). More than one mechanism may

have been active, and combined mechanisms are certainly possible.

5.9 Appendix: Diapir Evolution Induced by Uneven Sedimentation

This appendix describes and discusses the diapir mechanism introduced in section 5.3.

The evolving diapirs serve as precursory structures for the canopy evolution of sec-

tions 5.4 and 5.5.2.

5.9.1 Introduction and Motivation

After more than a century of salt-tectonic research, the initiation and evolution of salt

diapirs is still debated. Diapirs are often considered to grow as Rayleigh-Taylor insta-

bilities in response to buoyancy when the overburden (vertically averaged) is denser

than the salt. This will work when the overlying sediment is sufficiently thick and

dense, but many diapirs already began to develop under a thin sediment cover, and

this early initiation phase is still not properly resolved (Hudec et al., 2009; Ings and
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Beaumont , 2010). The vertically averaged density of clastic marine sediments com-

monly only exceeds that of the underlying salt when the sediments are 1.5-3 km thick

(Hudec et al., 2009, and references therein). At this thickness, buoyancy forces alone

are rarely enough to overcome the strength of the overburden and thus an additional

stress regime, often assumed to be tensional, must also be invoked (e.g. Vendeville

and Jackson, 1992; Jackson and Vendeville, 1994). Growing evidence, mostly from

deep-water environments, indicates that diapirs may also evolve in compressional set-

tings (Coward and Stewart , 1995; Hall , 2002; Grando and McClay , 2004; Vendeville

and Gaullier , 2005; Gradmann et al., 2009; Ings and Beaumont , 2010).

This study investigates a mechanism of diapir evolution that can operate in a

neutral regional stress regime and is purely driven by differential sedimentation. This

approach provides suitable starting models for the subsequent canopy development

that assure a non-abrupt, continuous evolution between the two model phases, and

furthermore elucidates the general processes acting during early diapir evolution.

A sediment pattern is employed which maintains small bathymetric highs in fixed

positions (termed uneven sedimentation). This bathymetric relief could represent

channel-levee systems, turbidite deposits, or slumps, features that are commonly ob-

served in slope and toe-of-slope settings on most continental margins. These natural

features shift locations on the margin, averaging out to a relatively smooth bathy-

metric relief over large enough time scales. However, on relatively brief timescales

(104−105 years), channels and their wedge-shaped levees maintain their location and

aggrade vertically, and lobes grow through compensation stacking of individual beds

(Deptuck et al., 2008). A worldwide comparison shows that the size of submarine

lobes can range in width from 1-25 km, in length from 3-43 km, and in height from

3-42m (Prelat et al., 2010). Extreme cases even achieve hundreds of meters relief and

widths up to several tens of kilometers (Skene et al., 2002).

A first-order approximation of this type of uneven bathymetry is achieved by the

sinusoidal modulation of an otherwise horizontal aggradation profile (equation 5.10,

Figure 5.6c). Here the range (double amplitude) approximates the bathymetric relief,

and the wavelength approximates the spatial scale of what are here termed sediment

lenses, i.e. the half-convex bathymetric expression. The bathymetric relief is main-

tained during model evolution, existing depressions are not leveled out, but material
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is deposited where the sinusoidal sediment highs existed previously. This sedimen-

tation pattern may to some degree be compared to compensation stacking observed

from submarine lobes, where subsequent areas of deposition partly overlap, though

their centers shift laterally. The sedimentation profile is here applied across the entire

salt basin, perpendicular to the margin, whereas series of channel-levee systems and

submarine lobes rather occur parallel to the margin along the slope and toe of the

slope. The salt displacement during the evolution of a single diapir can trigger the

evolution of adjacent diapirs (Warsitzka et al., 2011), and a succession of diapirs of

staggered evolution across a salt basin is possible. Although the employed sedimenta-

tion pattern deviates from the natural processes observed on the seafloor (no sediment

infill, margin-perpendicular bathymetric undulations), the view is taken here that it

is nevertheless suitable to demonstrate a mechanism that can play a role in early

salt-sediment interaction and may contribute to diapir evolution.

In a more theoretical sense, the single sinusoid of the employed sedimentation

profile does not need to be considered as the true bathymetric expression at the

seafloor, but can be seen as only one of a range of wavelengths and amplitudes of

sediment lenses that form the natural seafloor bathymetry. In an idealized viscous-

rigid salt-sediment system, sediment bodies of the same thickness (amplitude) but

different spatial extent (wavelength) adjust isostatically at different rates. Bodies

of larger wavelength generally adjust (relax) faster if the salt is sufficiently thick.

However, sinking bodies with wavelengths significantly larger than the salt thickness

start to ‘feel’ the bottom of the salt layer and adjust more slowly because expulsion of

the salt becomes progressively more difficult as the wavelength increases. Sediment

bodies with wavelengths approximately 3-4 times the thickness of the viscous layer

adjust at the fastest rate (Cathles , 1975; Ings , 2006). This simple relationship only

holds if the overburden thickness is small with respect to the salt thickness. The

relaxation time varies little with wavelength for wavelengths close to this preferred

(fastest relaxing) one, therefore a finite range of wavelengths, covering 2-12 times the

salt thickness, are expected to sink rapidly (Ings , 2006).

The concept of preferred wavelengths with shorter relaxation times implies that

if a salt layer is overlain by a random distribution of sediment loads, the loads with

the preferred wavelengths will relax fastest and with time appear as the dominant
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wavelength of diapirism. In other words, even if bathymetric structures of wavelengths

in this range are not the ones with the largest amplitudes, they may still be the ones

that displace the underlying salt most efficiently and can determine the spatial scale

of diapirs and intervening minibasins.

In regard to the application to the Gulf of Mexico (GoM), assuming that the

autochthonous salt basin was approximately 2-3 km thick (Hall , 2002), bodies of 4-

36 km extent are expected to sink the fastest. These values fit fairly well with the

observed spacing of diapirs and canopy feeders of 10-20 km reported by several authors

(Diegel et al., 1995; Heaton et al., 1995; Hall , 2002). Also, minibasins developing

between growing diapirs are observed on a number of continental margins and are

typically 10-15 km wide (Ings , 2006; Hudec et al., 2009).

5.9.2 Models of Diapir Evolution Induced by Uneven Sedimentation

Section 5.3 introduced a model showing sedimentation-induced diapirism (Figure 5.9).

This model D1 was only shown during its later stages of model evolution when diapirs

had already formed. Here, the entire model evolution is shown and discussed, followed

by three additional models that demonstrate the mechanism’s sensitivity to different

model parameters.

All models include a salt basin that is encased by non-deforming material, onto

which sediment are subsequently deposited (Figure 5.7a). Salt basin geometry as

well as salt and sediment rheology are same as in the models of sections 5.3-5.6

(Table 5.1). Salt density is constant, sediment density is exponentially increasing

with burial depth, simulating burial compaction (equation 5.7, Figure 5.8). Sediments

are deposited following a horizontal, sinusoidally modified aggradation profile (equa-

tion 5.10) with peak to trough range A=40m, wavelength L=20 km and aggradation

rate vagg=0.25mm/a. The modulation extends across the entire basin and tapers

off over a distance of T=20 km at both ends. The sinusoidal perturbations remain

stationary, so that a constant bathymetric relief is maintained. The geometric values

may be on the far end of the values of natural systems, but are here chosen such

that the diapir mechanism can be well demonstrated. The water depth (initially

6 km) plays no role during the aggradation phase because the water merely exerts a

laterally uniform load.
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Results of Model D1

During the evolution of model D1 (Figure 5.19) sedimentary roots develop under the

sediment lenses, which grow continuously as the sediments displace underlying salt

during isostatic adjustment. The roots are much thicker than the bathymetric expres-

sion of the lens owing to their small density contrast with the salt. Vertical aggrada-

tion results in the deposition of a uniform background layer of sediment (thickness h2,

Figure 5.19c). The thickening of this layer results in increasing densities of sediments

in the underlying root. This in turn decreases the density contrast to the salt and

results in growth of the roots in order to maintain local isostatic compensation. The

growing roots displace underlying salt laterally into the diapirs, which accordingly

rise and lift their sediment cover. This reduces and eventually stalls the thickening of

the cover layer (thickness h2) under the prescribed aggradation profile (Figure 5.19d).

The evolving system can be described as one of diapirs and minibasins (Fig-

ure 5.19d,e). Deformation localizes between diapir and adjacent minibasin, with dis-

cordances between the diapir flanks and the younger strata. These may be equivalent

to shear zones or drag zones in the natural system. After 10Mam.t., the minibasins

have almost grounded (Figure 5.19e) and the diapirs have reached heights that now

significantly exceed the initial thickness of the salt layer, elevating their cover above

the adjacent seafloor. The minibasins develop an irregular asymmetry, which must

be caused by the inaccuracies of the numerical model. Neither the sedimentation

profile nor the salt basin geometry provides for significant asymmetry. Minor differ-

ences (e.g. in timing of salt breaching its overburden) can locally influence the salt

dynamics and generate self-enhancing asymmetry.

Results of Models D2, D3 and D4

Models D2, D3 and D4 are variations of model D1, designed to demonstrate how

different parameters can affect the diapir evolution. In model D2 the aggradation

rate is doubled to vagg=0.5mm/a. In model D3 the peak-to-trough amplitude of

the seafloor undulations is 10m instead of 40m. Model D4 is the same as model

D3 but with a higher sediment grain density of 2700 kg/m3 instead of 2500 kg/m3

to simulate calcareous sediments (Sclater and Christie, 1980; Schmoker and Halley ,

1982). Sediment compaction again follows the compaction curve described in equation
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Figure 5.19: Results from model D1 with aggrading sedimentation with sinusoidal
bathymetric perturbations that have constant amplitude (A=40m) and wavelength
(L=20 km). The color coding is the same as in previous model figures. See text for
details of model evolution.
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(5.7) and Figure 5.8. Owing to the increased grain density, sediment densities are now

equal to that of salt at a depth of 300m, and the average density of a sediment column

reaches salt density at a thickness of 630m. All other properties of the three models

are the same as in model D1.

Figure 5.20: Results from models D2, D3 and D4. (a) Model D2 with doubled
aggradation rate of vagg=0.5mm/a. Diapirs form faster and obtain a more triangular
shape. (b) Model D3 with smaller bathymetric expressions of 10m. Diapirs do not
develop. (c) Model D4 with increased sediment grain density of 2700 kg/m3. Diapirs
develop faster and into wider structures. Open arrows indicate relative displacement.

In the details of model D2 at 5 and 10Mam.t. (Figure 5.20a), the amount of sed-

iment deposited corresponds to that in Figures 5.19d and 5.19e of model D1. The
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diapirs in model D2 grow faster under the increased aggradation rate and are more

pointed and triangular-shaped by comparison with the more flat-topped diapirs of

model D1. Sediment deposition above the salt highs ceases after approx. 2.5Mam.t.,

as the diapir growth rate exceeds the aggradation rate vagg of the prescribed bathy-

metric profile.

In model D3 (Figure 5.20b) with 10m high sediment lenses, only the very first

stage of model evolution, during which isolated sediment lenses are compensated by a

sedimentary root, is similar to that of model D1. In the subsequent evolution, during

which the layer of thickness h2 steadily grows by aggradation, the thickness of the

sedimentary roots no longer increases. No diapirs develop in this scenario.

Diapirs grow rapidly in model D4 by comparison to the other models, owing to the

much higher grain density, and attain a very broad, flat-topped shape (Figure 5.20c).

Sedimentation above the salt highs ceases after less than 1.5Mam.t.

5.9.3 Discussion of Diapir Mechanism

Models D1-D4 demonstrated that the employed uneven sedimentation can initiate

and drive salt diapirism. Local isostatic balancing of the bathymetric highs drives

flow of the underlying salt. Continuing sedimentation sustains the pressure differ-

ences, which, assisted by the evolving density contrast between salt and compacting

sediments, can eventually lead to diapir evolution.

For the quantitative assessment of sedimentation-driven diapirism, a simplified

case in a unconfined salt basin is considered, in which displaced salt is not retained

(Figure 5.21). For simplicity it is also assumed that salt is inviscid (instantaneous

local isostatic equilibration). Additionally, sediments are assumed to have negligible

strength, which in the natural case may only hold for very thin, newly deposited

sediments.

Static equilibrium implies that the pressure at the base of the sediment root must

be the same as the pressure at the same level in the salt (Psed = Psalt, Figure 5.21a).

This is the case in the early stages when the sediment lenses are not connected by

aggrading sediments (Figure 5.21a i) and must be equally true when an aggrading
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layer (thickness h2) is added (Figure 5.21a ii and iii). The pressure balance implies

ρ̄123 g h123 = ρwater g h1 + ρ̄2 g h2 + ρsalt g h3, (5.14)

where g is the gravitational acceleration, h123 = h1+h2+h3 is the total thickness of

the sediment pocket with average density ρ̄123, and h2 and ρ2 are the thickness and

average density of the uniform layer where there is no sediment lens. The average

densities are given by

ρ̄(h123) =

∫ h123

0

ρsed(z) dz and (5.15)

ρ̄(h2) =

∫ h2

0

ρsed(z) dz with (5.16)

ρsed(z) = ρg − (ρg − ρw) Φ0 e
−cz, (5.17)

where ρsed is the local sediment density and depends on burial depth z measured

below the local sediment surface (equation 5.7).

During aggradation, h1 remains constant, h2 grows according to the aggradation

rate, and h3 grows such that the root can isostatically support the sediment lens (Fig-

ure 5.21a ii and iii), provided sediment supply is sufficient. The growth of the sediment

pockets leading to increased height of the adjacent salt highs is termed downbuilding.

As h2 increases, the sediment density in the underlying root increases and a thicker

root is now needed to maintain the isostatic balance (phase A, Figure 5.21a ii). The

‘line of static equilibrium’ (Figure 5.21b) shows how h3 increases with increasing h2

for a constant h1 of 40m under assumed instantaneous isostatic equilibration. When

the thickness of the sediment pocket (h123) exceeds 770m (Figure 5.21a iii), the den-

sity at the bottom of the sedimentary root becomes larger than the surrounding salt

density, and an increase in root thickness can no longer isostatically support the en-

tire thickness h1 of the sediment lens. Continued aggradation increases the pressure

Psed at the base of the sediment pocket (minibasin) more than that in the adjacent

salt, and the minibasin consequently sinks deeper (phase B). Only when the verti-

cally averaged density of the sediment exceeds that of the salt (h123>1710m) can the

minibasins grow without additional sedimentation (phase C, active diapirism).

While the thickness of the sediment lens, h1, determines the root thickness and
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is crucial for the first growth stage (phase A), it is of minor importance once the

basal sediment density exceeds the salt density (phase B). Here minibasin subsidence

can continue during aggradation even if h1=0, provided the mechanical strength of

the sediment is sufficiently low. Diapir growth becomes more efficient when entering

phase B, which occurs when h2=200m (Figure 5.21c) according to the simplified cal-

culations. This value is similar to h2=300m, the thickness at which the model diapir

growth rate exceeds the sedimentation rate (Figure 5.19d).

The rates of diapir growth and minibasin subsidence are not exclusively controlled

by the sedimentation rate but also depend on the salt viscosity, the failure strength

of the sediments, and the width and spacing of the minibasins. Furthermore, in a

confined salt basin (as in the numerical experiment) or where thick minibasins prevent

large-scale lateral salt flow, salt must be conserved locally by transfer into adjacent

developing diapirs and an increase in the diapirs’ growth rate is expected. Despite

these factors, the predictions of the simplified analytical solution reasonably matches

the numerical models.

Amplitude of Bathymetric Relief

For systems with smaller surface undulations than in model D1, the point in time at

which the sediment density at the bottom of the minibasin reaches the salt density

(transition from phase A to phase B) is expected to occur later, since h3 will be smaller

and a larger aggraded thickness of h2 is required. Figure 5.21c shows the simplified

system behavior with smaller surface undulations (h1=40m, 20m and 10m) and the

different thicknesses of h2 necessary to start efficient downbuilding of diapirs. A

larger thickness h2 implies a greater strength of the sediment layer, which needs to

be overcome by larger buoyancy forces to allow diapir growth. In the models, this

in turn requires an increase of h2, which may lead to a too strong overburden that

prevents diapir growth. This is seen in model D3 (Figure 5.20b), where h1=10m and

the overburden thickness required to start phase B is h2=450m.

Salt and Sediment Densities

Figure 5.21c also shows the behavior of systems with a higher salt density of 2200 kg/m3.

This is a more accurate value for natural salt that contains impurities (2150 kg/m3
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represents pure halite density, Hudec et al., 2009). Greater burial depths are then re-

quired for compacting sediments to be as dense as salt (990m for local density, 2270m

for average density). This in turn requires larger sediment thickness h2 for the pre-

sented diapir mechanism. For the system considered here, increasing salt density by

50 kg/m3 has a similar effect to halving the amplitude of the surface undulations.

Numerical experiments with a salt density of 2200 kg/m3 also develop diapirs (not

shown here), but they form more slowly, accumulate a thicker sediment carapace, and

form pointier structures.

Higher sediment densities will have an effect similar to lower salt density. As

model D4 shows, the evolving diapirs grow much faster and attain a more box-like

shape with steep flanks. The effects of different compaction models and sedimentation

rates for this mechanism of diapir evolution have recently been addressed by Goteti

et al. (2012).

5.9.4 Uneven Sedimentation as a Mechanism for Early Diapirism in the

Northwestern Gulf of Mexico

As demonstrated by model D1, a relief of 40m is sufficient to generate diapirs. This

value is at the upper limit of sediment lobes deposited at basin floors, e.g., Prelat et al.

(2010) list maximum thicknesses of 20-40m for sediment lobes in smaller, enclosed

basins, with lateral extents of up to 14 km. Sediment lobes in wide, open basins,

which often reach lengths of more than 20 km, tend to be only 10-20m thick (Prelat

et al., 2010). Model D1 is therefore considered an end-member case and other factors

must facilitate diapir evolution if induced solely by the bathymetric relief of sediment

lobes. For example, diapirs may evolve with bathymetric relief that is less than 40m,

if correlated density distributions enhance the pressure effect of uneven bathymetry.

The northwestern GoM represented a deep-water environment during the Creta-

ceous and early Cenozoic (Goldhammer and Johnson, 2001). Sediment deposition

was relatively uniform across most of the salt basin, far from deltaic sediment input.

Nevertheless, Paleocene-Eocene and Oligocene turbidite deposits are known to exist

more than 200 km away from the contemporaneous shelf edge, suggesting that a well-

developed slope was present to assist the sediment transport (Pindell and Kennan,

2007). Accordingly, sedimentary deposits that are generally found at the toe of the
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slope (like channel lobes) may also have been present in the Cretaceous to Cenozoic

northwestern GoM.

The early post-salt sediments in the GoM are initially shallow-water, then deep-

water carbonates (Galloway et al., 2000). Significant sediment lobes are less likely for

precipitated deep-water carbonates, but resedimented carbonates can form lobes or

accumulations of slumped material. Carbonates typically have higher grain densities

(Sclater and Christie, 1980), for which much smaller undulations are required to drive

diapirism (model D4). Very little is published in the scientific literature about the

seafloor relief of calciclastic sediment lobes. Although any relief will likely be small

and the frictional strength of carbonates is higher than that of quartz-dominated

sand, especially in submarine conditions (Obert and Duvall , 1967), it may be possible

that bathymetric variation on the scale of meters may be sufficient to initiate diapirs.

In model D1 it takes a few million years to grow diapirs by stacking, uneven sedi-

mentation to the stage where buoyancy contrast can take over. Deep-water sediment

lobes persist for less time (104 − 105 a depending on sediment supply, Deptuck et al.,

2008; Prelat et al., 2010). Higher sediment aggradation rates in the models could de-

crease the necessary duration of bathymetry-maintaining sedimentation. Significantly

higher sedimentation rates, however, do not leave enough time for the local isostatic

adjustment and thereby suppress the diapir formation. Diapir evolution in a three-

dimensional setting (such as the GoM) may be much faster than the two-dimensional

setting of the numerical experiments, because growing diapirs can receive salt from

all directions, sinking minibasins can expel salt in all directions and both features

may hence grow more efficiently. An additional possibility, which has not yet been

explored in the numerical models, is that uneven sedimentation develops for a short

interval after an extended period of laterally uniform sedimentation. If densities at

the bottom of the uniform layer are already close to that of the underlying salt, only

a short period of uneven sedimentation may be sufficient to drive the system into the

regime of buoyancy driven diapirism (Goteti et al., 2012).
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5.9.5 Summary of Diapirism Driven by Uneven Sedimentation

It has been demonstrated with the help of numerical models and simplified calcula-

tions, that surface loading akin to uneven sedimentation that preserves bathymet-

ric expressions can drive diapirism if the control parameters take appropriate values.

This mechanism is motivated by the observation that local bathymetric highs, termed

lenses (such as channel-levee systems or turbidite lobes) can be the locus of persistent

sedimentation for a limited, though mechanically significant, period of time. While

the sediment is less dense than the salt, these positive structures subside into the

salt but remain floating in isostatic equilibrium (phase A). Under regional sediment

aggradation the density at the base of the sediment pockets becomes larger than that

of the surrounding salt and isostatic equilibrium can no longer be achieved (phase B,

passive diapir growth). Eventually, the whole sediment column becomes on average

denser than the salt and sinks into the salt under its own weight (phase C, active di-

apir growth similar to Rayleigh-Taylor instability). Numerical models and simplified

calculations show that this mechanism is reasonably efficient for siliciclastic sediments

with undulations of amplitude 40m and wavelengths of 20 km. Smaller bathymet-

ric relief or smaller salt-sediment contrasts hamper or even inhibit diapir evolution.

High sedimentation rates can expedite but also swamp diapir growth. The examples

discussed here are to be considered as end-members, the chosen parameter values all

strongly help the evolution of diapirs.

This mechanism may not be appropriate for the Cretaceous evolution of the north-

western GoM, which was dominated by deep-water carbonate deposition and hence

very little early bathymetric relief. Nevertheless, uneven clastic sedimentation above

other salt basins worldwide may have had a large effect on diapir growth, and this

mechanism deserves consideration in future studies on diapir evolution (see Goteti

et al., 2012).
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Chapter 6

Discussion

The intent of the research presented in this thesis is to provide additional insight

into the salt-tectonic processes and structures that occur in the deep-water regions

of continental margins by employing 2D numerical models. The following aspects

of salt-tectonic deformation are addressed in one or more of the four paper-style

chapters: (1) the conditions leading to gravity spreading above salt on continental

margins; (2) the development of salt tectonic structures (fold belts, canopies, diapirs);

and (3) the salt-tectonic evolution of the northwestern Gulf of Mexico (GoM). This

chapter reviews the research results with respect to these aspects (summaries of the

chapters discussed here may be found in Chapters 2, 3, 4, and 5). Furthermore, the

overall contributions to salt-tectonic research and implications for further studies are

addressed.

6.1 Gravity Spreading on Continental Margins

Gravity spreading of a continental margin-scale sedimentary wedge above a salt sub-

strate occurs when increasing differential stress in the sedimentary wedge causes it to

fail (Figure 6.1). Ensuing deformation results in the formation of an upslope (land-

ward) domain of extension, a central domain of translation and a downslope (seaward)

domain of shortening (e.g. Letouzey et al., 1995; Rowan et al., 2004; Vendeville, 2005).

A weak substrate such as salt or shale can act as a décollement layer and reduce the

basal friction. Channel (Poiseuille) flow of the salt assists the failure by applying a

basal drag on the overburden as it is squeezed and mobilized by the differential load-

ing. Analytical calculations of the stability conditions (Gemmer et al., 2004, 2005)

demonstrated that yielding of the sedimentary overburden depends on factors such as

the differential sediment thickness, the basal slope of the salt layer, and the effective

sediment strength.

247



248

Figure 6.1: Schematic of gravity spreading showing domains of extension, translation
and shortening as well as dominant viscous flow in the salt layer. After Letouzey et al.
(1995).

Figure 6.2: Regional NW-SE trending seismic profile from the northwestern Gulf of
Mexico extending from onshore into deep water (from Radovich et al., 2007). Large-
scale gravity-spreading structures (extensional faults, allochthonous salt, fold belts)
are indicated as well as the thesis chapters addressing their evolution.
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The results presented have general applications but in order to provide context,

the northwestern GoM is used throughout this thesis as a natural example of gravity

spreading to study the factors that controlled its destabilization. In the GoM, salt-

tectonic deformation during the Oligocene-Miocene created the extensional structures

of the Corsair fault system and formed the Perdido Fold Belt, located nearly 200 km

further seaward (Rowan et al., 2005) (Figure 6.2). Many parameters influencing

this margin’s instability are well known (e.g. the geometric extent or thickness of the

deformed overburden) or can be estimated reasonably well (e.g. the salt thickness). A

key factor that is poorly constrained and subject of this investigation is the sediment

strength.

In order to compare numerical models not only to the natural setting but also to

analytical calculations, the stability analysis of Gemmer et al. (2004) and Gemmer

et al. (2005) is expanded in Chapter 2 and Appendix B to include the changes of the

detachment slope during sedimentary loading (Chapter 2). Local isostatic balancing

of a seaward thinning sediment wedge creates a landward tilt of the system and

adds a landward directed force (Appendix B). Gravitational failure of the system is

hampered and ensuing deformation of the overburden takes place more slowly than

in a non-isostatically balanced system. Analytical and numerical calculations of the

stability of an isostatically balanced salt-sediment system agree very well (Figure 6.3).

An interesting effect of a slightly landward tilted salt-sediment system is that tensile

failure does not occur at the shelf edge as in flat-based systems, but can localize

along the slope of the sediment wedge (Appendix B). This indicates that there are

competing effects of a larger landward overburden (larger tensile forces vs. larger

load to translate upslope), that can either stabilize or destabilize the system. The

seismic section of the northwestern GoM (Figure 6.2) images a downward convex

rather than a landward tilted salt basin as it evolved due to the isostatic effects of the

underlying, seaward thinning crust. Such a crustal geometry has not been included

in the numerical and analytical calculations and limits their comparison with the

natural system to the distal half of the salt basin, where crustal thickness variations

are less pronounced and a landward tilt of the system is present.

In both numerical and analytical calculations the sediment strength is controlled

via a parametric description of the effects of pore-fluid pressure. The pore-fluid
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Figure 6.3: Comparison of theoretical and numerical results of stability analysis. The
graph shows the necessary landward sediment thickness h1 for failure to occur in a
submerged frictional overburden above a viscous substratum as a function of sediment
strength (effective internal angle of friction ϕe). Numerical model results are plotted
as red and green dots (stable and unstable models). The numerical results nicely fit
the theoretical results except for domains of very low and very high angles of friction.

pressure ratio λ represents the ratio of fluid pressure to mean stress and effectively

reduces the internal angle of friction (sinϕeff = (1− λ) sinϕ0). Both numerical and

analytical methods conclude that a setting like the Oligocene northwestern GoM can

deform on a landward sloping detachment under gravitational loading if the pore-

fluid pressure ratio is sufficiently high (λ = 0.8 for typical clastic sediments with an

internal angle of friction of ϕ0 = 30◦).

These results demonstrate that the Perdido Fold Belt could indeed have formed

due to gravity spreading alone, as had been suggested but not quantified by many

previous authors (Diegel et al., 1995; Peel et al., 1995; Rowan et al., 2005). However,

it raises the questions whether the pore-fluid pressure ratios in the Perdido Fold Belt

were actually as high and uniform as in the numerical calculations. This issue is

addressed in two companion papers (Chapters 3 and 4) that include dynamic calcula-

tions of pore-fluid pressure (Gradmann et al., 2012; Gradmann and Beaumont , 2012).

Here, sediment compaction is included as both viscous and mechanical processes and

compaction-driven Darcy fluid flow in clastic sediments is coupled through the ef-

fective pressure to their frictional-plastic yielding and mechanical deformation. The

strength of a given sediment column is now no longer controlled by a constant value
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Figure 6.4: Pore-fluid pressure ratio of model ML-Q25 during (a) incipient gravity
spreading and (b) strong folding.

of the pore-fluid pressure ratio, but by the location of shale-type layers embedded

in sandstone-type material and their burial history. These layers easily overpressure

and thereby modify the overall fluid pressure regime.

The results of these more complex models show that, in order to bring a setting

like the Oligocene northwestern GoM to gravitational failure, very high pore-fluid

pressure needs only to occur in the sediments above the landward end of the salt

basin where the detachment surface forms and that uniformly high pore-fluid pres-

sure is not required (Figure 6.4). High pore-fluid pressure in the distal area of the

gravity-spreading system enhances deformation rates but is less crucial to gravita-

tional failure. In order to achieve rapid deformation and strong shortening such as

witnessed in the northwestern GoM, more than one shale layer, or an equivalent, with

strong compaction efficiency is necessary.
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6.2 Development of Salt-Tectonic Structures

The salt-tectonic structures investigated in this thesis include fold belts, salt canopies,

and salt diapirs.

6.2.1 Fold Belts

Fold belts develop in the shortening domain of a gravity-spreading system (Rowan

et al., 2004), which can localize either at the toe-of-slope of the prograding sediment

wedge or at the end of the underlying salt basin. In this thesis I demonstrated

with 2D numerical models that this localization depends on the integrated shear

strength of the underlying salt layer. Above thin or high-viscosity salt, sufficient

strain localizes at the toe-of-slope to deform the overburden. Above thick or low-

viscosity salt, little strain localizes at the toe-of-slope but more at the end of the

salt basin, where subsequent deformation of the overburden occurs (Figure 6.5 and

Chapter 2). A fold belt forming at the toe-of-slope grows seaward, where it can more

easily mobilize salt and deform the overburden. Fold belts forming at the toe-of-slope

will therefore accommodate less shortening in each anticline than those forming at the

end of the salt basin, resulting in smaller fold amplitude. However, these fold belts

may be longer, often extending all the way to the end of the salt basin (Chapter 2).

In Chapters 3 and 4 (Gradmann et al., 2012; Gradmann and Beaumont , 2012), the

influence of pore-fluid pressure on fold-belt formation is addressed using an expanded

version of the 2D modeling software, which allows for the dynamic calculation of

pore-fluid pressure. Excessive overpressure in the sedimentary overburden facilitates

detaching on the overpressured sediment layer rather than on salt, leading to contin-

uation of the fold belt beyond the salt basin. Folding is only one mode of horizontal

shortening: pure-shear thickening and lateral compaction are additional modes, and

their contributions to fold belt evolution are discussed in Chapter 4 (Gradmann and

Beaumont , 2012). Whereas no clear separation into the different modes of shortening

could be performed, it still becomes clear that the weakest sediments do not neces-

sarily lead to the strongest folding. Model ML-Q35, which has a higher compaction

efficiency than model ML-Q30 and therefore generates higher overpressure, develops

smaller fold amplitude for same amounts of total shortening. This suggests that
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Figure 6.5: foldbelt evolution above (a) low-viscosity salt and (b) high-viscosity salt.
Fold belt develops at the end of the salt basin and the toe of the slope, respectively.

compaction efficiency may contribute to shortening by lateral compaction. Another

explanation could be that decompaction plays an important role in enhancing the

fold anticlines, leading to larger fold amplitudes in model ML-Q30.

6.2.2 Canopies

Salt canopies are voluminous allochthonous salt structures that can extend several

tens to even hundreds of kilometers along and across continental margins. They

are particularly abundant in the GoM, where different generations and styles of salt

canopies exist (Peel et al., 1995). Salt canopies represent an exceptional form of

salt mobilization where salt rises from its autochthonous level to the Earth’s surface

or seafloor and can then move up to several kilometers laterally (Fletcher et al.,

1995; Talbot , 1998; Talbot and Aftabi , 2004). In Chapter 5, the evolution of salt

canopies in the center of a large salt basin (similar to the Eocene canopy in the

northwestern GoM) is investigated by employing 2D finite-element models, which

involve the dynamical interaction of viscous salt and frictional-plastic sediments in a

gravity-spreading system.
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Three different concepts of salt expulsion and canopy formation, already proposed

in the literature, are tested. The squeezed diapir mechanism (1) holds that shortening

of a region containing pre-existing diapirs will be absorbed by the salt (the weakest

part of the system), which is then expelled onto the seafloor. The expulsion rollover

mechanism (2) causes salt to be expelled laterally and to the surface from beneath

evolving rollover structures and can operate in a neutral stress regime. The breached

anticline mechanism (3) requires strong shortening of salt-cored folds such that the

salt breaches the anticlines and is expelled to the seafloor. Where diapirs are required

as precursory structures for canopy formation, their evolution is included in the mod-

els according to the mechanism of uneven sedimentation discussed in Chapter 5. This

approach provides a suitable precursor phase to that of progradational sedimentation.

While all three canopy mechanisms can theoretically produce allochthonous salt

structures, a true canopy, which consists of two or more coalesced salt sheets, only

develops in the compressive settings of the squeezed-diapir and breached-anticline

mechanisms. A mechanism operating in a neutral stress regime like the expulsion-

rollover mechanism only succeeds to expel salt adjacent to strong basement highs,

which effectively constitute the end of a salt basin. The concept of salt expulsion as

a result of a series of minibasin developing into expulsion rollovers was not successful

under the conditions tested here.

The squeezed diapir mechanism represents the most promising candidate for the

development of the Eocene canopy in the northwestern GoM. It develops under sim-

ilar sedimentation regimes (initially primarily aggradational, later progradational),

develops similar structures around the canopy (landward faults, folded and faulted

strata underneath the canopy, delayed deformation of the distal section), and the

cross-sectional area of salt expelled onto the sea floor is comparable (several thousand

meters by up to 50 km). Major shortcomings of the models of the other mechanisms

are little or no salt extrusion (small-scale expulsion rollover mechanism and breached

anticline mechanism, respectively), differences of the structures surrounding the al-

lochthonous salt (basement high and growth wedge for large-scale expulsion rollover

mechanism), and premature deformation of the sedimentary overburden above the

distal end of the salt basin (breached anticline mechanism and large-scale expulsion

rollover mechanism). It is also possible that the three different mechanisms may have
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acted in combination or sequentially. The mechanism of breached anticlines may best

explain the evolution of the younger canopy located further seaward (Figure 6.2).

6.2.3 Salt Diapirs

In recent years, diapir initiation under a brittle overburden has been mostly dis-

cussed in the context of regional extension or shortening (Vendeville and Jackson,

1992; Jackson and Vendeville, 1994; Ings and Beaumont , 2010). The contribution

of sedimentation patterns to diapir initiation in a neutral stress regime has not been

investigated and is one subject of Chapter 5. Here, numerical models are invoked that

comprise a viscous salt layer progressively overlain by compacting, frictional-plastic

sediments. Sedimentation occurs as uniform aggradation, laterally modulated by si-

nusoidal undulations. The results demonstrate that the bathymetric relief generated

by, for example submarine lobes (e.g. Deptuck et al., 2008), can indeed initiate di-

apirism when operating over a few millions of years. The sinusoidal undulations here

have wavelengths of approximately 20 km and an amplitude of only 10-20m, which

corresponds to the limits of the range of dimensions of submarine lobes and other

sediment gravity-flow deposits.

Although these end-member results are still preliminary and the range of parame-

ters that lead to successful diapir evolution needs to be further investigated, they show

that laterally varying sedimentation can play an important role in diapir evolution

above young salt basins.

6.3 Salt-Tectonic Evolution of the Northwestern Gulf of Mexico

The northwestern Gulf of Mexico experienced at least four phases of gravity spreading

(Peel et al., 1995; Radovich et al., 2007) and comprises a multitude of salt-tectonic

structures (a salt-cored fold belt, salt-related faults, salt diapirs, salt canopies). A

focus of this thesis is the circumstances that led to the youngest, Oligo-Miocene

phase of gravity spreading and the associated evolution of the Perdido Fold Belt,

but also addresses two older phases. During the Oligocene gravity-spreading phase,

deformation took place at the level of an allochthonous salt layer (the Eocene canopy)

and resulted in the formation of the Port Isabel Fold Belt. An Eocene phase of gravity
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Figure 6.6: Schematic comparison of Eocene canopy in the northwestern Gulf of
Mexico with those developing in the numerical models of Chapter 5. All drawings
are schematic and have similar but conceptual scales. Characteristics of the Gulf of
Mexico canopy are listed and highlighted in green. The markings in green, orange
and red display the poor, moderate, and good agreement of the model results with
the natural features, respectively. The small-scale expulsion rollover mechanism does
not develop allochthonous salt structures, which is marked here as ‘infinite’ duration
of canopy evolution.
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spreading was proposed by Peel et al. (1995) to have formed the large-scale folding

structures landward of the Perdido Fold Belt.

In this thesis, the salt-tectonic evolution of the northwestern GoM is studied

beginning with the youngest, best-known and going back in time to the older, less

well-known structures. It is however more logical to discuss the structural evolution

in chronological order.

Although not completely unambiguous, squeezing of pre-existing diapirs consti-

tutes the most likely mechanism for the development of the Eocene salt canopy. This

result implies that a phase of diapirism existed in pre-Eocene times and that a phase of

gravity spreading followed, which laterally shortened the salt structures and expelled

salt onto the seafloor (Figure 6.7a). This interpretation is supported by modeling re-

sults (Chapter 5) and structural interpretation of seismic data. While the late Eocene

was a time of reduced sediment supply, the Oligocene was dominated by enhanced

supply of coarse clastic sediments (Galloway et al., 2000). Deltaic progradation of sed-

iments above the allochthonous salt layer may have triggered another phase of gravity

spreading (model R-C1, Chapter 2). Here the décollement layer likely also comprised

layers of shale deposited during the sediment-starved periods of the Oligocene (Peel

et al., 1995; Diegel et al., 1995; McDonnell et al., 2009). The autochthonous salt

layer underneath the Eocene canopy was presumably already strongly evacuated and

was, therefore, not easily activated as a décollement system. Continuing progradation

of the deltaic sediment wedge eventually shifted the differential loading to the region

where the autochthonous salt layer had not yet been strongly evacuated and triggered

the onset of the last major phase of gravity spreading (model R-C1, Chapter 2).

This last phase of gravity spreading folded the 4.5 km thick section above the au-

tochthonous salt basin into the Perdido Fold Belt. In Chapter 2 (Gradmann et al.,

2009) it is demonstrated with numerical and analytical calculations that such gravity-

driven deformation could only occur if high fluid pressure existed in the overburden.

In Chapter 4 (Gradmann and Beaumont , 2012), this inference is refined by employing

dynamic calculations of compaction-induced fluid pressure. It is shown that very high

overpressure only needed to exist in the landward end of the gravity-spreading sys-

tem. The effective strength of a sediment column can be easily reduced by efficiently
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compacting and overpressuring shale layers embedded in more permeable (sandstone-

type) material. It is demonstrated that the early Paleocene and Eocene shale layers

in the stratigraphic column of the northwestern GoM would have provided sufficiently

effective reduction of integrated sediment strength.

The canopy that is located above the most landward part of the Perdido Fold

Belt likely formed coevally with this shortening structure. Fold anticlines become

weakened when they are strongly shortened and buoyant salt can pierce through its

overburden (Chapter 2 and 5). Only small amounts of salt will extrude to the surface

forming a patchy canopy as described from seismic data (Fiduk et al., 1999).

The formation of the Perdido Fold Belt and Perdido Canopy were the latest major

salt-tectonic activities in the northwestern GoM. Without considering minor reacti-

vation phases during the late Miocene (Waller , 2007), this thesis comprises the study

of nearly the entire Cenozoic salt-tectonic evolution of the northwestern GoM (latest

Paleocene to present). The prior evolution may have involved diapirism (Chapter 5)

and a first phase of gravity spreading (Radovich et al., 2007).

6.4 Summary and Outlook

This thesis has addressed several aspects of salt-tectonic deformation on a continental

margin - both in general and with respect to the Cenozoic evolution of the north-

western Gulf of Mexico. These aspects include the evolution of a Eocene salt canopy

(probably preceded by diapirism), its role as a décollement layer during Oligocene,

the re-activation of the allochthonous salt detachment and associated evolution of the

Perdido Fold Belt, as well as the development of a late Oligocene-Miocene canopy

above the fold belt. The studies employed 2D finite element numerical models that

comprise a viscous salt layer overlain by compacting, frictional-plastic sediments.

A new mechanism of diapir evolution has been tested that can operate in a neutral

regional stress regime and employs the effects of uneven sedimentation. Local isostatic

compensation of bathymetric features leads to formation of salt highs and under

continuing sedimentation to evolving diapirs. Though it cannot be resolved whether

this mechanism is applicable the early evolution of the GoM, it demonstrates the

effects of salt-sediment interaction occurring during diapir evolution.
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Figure 6.7: Schematic evolution of the northwestern Gulf of Mexico.



260

Three different mechanisms of canopy evolution have been tested: 1) The mecha-

nism of squeezed diapirs, 2) the mechanism of expulsion rollovers, and 3) the mech-

anism of breached anticlines. All three canopy mechanisms can, in general, produce

allochthonous salt structures, but only the models of squeezed diapirs and breached

anticlines develop a true canopy. The first mechanism, which requires the evolution

of diapirs as precursory structures, is here considered the most likely candidate for

the formation of the Eocene canopy in the northwestern GoM. Its overall sedimenta-

tion and stress regimes as well as the evolving structures (inverted minibasins, closed

feeders) match well those reported from the natural example.

The evolution of the Perdido Fold Belt occurred much later than the emplacement

of the Eocene canopy. In Chapter 2 (Gradmann et al., 2009) we suggested that

the autochthonous salt layer underneath the canopy had been mostly evacuated and

that increased sediment deposition extending beyond the canopy (associated with

Oligocene shelf progradation, Galloway et al., 2000) can successfully trigger a new

phase of gravity spreading on the autochthonous salt layer. The quantitative failure

conditions of a salt-bearing, isostatically balanced continental margin system were

investigated analytically (expanding on previous work by Gemmer et al., 2004, 2005)

and numerically. Both approaches revealed that the late Oligocene folding of the

4.5 km thick sequence now forming the Perdido Fold Belt can indeed have been driven

by gravitational spreading alone, if fluid pressure weakened the overburden sufficiently

(pore-fluid pressure ratio λ = 0.8). These values were refined using numerical models

that couple compaction-induced fluid pressure and mechanical deformation (Morency

et al., 2007). Chapters 3 and 4 (Gradmann et al., 2012; Gradmann and Beaumont ,

2012) show that in order to induce failure, high fluid pressure is primarily required at

the base of the extending overburden, while moderate fluid pressure in the remaining

overburden (e.g. induced by two or more shale layers) is sufficient.

These coupled models further showed that sediment compaction can accommodate

a significant amount of shortening, again applied to the deep-water setting of the

Perdido Fold Belt. Consequently, the compaction efficiency of a sedimentary layer can

influence the style of folding (e.g. fold amplitudes), depending on the contribution of

different modes to shortening (compaction, folding, pure-shear thickening). Folding in

a gravity-spreading system can localize at the toe-of-slope of the prograding sediment



261

wedge or at the end of the underlying salt basin. In Chapter 2 (Gradmann et al.,

2009) we demonstrated that this localization depends on the shear strength of the

underlying salt layer (thin and high-viscosity salt vs. thick and low-viscosity salt).

Strong folding, as predicted for end-of-salt folding, can effectively weaken the over-

burden such that buoyant salt can breach the anticlines and extrude to the seafloor.

This mechanism has been investigated as one of the concepts of canopy evolution and

is here regarded as the process that formed the salt canopy over and adjacent to the

Perdido Fold Belt.

The work presented in this thesis has contributed significantly to current salt-

tectonic research. The work on the northwestern GoM itself may assist the more

detailed understanding of salt-related structures and be of benefit in hydrocarbon ex-

ploration. Many findings that were obtained by studying the northwestern GoM can

be applied to other continental margin salt basins (such as the stability analysis, the

mechanisms of diapir and canopy evolution). The use of numerical models facilitated

analysis and visualization of the salt-tectonic processes on a continental margin, which

is especially important and helpful for the understanding of the large-scale linking be-

tween upslope and downslope processes. Dynamic calculations of pore-fluid pressure

have, for the first time, been applied to a salt-tectonic system and revealed strong

feedback effects between compaction and deformation, which have been previously

known but only poorly understood and quantified.

Deep-water exploration in the northwestern GoM will continue and expand over

the next years and it will be interesting to see what new information will be revealed

about its salt-tectonic and structural evolution. The basic experiments I did on

diapir evolution induced by uneven sedimentation have recently been expanded to

investigate the effects of different sediment compaction behavior and sedimentation

patterns (Goteti et al., 2012). Many additional investigations on early salt-sediment

interaction can be envisaged (effects of lateral density variations, layered salt-sediment

system, or regional stress regimes). Effects of three-dimensional salt flow cannot be

tested with the current software, but may play a significant role in early salt-sediment

interaction (enhanced diapir growth rate, change of preferred minibasin wavelength)

and in the regional evolution of canopies (coalescense of adjacent sheets, expulsion of

underlying salt). My work on the coupled evolution of fluid pressure in sediments and
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salt-tectonic deformation can be seen as a first step in understanding the structural

evolution in many sedimentary basins. Of particular interest would be the detailed

stress and pressure regimes in fold belts or around diapirs, together with their relative

feedback effects. For this, higher resolution models and a better treatment of the

numerical effects outlined in Chapter 4 would be required.

The work presented here may thus in many ways help future studies and enable

continued research on salt-tectonic processes on continental-margin scale, in deep-

water settings or with respect to local salt-sediment and fluid interactions.



Appendix A

Glossary of Salt-Tectonic Terminology

active diapirism Salt piercing through its overburden in response to buoyancy

forces.

allochthonous salt Sheet-like body of salt at a stratigraphic level higher than its

own depositional (autochthonous) one (Jackson and Talbot , 1991).

autochthonous salt Salt at its depositional level.

diapir Mass of salt that has flowed ductilely and appears to have (often together

with its roof) discordantly pierced or intruded the overburden (Jackson and

Talbot , 1991).

downbuilding See passive diapirism.

expulsion rollover Prograding sediment wedge that laterally expels salt.

gravity gliding Movement of a rock mass above a weak detachment surface induced

by the slope of the detachment. Internal deformation does not necessarily occur

(Schultz-Ela, 2001).

gravity spreading Movement of a rock mass above a weak detachment surface (re-

gardless of its slope) induced by the differential loading of the overburden.

Lateral extension and vertical contraction of the rock mass occur (Schultz-Ela,

2001).

minibasin Sedimentary basin of several kilometers extent surrounded by shallow

(near-surface), thick salt, which can subside rapidly owing to withdrawal of the

underlying salt (Hudec et al., 2009).

passive diapirism Growth of diapir as sediments accumulate around it. During

this process of downbuilding, the additionally deposited sediments exert a load
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on the diapirs flanks, squeeze more of the underlying salt into the diapir and

create additional accommodation space.

namakier Subaerial allochthonous salt sheet. Equivalent to salt glacier.

reactive diapirism Vertical salt movement in response to local thinning of the over-

burden during regional extension. Salt is driven by lateral load gradients and

fills the space created by extension.

salt canopy Two or more coalesced salt sheets.

salt feeder Sub-vertical salt body that links deep to near-surface salt.

salt glacier Subaerial allochthonous salt sheet. Equivalent to namakier.

salt nappe Allochthonous salt structure forming at the depositional end of the salt

basin. Often formed in a thrust-like style.

salt roller Triangular shaped salt body with a single, dominant bounding fault.

Common structure below rotating blocks in extensional setting.

salt sheet Body of allochthonous salt with one feeder, the sub-horizontal dimension

of which is several times larger than is vertical one (Jackson and Talbot , 1991;

Hudec and Jackson, 2006).

salt tongue Sub-horizontal allochthonous salt structure formed on the seafloor usu-

ally from a seaward leaning, extruding diapir.

salt weld Original location of now depleted salt layer which marks a fault-like un-

conformity between pre- and post-salt strata.

salt wing Sheet-like salt body that intruded from the flank of a diapir into weak,

adjacent strata, e.g., into a pre-existing salt layer.

turtle structure Structure of inverted minibasin that develops when the flanks of

the minibasin subside owing to salt withdrawal after the minibasin grounds at

the base of the salt layer.



Appendix B

Stability Analysis of Continental Margin System over

Viscous Substratum

B.1 Introduction

The stability of a continental margin system above salt has been analytically deter-

mined by Gemmer et al. (2004, 2005) and expanded to the isostatically balanced case

in Chapter 2 (Gradmann et al., 2009). A shortcoming of the latter is that tensile

failure was assumed to always occur along the shelf edge. This chapter shows that

this is not necessarily the case, and additionally compares the results of the analytical

solution to numerical experiments, thereby testing both software and calculations.

A simplified continental margin system is shown in Figure B.1 and consists of a

wedge-shaped, frictional overburden and a viscous salt layer of constant thickness.

Owing to the differential height of the overburden the system may fail and develop

an extensional setting upslope and a compressional setting downslope with the cen-

tral part of the overburden sliding basinward. This behavior of gravity spreading

has been observed on many continental margins (Gulf of Mexico, Angola, Eastern

Mediterranean, Worral and Snelson (1989); Tari et al. (2003)) and studied in physi-

cal experiment (Vendeville and Jackson, 1992; Letouzey et al., 1995; Koyi , 1996; Ge

et al., 1997; Krezsek et al., 2007).

B.2 Horizontal Force Balance - Isostatically Balanced System Including

Water Load

The continental margin can be regarded as a system on which different horizontal

forces act (Figure B.2). These forces are the tensile force F1 that results from the

attempt of the wedge-shaped overburden to level out, the force F2 that resists the

thickening or thrusting of the seaward sediment layer, the downhill-slope force Fiso,

the drag force Fp that results from the Poiseuille flow induced in the viscous layer,
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Figure B.1: Schematic picture of gravity spreading in a non-isostatically balanced
and an isostatically balanced continental margin system underlain by a layer of salt.

and the force of the water load Fw, which can be regarded as an additional buttressing

force. If the forces in the downslope direction prevail, the overburden will fail and

start to slide basinward. To be precise, a net force acting basinward cannot exist. It

would be counterbalanced by a frictional force that results from the shearing of the

substratum. Its magnitude depends on the sliding velocity that induces the Couette

flow in the substratum. To determine the conditions for failure, the frictional force of

the Couette flow is not needed (since at the point of failure the sliding velocity and

therefore the frictional force will be zero). The horizontal force balance then states

F1 + F2 + Fp + Fiso + Fw = 0. (B.1)

The different forces are calculated in the following sections. Where possible, the

derivations of Chapter 2 (Gradmann et al., 2009) are used. The terminology of the

different parameters used in the analytical stability analysis is explained and listed

in Figure B.3. The salt-sediment system is here directly underlain by material of the

lithospheric mantle, which is displaced during isostatic adjustment. A crustal layer

is omitted, as it plays no part in the isostatic considerations.
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Table B.1: Parameters used in limit analysis for margin stability.

Symbol Parameter

Geometry
x1, x2 location of tensile and compressive failure
h(x) thickness of overburden
h1=h(x1) thickness of overburden at location of tensile failure
h2=h(x2) thickness of overburden at location of compressive failure
h0 distance from water level to reference level
hw1, hw2 height of the water column at location of tensile and compressive failure
hc thickness of salt layer
hm(x) thickness of lithospheric mantle relative to lowest point of sedimentary sys-

tem

hm(x) thickness of mantle material expelled by overburden during isostatic adjust-
ment

α1(x) slope of seafloor
α2(x) slope of base of the system

Material Properties
ϕ0 internal angle of friction
ϕe effective angle of friction, modified by pore-fluid pressure
λ pore-fluid pressure ratio, defined as ratio of fluid pressure to mean stress

(equation B.10)
ρw density of water
ρs density of salt and sediment
ρm density of lithospheric mantle
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Figure B.2: Forces acting on a continental margin system underlain by a layer of
salt. F1: force of tensile stresses, F2: force of compressive stresses, Fp: force due to
drag of Poiseuille flow induced by pressure difference, Fiso: downhill-slope force of
sedimentary overburden, Fw: buttress force of water load.

Figure B.3: Schematic of continental margin wedge underlain by a layer of salt.
Isostasy bends the landward part down. A crustal layer is omitted here, as it plays
no part in the isostatic considerations. The terminology is described in TableB.1.

A few Geometric Relations

Airy isostasy and geometric considerations yield

(h(x) + hc) ρs + hw(x) ρw = hm(x) ρm (B.2)

hw(x) + h(x) + hc = h0 + hm(x) (B.3)
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Combining the above equations yields

hw(x) = h0
ρm

ρm − ρw
− (h(x) + hc)R with (B.4)

R =
ρm − ρs
ρm − ρw

. (B.5)

It follows that

hw1 = hw0 −Rh1 (B.6)

hw2 = hw0 −Rh2 = hw1 +R (h1 − h2), (B.7)

where hw0 = h0
ρm

ρm−ρw
−hc R corresponds to the water depth over the isostatically bal-

anced salt layer if no sedimentary overburden was present. Equations (B.2) and (B.3)

furthermore yield

hm(x) = (h(x) + hc) (1−R) + h0
ρw

ρm − ρw
d hm(x)

dx
= (1−R)

dh(x)

dx
. (B.8)

Tensile and Compressive Forces F1 and F2

The deviatoric tensile and compressive stresses in a volume of frictional material are

very difficult to calculate in a stress field below yield. However, since we are interested

in the behavior at yield, we can make use of the yield criterion:

σe1 − σe3 = (σe1 + σe3) sinϕ0 + C cosϕ0 (B.9)

where σe1 and σe3 are the minimum and maximum effective stresses, respectively, (the

stress reduced by the pore-fluid pressure pf , σe = σ − pf ), ϕ0 is the internal angle

of friction, and C is the cohesion. In the presented case, the cohesion is considered

negligible because the other stresses (e.q. overburden weight) are orders of magni-

tude larger. The pore-fluid pressure is parameterized by its ratio to the mean stress
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(equation B.10), which, for sub-aqueous systems, gives:

λ =
p′f
p′

=
pf − pw
p− pw

=
pf − pw

σ1+σ3

2
− pw

(B.10)

Equation (B.9) can then be rewritten as

σ′
1 − σ′

3 = (σ′
1 + σ′

3) sinϕe with (B.11)

sinϕe = (1− λ) sinϕ0 and (B.12)

σ′ = σ − pw. (B.13)

In the example of the continental margin system, the maximum stress in the exten-

sional setting is the vertical stress σzz, the minimum stress is the horizontal stress

σxx. In the compressive setting, minimum and maximum stresses are oriented in

the opposite way. The following relations for σ′
xx and σ′

zz are then obtained from

equation (B.11)

σ′
xx = σ′

zz ka (extension) (B.14)

σ′
xx = σ′

zz kp (shortening) (B.15)

ka =
1− sinϕe

1 + sinϕe

(B.16)

kp =
1

ka
=

1 + sinϕe

1− sinϕe

, (B.17)

with σ′
zz being the weight of the overburden excluding the water load pw.

σzz = σ′
zz + pw = ρs g h(x) + ρw g hw(x) (B.18)

To calculate the total horizontal force for either tensile or compressive failure in the

overburden, we need to integrate the horizontal stresses vertically throughout the
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overburden:

F1 =

h1∫
0

σxx, extension dh =

∫ 0

h1

(ka ρs g h(x) + ρw g hw1) dh

F1 =
1

2
ka g ρs h

2
1 + ρw g hw1 h1 (B.19)

with hw1 given in equation (B.6).

For the case of compressive failure

F2 =

h2∫
0

σxx, shortening dh = −
∫ 0

h2

(kp ρs g h(x) + ρw g hw2) dh

F2 = −1

2
kp g ρs h

2
2 − ρw g hw2 h2 (B.20)

with hw2 given in equation (B.7).

ρs is the overburden density and h1 and h2 are the sediment thicknesses at tensile

and compressive failure, respectively. In Chapter 2 (Gradmann et al., 2009) it was

considered that hw1=0 and hence F1 =
1
2
ρs g ka h

2
1.

Poiseuille-Flow Force Fp

A Poiseuille (or channel) flow is induced in a viscous layer by the pressure difference

of the overburden and by the slope of the viscous layer itself. The shear stress exerted

on the boundary of the viscous layer integrated over the entire failing section gives the

total horizontal force. The flow is driven by the pressure difference across the viscous

layer. Because this does not depend on the water load itself but on its difference across

the failing region, the Poiseuille-flow force is as calculated in Chapter 2 (Gradmann

et al., 2009):

Fp =
1

2
g R (ρs − ρw)hc (h1 − h2) . (B.21)
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Downslope (Gliding) Force Owing to Isostasy Fiso

The tilt of the base of the system adds an extra gravity-induced downslope (gliding)

force to the system. This force is simply calculated by

Fiso =

∫ x2

x1

FG sinα2(x) dx (B.22)

where

FG = ρs g h(x) + ρw g hw(x) and (B.23)

sinα2 ≈ tanα2 =
d hm(x)

d x
= (R− 1)

d h(x)

d x
(B.24)

according to equation (B.8). It follows that

Fiso =

∫ h2

h1

ρs g h(x) · (1−R) dh(x) +

∫ hw2

hw1

ρw g hw(x) · 1−R

R
dhw(x)

Fiso = −1

2
ρs g (1−R)(h2

1 − h2
2)−

1−R

R

1

2
ρw g (h2

w2 − h2
w1) . (B.25)

This result is again slightly different than in Chapter 2 (Gradmann et al., 2009),

where hw1=0 and hw2 = R (h1 − h2).

Force of Water Load Fw

The water exerts a buttress force against the seaward movement of the overburden.

This force is the integrated pressure of the water column that acts on the overburden.

Fw =

∫ hw(x2)

hw(x1)

ρw g hw(x) dhw(x)

Fw = −1

2
ρw g (h2

w2 − h2
w1) (B.26)

As in Chapter 2 (Gradmann et al., 2009), this equation is again simplified to

Fw = −1

2
ρw g R2(h1 − h2)

2. (B.27)
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Force Balance

At the point of failure the horizontal forces balance states

0 = F1 + F2 + Fp + Fiso + Fw

=
1

2
ka g ρs h

2
1 + ρw g hw1 h1 − 1

2
kp g ρs h

2
2 − ρw g hw2 h2

+
1

2
g R (ρs − ρw)hc (h1 − h2)

−1

2
ρs g (h

2
1 − h2

2) (1−R)− 1−R

R

1

2
ρw g (h2

w2 − h2
w1)

−1

2
ρw g (h2

w2 − h2
w1)

=
1

2
ρs g h

2
1 (ka − (1−R))− 1

2
ρs g h

2
2 (kp − (1−R))

−1

2
ρw g (h2

w2 − h2
w1)

(
1−R

R
− 1

)
−1

2
R (ρs − ρw) g (h1 − h2) hc + ρw g(hw1 h1 − hw2 h2) (B.28)

By substituting hw2 with hw1+R(h1−h2), dividing by
1
2
ρs g h

2
c (non-dimensionalizing),

and introducing the non-dimensional parameters h∗ = h/hc, ρ
∗
w = ρw/ρs, the following

relations are obtained

0 = h∗
1
2 (ka − 1 +R)− h∗

2
2 (kp − 1 +R) + (h∗

1 − h∗
2)R (1− ρ∗w)

−ρ∗w
1

R

(
2Rh∗

w1 (h
∗
1 − h∗

2) +R2 (h∗
1 − h∗

2)
2
)

+2 ρ∗w(h
∗
w1 h

∗
1 − h∗

w1 h
∗
2 +R (h∗

1 − h∗
2)h

∗
2)

= h∗
1
2 (ka − 1 +R)− h∗

2
2 (kp − 1 +R)

+(h∗
1 − h∗

2)R (1− ρ∗w)− ρ∗w R
(
(h∗

1 − h∗
2)

2 − 2 (h∗
1 − h∗

2)h
∗
2

)
= h∗

1
2 (ka − 1 +R)− h∗

2
2 (kp − 1 +R)

+(h∗
1 − h∗

2)R (1− ρ∗w)− ρ∗w R (h∗
1
2 − h∗

2
2)

= h∗
1
2 (ka − 1 +R− ρ∗w R)− h∗

2
2 (kp − 1 +R− ρ∗w R) + (h∗

1 − h∗
2)R (1− ρ∗w).

(B.29)

From the relation of these parameters, a yield criterium can be defined for a given set

of properties of a continental margin setting. If the densities, the internal angle of
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friction, the salt layer thickness, and the sediment thickness at the shelf are given, the

horizontal force balance allows prediction of the maximum basinward thickness for

which the system would be unstable. For example, for given values of ρs=2300 kg/m3,

ρm=3300 kg/m3, ϕe=10◦, hc=1000m, h1=2300m, the limiting basinward thickness of

h2 is 600m. This means that a sediment pile thicker than 600m in the basin would

prevent the entire system from failing and the overburden from sliding, a system with

a sediment layer thinner than 600m in the basin would fail. This relationship is

plotted in Figure B.4, here with the limiting basinward sediment thickness h2 as a

function of the effective internal angle of friction ϕe. The relationships are calculated

for different values of the shelf sediment thickness h1. The domain of small h2 and

ϕe represents unstable systems. For greater values of h2 and ϕe the system is stable.

The graphs for different values of h1 intersect, which only occurs for isostatically

balanced systems. This circumstance allows certain models to develop an extensional

zone along the slope, not at the shelf edge. This behavior is further analyzed and

discussed in section B.5.

In order to get an impression of the order of magnitude of the forces contributing

to the force balance, Figure B.5 shows the values of the forces F1, F2, Fp, Fiso and

Fw as a function of the internal angle of friction. The graph shows that F1 and Fiso

contribute most to the force balance.

B.3 Comparison of Analytical and Numerical Calculations of System

Including Water load

The theory derived above should predict the behavior of finite element models. Several

models with same values for h1, hc, ρs and ρm but different input parameters for

h2 and ϕe were run using the software SOPALE, described in Chapter 2. In plots

of strain rates and displacement velocities (Figure B.6) it can be seen that models

behave either stable or unstable, depending on values of h2 and ϕe. Figure B.7 shows

the comparison of analytic theory and finite element models. They match very well

except for regions of extremely low effective angles of friction.
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Figure B.4: Dependance of seaward sediment thickness h2 on the effective internal
angle of friction ϕe for a seaward sliding frictional overburden at failure submerged
under water and underlain by a viscous substratum. For all curves, salt and sedi-
ment density ρs is 2300 kg/m3, mantle density ρm is 3300 kg/m3, water density ρw
is 1000 kg/m3, salt layer thickness hc is 1000m and the landward sediment thick-
ness h1 varies as shown in the plot. The graphs show that systems become unstable
for weaker sediments (lower ϕe), smaller seaward sediment thickness h2, or larger
landward sediment thickness h1.
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Figure B.5: Plot of the forces contributing to the horizontal force balance as a function
of the internal angle of friction. Parameters are as for Figure B.4 with h2=200m and
h1=2300m.
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Figure B.6: Two finite element models of an isostatically balanced, wedge-shaped
frictional-plastic overburden overlying a 1000m thick, viscous salt layer. The plots
show strain rates and displacement velocities. The two models differ in the seaward
sediment thickness (h2=1500m and h2=1300m) but have the same landward sediment
thickness (h1=2300m), same salt, sediment and mantle densities (ρs=2300 kg/m3,
ρm=3300 kg/m3) and same overburden strength (ϕe = 5◦). The first model, which is
considered stable, shows very small strain rates in the overburden and a Poiseuille-
type velocity distribution in the salt layer. The second model, which is considered
unstable, shows high strain rates and displacement velocities at the shelf edge (zone
of extension) and at the toe of the slope (zone of shortening).
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Figure B.7: Comparison of theoretical and numerical results of stability analysis. The
graph shows the stability criteria for a frictional overburden submerged under water
above a viscous substratum as a function of h2 and ϕe with h1=2300m and all other
parameters as for Figure B.4. The numerical model results are plotted as red and
green dots (stable and unstable models, respectively). The numerical results fit very
well the theoretical results except for domains of very low effective angles of friction.
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B.4 Additional, Simplified Cases of the Stability Analysis

The above derived equations can easily be simplified for the case of a non-submerged

continental margin and for the non-isostatically balanced case already considered by

Gradmann et al. (2005). For completion, the respective force balance equations are

presented here and the comparison to the numerical solutions is shown.

B.4.1 Stability Analysis for a Continental Margin System Without

Water Load

The case of a non-submerged continental margin can be derived from the equations

of the previous section by setting ρw=0 and pw=0. Without waterload, pore-fluid

pressure will be absent (λ=0 and sinϕe = sinϕ0).

A Few Geometric Relations Without Water Load

Airy isostasy and geometric considerations yield

(h(x) + hc) ρs = hm(x) ρm (B.30)

hw(x) + h(x) + hc = h0 + hm(x) (B.31)

Combining equations (B.30) and (B.31) yields

hm(x) = (h(x) + hc)
ρs
ρm

(B.32)

dhm(x)

dx
=

ρs
ρm

dh(x)

dx
(B.33)
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Individual Forces

By omitting the integration over the waterload for F1, F2 and Fiso (equations B.19,

B.20 and B.25, respectively) it follows that

F1 =
1

2
ρs g ka h

2
1 (B.34)

F2 = −1

2
ρs g kp h

2
2 (B.35)

Fiso =

∫ x2

x1

ρs g h(x) sinα2(x) dx = −1

2

ρ2s
ρm

g (h2
1 − h2

2) (B.36)

By substituting ρw=0 in equation (B.21), the Poiseuille-flow force becomes

Fp =
1

2
ρs g (1− ρs

ρm
)hc (h1 − h2). (B.37)

The water loading force is zero.

Sum of Forces

Substituting the above values in the force balance yields

0 = F1 + F2 + Fiso + Fp

=
1

2
ρs g

(
h2
1 (ka −

ρs
ρm

)− h2
2 (kp −

ρs
ρm

) + (h1 − h2)hc (1− ρs
ρm

)

)
. (B.38)

Non-dimensionalization of thicknesses and densities leads to

h∗
1
2 (ka − ρs

ρm
)− h∗

2
2 (kp − ρs

ρm
) + (h∗

1 − h∗
2) (1−

ρs
ρm

) = 0. (B.39)

The resulting relations of h2 and ϕ0 are again plotted for different values of h1

in Figure B.8. As in the case of the submerged margin, F1 and Fiso contribute most

to the force balance (Figure B.9). The numerical models again show very similar

behavior as predicted by the analytical calculations (Figure B.10).
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Figure B.8: Conditions for gravity spreading of a non-submerged continental margin
system. The plots show the dependance of distal sediment thickness h2 on the internal
angle of friction ϕ0 for a seaward sliding frictional overburden at failure above a viscous
substratum. The landward sediment thickness h1 varies as shown in the plot, all other
parameters are as for Figure B.4. The graphs show that systems become unstable
for weaker sediments (lower ϕ0), smaller seaward sediment thickness h2, or larger
landward sediment thickness h1.
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Figure B.9: Plot of the forces contributing to the horizontal force balance without
water load as a function of the internal angle of friction. Parameters are as for
Figure B.8 with h2=200m and h1=2300m.

Figure B.10: Comparison of analytical and numerical results of stability analysis of a
non-submerged continental margin system. The graph shows the stability criteria for
a frictional overburden above a viscous substratum as a function of h2 and ϕ0 with
h1=2300m and all other parameters as for Figure B.8. The numerical model results
are plotted as red and green dots (stable and unstable models, respectively).
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B.4.2 Stability Analysis for a Non-Isostatically Balanced Continental

Margin System

The equations for the non-isostatically balanced case can be easily obtained from the

above calculation by setting ρm → ∞. They have also been derived and discussed by

Gemmer et al. (2005).

Non-Isostatically Balanced System With Water Load

F1 =
1

2
ka g ρs h

2
1 + ρw g hw1 h1

F2 = −1

2
kp g ρs h

2
2 − ρw g hw2 h2

Fp =
1

2
g R (ρs − ρw)hc (h1 − h2)

Fw = −1

2
ρw g (h2

w2 − h2
w1)

Fiso = 0

with hw2 = hw1 + (h1 − h2) follows:

F1 =
1

2
ρs g ka h

2
1 + ρw g hw1 h1

F2 = −kp g
1

2
ρs h

2
2 − ρw g (hw1 + h1 − h2)h2

Fp =
1

2
(ρs − ρw) g hc (h1 − h2)

Fw = −1

2
ρw g (h2

w1 + 2hw1 (h1 − h2) + (h1 − h2)
2 − h2

w1)
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Substituting the above values in the force balance yields

0 = F1 + F2 + Fp + Fw

=
1

2
ρs g

(
h2
1 ka − h2

2 kp + (h1 − h2)hc

)
+ ρw g

(
hw1 h1 − hw1 h2 − (h1 − h2)h2 − hw1 (h1 − h2)− 1

2
(h1 − h2)

2

)
− 1

2
ρw g (h1 − h2)hc

=
1

2
ρs g

(
h2
1 ka − h2

2 kp + (h1 − h2)hc

)
− 1

2
ρw g(h2

1 − h2
2 + (h1 − h2)hc) (B.40)

Non-dimensionalization of thicknesses and densities leads to

h∗
1
2 (ka − ρ∗w)− h∗

2
2 (kp − ρ∗w) + (h∗

1 − h∗
2) (1− ρ∗w) = 0. (B.41)

The predictions of analytical and numerical calculations are shown in Figure B.11

as the relation of h2 to ϕe. Numerical and analytical results agree very well.
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Figure B.11: Comparison of theoretical and numerical results of stability analysis of
a non-isostatically balanced continental margin system. The curve shows the analyti-
cally calculated dependance of seaward sediment thickness h2 on the internal angle of
friction ϕe. The landward sediment thickness h1 is 4500m and all other parameters
are as for Figure B.4. The graphs show that systems become unstable for weaker sedi-
ments (lower ϕe), smaller seaward sediment thickness h2 or larger landward sediment
thickness h1. The numerical model results are plotted as red and green dots (sta-
ble and unstable models). The numerical results agree very well with the analytical
calculations.



286

B.5 Failure at Shelf Edge vs. Failure along Slope

As mentioned in section B.2 and again shown in Figure B.12, the graphs of the inter-

nal angle of friction ϕe versus the seaward sediment thickness h2 for an isostatically

balanced continental margin system at failure intersect for different landward sedi-

ment thickness h1. This means that a system that is unstable for a given h1 is not

necessarily unstable (let alone more unstable) for a larger h1 as one would expect

at first. For example, the continental margin system marked in Figure B.12 (left

blue dot) with h2=1000m, ϕe = 15◦ and h1=5600m is in the unstable region. For

the same landward sediment thickness, a system with, for example, ϕe = 25◦ and

h2=100m is in the stable region (right blue dot). However, with respect to smaller

landward thicknesses of 2300m or 650m, the system is in the unstable region. For

such a system with a landward thickness of h1=5600m this implies that it will not

fail at the maximum sediment thickness located beneath the shelf edge but at smaller

sediment thickness located along the slope. This result is confirmed and illustrated

by a numerical model in Figure B.13.

Figure B.12: Graphs of seaward sediment thickness h2 as a function of the internal
angle of friction ϕe for different landward sediment thicknesses h1. Other parameters
are as given in Figure B.4. Two models are marked with blue dots, which represent
an unstable and stable model with respect to a h1 of 5600m. However, the model
with the higher internal angle of friction is unstable with respect to smaller landward
thicknesses of 2300m or 650m.
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Figure B.13: Finite element models of an isostatically balanced, wedge-shaped
frictional-plastic overburden overlying a 1000m thick, viscous salt-layer. The plot
shows strain rates and displacement velocities. The models has landward and sea-
ward sediment thicknesses of h1=5600m and h2=100m, salt and sediment density of
ρs=2300 kg/m3, mantle density of ρm=3300 kg/m3, water density of ρw=1000 kg/m3,
and an effective internal angle of friction of ϕe = 17◦. The model shows very small
strain rates at the shelf edge but high strain rates and displacement velocities at a
zone of extension along the slope and at the toe of the slope (zone of shortening). The
additional vertical stripes of higher strain rates along the slope up to the shelf edge
are the result of the evolution of the system. Once failure and extension occurs at one
point of the slope, the new space created here allows the more landward overburden
to follow, fail and slide basinward into the space created by the first failure.
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The reason behind this behavior is the dependence of the individual forces on

h1. Both the tensile force F1 and the downhill force Fiso depend on h2
1, the first one

facilitating failure, the second one inhibiting it. The Poiseuille flow force Fp depends

linearly on h1. The sum of forces, plotted in dependence of the landward sediment

thickness h1, follows a hyperbola, which crosses the abscissa twice (Figure B.14).

This illustrates that there are two candidates for failure localization on a continental

margin system. If the conditions for failure are met during the gradual built-up of

the sedimentary wedge, the system will fail once the lower critical h1 is reached. If

the conditions of failure are only met after the sedimentary wedge is emplaced (e.g

by delayed development of fluid overpressure), tensile failure may occur in more than

one location.

The calculations presented here, which do not assume a fixed location of tensile

failure on the margin, are an expansion of those presented in Chapter 2 (Gradmann

et al., 2009), but do not invalidate the results obtained there. In the case of the

Perdido Fold Belt gravity-spreading system, the location of tensile failure (the Corsair

fault system) is known and hence the landward sediment thickness h1 can be estimated

from seismic sections. Thus, it does not represent an unknown in the stability analysis

equations. Furthermore, localization of extension along the slope would only be

observed at the very onset of gravity spreading. During the following evolution,

tensile failure would propagate upslope as seen in Figure B.12. Thus, the Oligocene

extensional structures of northwestern GoM that are seen in seismic data are likely

representing the upslope region of tensile failure.
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Figure B.14: Plots of landward thickness h1 versus sum of forces F1+F2+Fp+Fiso+Fw

for different internal angles of friction ϕe and h2=100m (left graph) and h2=500m
(right graph). Other parameters are as for Figure B.13.



Appendix C

Addendum to Chapters 3 and 4

Chapters 3 and 4 investigate the complex feedback effects between compaction-

induced fluid-pressure generation and mechanical deformation. A number of tech-

nical issues could not be addressed in the two chapters in order to keep the focus on

the salt-sediment interaction. In this Addendum two of these issues are addressed:

First, different strategies to eliminate non-physical behavior of the numerical models

(super-lithostatic fluid pressure and strong decompaction) are presented. Second, I

discuss how to separate the different modes of shortening occurring during fold-belt

evolution (folding, pure-shear thickening and horizontal compaction).

C.1 Elimination of Non-Physical Model Behavior

The software SOPALEff yields calculations of compaction and fluid-pressure genera-

tion that are physically reasonable and in agreement with observations, provided that

the values of the control parameters are chosen appropriately (Chapters 3 and 4). In

a few cases, unphysical processes occurred in the models such as evolution of super-

lithostatic fluid pressure (i.e. fluid pressure that is larger than the lithostatic pressure,

models ML-1 and ML-Q30) and decompaction (models SL-Sh1 and ML-Q20 to ML-

Q35). I made several efforts to eliminate these behaviors with more or less success. In

this chapter the different changes to the software that I tested are described, together

with the corresponding impact on the numerical experiments. The issues of too high

fluid pressure and of decompaction are addressed separately.

C.1.1 Super-Lithostatic Fluid Pressure and Fault-Valving

Super-lithostatic fluid pressure develops in the numerical experiments in very rapidly

compacting model material (model ML-1). In the natural case, extreme fluid pressure

would lead to fracturing of the surrounding rock, to the flow of fluid into these frac-

tures, and to a consequent decrease in the fluid pressure. I implemented this kind of

290
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‘fault-valving’ behavior in the models by locally increasing the hydraulic conductivity

if the pore-fluid pressure ratio λ was exceeding a certain threshold value.

The hydraulic conductivity is normally calculated as

k = k0

(
n

n0

)m

where k0 and n0 are the hydraulic conductivity and porosity at the surface, respec-

tively, n is the material porosity, and the exponent m is an empirical, material-

dependent constant. The

hydraulic conductivity k was substituted by a modified value knew, which increases

exponentially towards a value F ·k over a pre-defined range of pore-fluid pressure ratios

(λ1 to λ2)

knew =

⎧⎪⎪⎨
⎪⎪⎩

k λ ≤ λ1

k · F
λ−λ1
λ2−λ1 λ1 < λ < λ2

F · k λ ≥ λ2

(C.1)

Figure C.1 shows the comparison of a model with and without the fault-valving

mechanism. The model is similar to model ML-Q35 of Chapter 4. In the model

of Figure C.1 only one shale layer was deposited during the aggradation phase and

the pore compressibility of both sandstone-type and shale-type material is slightly

higher than in model ML-Q35 (3 · 10−7 Pa−1 instead of 10−7 Pa−1). The values used

for fault-valving were F = 105, λ1 = 0.85, and λ2 = 0.95. In the model without

fault-valving, extremely high pore-fluid pressure develops in the sediments below the

toe of the slope (black region in Figure C.1a). In the model with fault-valving, this

extreme pore-fluid pressure is reduced to moderate values (Figure C.1b). However,

in the sediments above the distal part of the salt basin, the pore-fluid pressure is

slightly higher than in the model without fault valving. Here, supra-lithostatic pore-

fluid pressure also develops after additional 10Ma of model time (Figure C.1c). The

fault-valving mechanism now no longer succeeds in discharging this overpressure,

indicating that the relation between overpressure and hydraulic conductivity is not

appropriately captured. The local modification of the hydraulic conductivity is not

consistent with the solution of the calculations. A more thorough coupling between

overpressure and hydraulic conductivity would be required.
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Figure C.1: Model results demonstrating fault-valving mechanism. (a) Model without
fault-valving mechanism developing ultra-high overpressure in the center of the model
domain. (b) Same model as above with fault-valving mechanism activated. Fluid
pressure is strongly reduced in the landward and central part of the model domain.
(c) Same model as to the left after additional 10Ma of model time. Super-lithostatic
fluid pressure has developed in the seaward part of the model domain and is not
discharged by the fault-valving mechanism. This indicates that the imposed relation
between pore-fluid pressure ratio and hydraulic conductivity is not consistent with
the overall coupling of fluid flow and mechanical calculations.
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In an alternative implementation, the deviatoric strain rate ε̇′ is used instead of the

pore-fluid pressure ratio λ to provide a range over which the hydraulic conductivity

increases. This approach approximates the conductivity increase expected in active

faults owing to brecciation under high fluid pressure. Although it aims to closely

simulate the natural processes, it fails to reduce artificially developing fluid pressure

such as that in Figure C.1a, because the high fluid pressure not necessarily develops

in regions with strong deformation.

To avoid the problem of artificially high pore-fluid pressure, the compaction effi-

ciency of the shale-type material was reduced in the models of Chapters 3 and 4 by

using a lower pore compressibility.

C.1.2 Decompaction

As discussed in Chapter 3, reversed mechanical compaction (i.e. decompaction) occurs

where the effective pressure Peff decreases.

1

1− n

Dn

Dt
= −βb(n)

DPeff

Dt
− Peff

ξ(n)
(C.2)

Mechanical compaction is here controlled through the bulk compressibility βb(n)=(n−
nc)βp (βp and nc are the pore compressibility and cut-off porosity, respectively), and

viscous compaction is controlled through the compactional shear viscosity ξ(n).

The first attempt to eliminate decompaction was undertaken by artificially setting

DPeff/Dt = 0, if this parameter would have otherwise taken a negative value. This

approach did indeed prevent porosity from increasing, but at the same time the fluid

pressure increased dramatically, reaching pore-fluid pressure ratios much larger than 1

(Figure C.2). The model shown is similar to the model shown in Figure C.1 and to

model ML-Q35 of Chapter 4. A single shale layer is deposited during the aggrada-

tion phase, the pore compressibility of both sandstone-type and shale-type material

is 10−7 Pa−1, the compactional shear viscosity is 35 kJ/mole. Decompaction occurs in

the shale-type layer during gravity-induced fold-belt evolution (Figure C.2b). In the

model with suppressed decompaction (Figure C.2d) ultra-high pore-fluid pressure de-

velops. The suppression of porosity changes is apparently too rigorous, it corresponds

to the use of a bulk compressibility of βp=0. It needs to be considered that the bulk
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compressibility βb is not only affecting the porosity change, but is also included in

two numerical parameters that enter the calculations for the deformation velocities

(bulkv2 and srcecompac, Morency , 2006). bulkv2 is an effective compressibility that

is included in the force-balance equation of quasi-incompressible material. It repre-

sents the so-called penalty method for the purely mechanical calculations, used to

avoid an ill-conditioned stiffness matrix (Fullsack , 1995). A third occurrence of the

parameter βb takes place in the calculations of the fluid pressure (Morency , 2006).

A more comprehensive approach was to modify the parameter βb in every ele-

ment in which decompaction was about to occur and to use this new value wherever

the parameter occurs: in the calculations for porosity changes, the ones for displace-

ment velocities and the ones for fluid-pressure generation. Modification of βb was

achieved through a new input parameter βpmin
, which is used locally to recalculate the

bulk compressibility if DPeff/Dt < 0. Although this approach provided consistent

treatment of the bulk compressibility everywhere, it led to similar effects observed

previously, namely extremely high pore-fluid pressure (Figure C.2b). A change of

one parameter in such a complex system can only be effective, if it is in accordance

with the key mechanisms, which control fluid pressure generation and deformational

velocities.

A new approach that was to avoid changes of porosity or compressibility that

were inconsistent with previous timesteps or adjacent elements. A record was kept

of the minimum porosity achieved during the model evolution and accordingly of

the minimum bulk compressibility βbmin
. These values were used throughout the

following model time steps to calculate porosity changes, deformation velocities and

fluid-pressure generation. This approach is not able to fully eliminate decompaction,

but it reduces it in a way that is consistent with the other calculations (velocities,

fluid pressure, previous timesteps, adjacent elements). This way of controlling de-

compaction has been used in the models of Chapter 3 and 4.

Figure C.3 shows an example of this control mechanism on decompaction. The

model is again similar to the model shown in Figure C.2, only is the compactional

shear viscosity slightly higher (40 kJ/mole instead of 35 kJ/mole). Decompaction oc-

curs in the shale during gravity-induced fold-belt evolution (Figure C.3a). The model

with the activated control mechanism (Figure C.3c) greatly reduces this process. The
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fluid pressure is not strongly affected by the control mechanism (Figure C.3b,d).

C.2 Strain Rates During Horizontal Compaction

In Chapter 4 (Gradmann and Beaumont , 2012), the fold belt evolution in a system

with dynamically calculated pore-fluid pressure is investigated. This study addresses

the effects of both vertical and horizontal stress on sediment compaction. It is noted

that the term ‘horizontal compaction’ does not accurately describe the processes oc-

curring in the models, because compaction is modeled as a purely volumetric process,

driven by the mean stress and fluid pressure, and is independent of direction. It is

furthermore concluded that the porosity loss resulting from a horizontal, compressive

stress regime must therefore occur as a superposition of volumetric compaction and

pure-shear deformation.

This superposition of processes is only qualitatively addressed in Chapter 4 but

their respective contributions to total shortening are not separated or quantified.

An attempt of a quantitative analysis of the model strain rates is discussed in this

section. Additionally, observations from laboratory experiments and natural settings

are presented that indicate a similar superposition of different modes of strain during

compaction.

The considerations presented here demonstrate that the stresses involved in the

compaction process are still not thoroughly investigated and understood. It further-

more reveals possible limitations of the compaction mechanisms that are implemented

in the numerical models.

Strain Rates of Mechanical Deformation

The 2D strain-rate tensor ε̇ij includes all components of the rate of deformation of a

plastic material: isotropic (volumetric) and deviatoric (pure-shear and simple-shear).

ε̇ =

[
ε̇xx ε̇xy

ε̇yx ε̇yy

]
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The isotropic strain rate ε̇V is given by

ε̇V = (ε̇xx + ε̇yy)/2. (C.3)

The deviatoric strain rate tensor ε̇′ then becomes

ε̇′ =

[
ε̇′xx ε̇′xy
ε̇′yx ε̇′yy

]
=

[
ε̇xx − ε̇V ε̇xy

ε̇yx ε̇yy − ε̇V

]

The off-diagonal elements (ε̇xy and ε̇yx) describe the simple-shear deformation, the

diagonal elements (ε̇′xx and ε̇′yy) the pure-shear deformation with

ε̇′xx = −ε̇′yy. (C.4)

The Case of ‘Vertical Compaction’

In Chapter 4 we attempted to analyze how shortening in a fold belt is distributed be-

tween the different modes of deformation, namely simple-shear deformation (primarily

folding), pure-shear deformation (primarily thickening), and volumetric deformation

(primarily horizontal compaction). Here the more simple and more common case of

pure vertical compaction is considered: a sandbox is laterally confined and subject

only to vertical (e.g. gravity-driven) compaction. All strain rates associated with this

case are marked by an asterisk and the following equations apply

ε̇∗xx = 0 (C.5)

ε̇∗yy = 2 · ε̇∗V (C.6)

ε̇∗xy = ε̇∗yx = 0 (C.7)

ε̇∗
′

yy = ε̇∗yy − ε̇∗V = ε̇∗V (C.8)

ε̇∗
′

xx = ε̇∗xx − ε̇∗V = −ε̇∗V . (C.9)

These simple relations show that the volumetric deformation (ε̇∗V ) is only half the total

observed deformation (ε̇∗yy = 2 · ε̇∗V ), but that this is augmented by vertical thinning

owing to pure-shear flattening (ε̇∗
′

yy = ε̇∗V ). In the horizontal direction, no net defor-

mation occurs. Volumetric compaction occurs at a rate ε̇∗V but is compensated by
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Figure C.4: Schematic of vertical compaction, representing the superposition of vol-
umetric compaction and pure-shear flattening.

pure-shear flattening with equal and opposite strain rate (ε̇∗
′

xx = −ε̇∗V ). Because poros-

ity loss during ‘vertical compaction’ does not occur as a volumetric process, this term

must notionally be understood as the superposition of volume loss by compaction,

which leads to contraction both horizontally and vertically, plus superimposed pure-

shear flattening which increases the vertical contraction of the matrix and expands

it laterally to its original width (Figure C.4). Thus a part of volumetric compaction

is converted to pure-shear flattening. Equivalently, ‘horizontal compaction’, which

is expected to occur during fold belt formation in the models of Chapter 4, is the

product of volume loss by compaction plus superimposed pure-shear shortening and

thickening in response to a horizontal stresses. This new interpretation of ‘directed

compaction’ has already been proposed in Chapter 4. Here we attempt to quantify

the amount of ‘directed compaction’ in a more general setting.

General Case of Compaction

Whenever net compaction is not volumetric (as in the case of any confined sedi-

mentary basin, any non-uniformly compacting layered sediments), a component of

directed compaction exists with a pure-shear part equal to the compaction part in

the prevailing shortening direction (ε̇∗
′

yy = ε̇∗V ), and equal but opposite in the perpen-

dicular direction (ε̇∗
′

xx = −ε̇∗V ). Instead of dividing the strain rate into isotropic and

deviatoric parts, we can divide it into volumetric compaction (sub-index V ), directed

compaction (sub-index C) and a net thinning or thickening component (sub-index D).
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It follows that

ε̇xx =

isotropic︷︸︸︷
ε̇V +

deviatoric︷︸︸︷
ε̇′xx (C.10)

= ε̇VV
+ ε̇VC

+ ε̇′xxC
+ ε̇′xxD

(C.11)

= ε̇VV︸︷︷︸
volumetric compaction

+ ε̇VC
+ ε̇′xxC︸ ︷︷ ︸

directed compaction

+ ε̇′xxD︸︷︷︸
volume preserving deformation

. (C.12)

ε̇VC
corresponds to ε̇∗V of equation (C.8) and (C.9), where it also represented the

volumetric component of the directed compaction. In order to separate this value one

would have to isolate either this or the compaction-induced pure-shear deformation.

The 2D strain-rate tensor ε̇ij and its invariants are part of the equations of large-

scale incompressible flow, which the software SOPALE uses. The different modes of

volumetric or pure-shear deformation (the part associated with directed compaction)

do not occur as separate variables in the governing equations and can therefore not be

isolated. Only if additional constraints on the volumetric or pure-shear deformation

are known (e.g. no net vertical or net horizontal deformation) is it possible to separate

out the compaction-induced pure-shear component from the calculations. Additional

insight can also be obtained by comparison of two regions of the model that are known

to behave differently (this has been done in Chapter 4). But a full, quantitative

separation of the different strain rates is not possible with the current numerical

implementation of mechanical deformation and compaction.

Conditions for the Different Modes of Deformation

In the modeled sediments, mechanical deformation can only occur if the yield criterion

is fulfilled, i.e. if the differential stress reaches the yield stress. Compaction, however,

occurs without a threshold, as a viscous process. This is certainly correct for pressure

solution (viscous compaction). It is also assumed for grain re-arrangement during

mechanical compaction, which may or may not be correct. Nevertheless, the above

analysis shows that directed compaction is always accompanied by pure-shear defor-

mation in the models, and hence that frictional failure must take place, because this

is a pre-requisite for deviatoric deformation. This is indeed the case in the modeled
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sediments. The Drucker-Prager yield condition is met in the models wherever com-

paction occurs - even in the very shallow sediments during pure vertical compaction.

This observation raises the question whether similar behavior is to be expected in

nature and whether evidence for it has been found.

Stress Measurements in Analogue Settings

Evidence of vertical volume loss coupled with failure of the sediment during verti-

cal compaction comes from shear failure experiments of the sediments. Shin et al.

(2008) describe and model numerically as well as physically the state of stress in a

problem closely related to the simple case of sediments undergoing vertical gravity-

driven compaction. Here, sediments in a laterally confined container are subject to

dissolution and loss of some of the sediment particles, which results in vertical com-

paction. In their models, which are hence subject to small amounts of volumetric

compaction strain, the ratio of internal principle stresses σxx/σzz is measured and

progressively decreases until it reaches the Rankine active failure state. These results

demonstrate that compaction reduces the horizontal stress exerted by the sediment

to the point that the sediment fails under deviatoric tension. This is exactly the first

stage notional behavior described above, which is in our numerical models followed

by shear deformation of the sediment that results in the pure-shear vertical flattening

accompanying the volumetric compaction.

Katahara (2009) discusses the presence of elastic strain during vertical compaction.

He analyzes uniaxial loading/unloading experiments with zero lateral strain by Karig

and Hou (1992), which demonstrated that induced horizontal plastic strain is com-

pensated by equal and opposite elastic strain so that the net strain remains zero.

Katahara (2009) notes that the assumption of zero lateral elastic strain therefore

fails in many common geological settings and furthermore that the magnitude of the

elastic strain is controlled by material properties for plastic behavior.

Stress measurements in a section of layered limestone and argillite reveal that mi-

nor horizontal stresses (σh) in the weaker argillite layer are much higher than in the

stiffer limestone layer, while the major horizontal stress (σH) is nearly equal and in di-

rection of the last tectonic shortening event (Gunzburger , 2010). The author suggests
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an ultra-slow viscous pressure-solution creep of the limestone layer, which operates

on different timescales and magnitudes in the different major stress directions.

Despite the limited number of experiments that investigate horizontal stress and

strain during vertical compaction, it becomes clear that horizontal components nev-

ertheless play a role in otherwise vertical deformation. An improved understanding

of the stress and strain regimes can yield better insight into the time- and stress-

dependent compaction process. The superposition of volumetric and pure-shear de-

formation during compaction, as seen in our numerical models, is not directly con-

firmed by observations from laboratory experiments or nature, which are sparse and

not necessarily consistent. Mechanical failure during compaction, as it is implied by

pure-shear deformation and required by our numerical models, is to a certain degree

also observed in the experiments of Shin et al. (2008). The other experiments listed

here, however, reveal possible shortcomings of the compaction formulation. Elastic

deformation is not included in the model materials’ rheology but may be an alterna-

tive mechanism to plastic pure-shear deformation for accommodating lateral stresses.

It may especially be of relevance to compaction in shallow areas, where yield stresses

have not been reached. Nevertheless, the laboratory experiments agree with the

numerical ones with respect to the equal but opposite deviatoric strain (elastic vs.

pure-shear) occurring during directed compaction and thus a coupling between dif-

ferent modes and control parameters of deformation. The observations of Gunzburger

(2010), which suggest that pressure-solution can operate differently in the different

directions of principle stress, has implications for our current formulation of viscous

compaction. It is easy to comprehend that solution at the grain boundaries depends

on the local stress, and that grain contacts perpendicular to the major stress direction

would dissolve fastest. As long as diffusion is the overall rate-limiting process during

viscous compaction, differences in dissolution rate should not become relevant. If,

however, dissolution rates are the limiting factor (Revil , 2001), viscous compaction is

expected to be direction dependent.

Summary

It was shown that the current implementation of compaction requires equal and op-

posite pure-shear deformation, where compaction occurs in a preferred direction. The
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magnitude of this induced pure-shear deformation cannot be extracted from the model

result without additional constraints (e.g no volumetric, only directed compaction),

because it is not part of the underlying governing equations of the software. The

induced pure-shear deformation implies failure of the frictional-plastic material. This

result is in agreement with certain laboratory compaction experiments, which also

suggest tensile failure of sediments during vertical compaction (Shin et al., 2008).

Other studies suggest that elastic material behavior and viscous compaction operating

in preferred directions are important factors, that are not included in the numerical

models presented here. We therefore conclude that the special compaction behav-

ior observed in the models (plastic failure, induced pure-shear deformation) cannot

be directly transferred to compaction processes occurring in natural settings. Im-

proved numerical descriptions of compaction (including direction-dependent viscous

compaction), augmented by more stress measurements in analogue experiments and

natural settings, need to be investigated and tested for.



Appendix D

Description of Electronic Supplements

For Chapters 2-5, animations of selected model are provided, which have also been

added as supplementary, electronic material in the published version of the chapters.

These animations can also be found on Dalspace (http://libraries.dal.ca/collections/dalspace.html).

The folder ‘Animations’ contains the following files:

• Animations Chapter2-readme.txt - description of the three animations belong-

ing to Chapter 2

• Animation modelR0.mp4 - first animation of Chapter 2

• Animation modelRM1.mp4 - second animation of Chapter 2

• Animation modelRM2.mp4 - third animation of Chapter 2

• Animations Chapter3-readme.txt - description of the animation belonging to

Chapter 3

• Animation SL-Sh1.mov - animation of Chapter 3

• Animations Chapter4-readme.txt - description of the animation belonging to

Chapter 4

• Animation ML-Q30.mov - animation belonging to Chapter 4

• Animations Chapter5-readme.txt - description of the animations belonging to

Chapter 5

• Animation SD1.wmv - first animation of Chapter 5

• Animation BA1.wmv - second animation of Chapter 5
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