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Abstract

The effect of aerosols and clouds on Earth’s shortwave radiation budget is studied in
this thesis.

An expression for the global annual mean radiative forcing due to sulfate aerosols
is extended for absorbing aerosols using a two-stream approximation. This expression
depends on the backscattering fraction of the aerosol which varies with the effective
radius of the aerosol size distribution. This variation leads to a factor of 2.0 variation
in the radiative forcing of slightly absorbing aerosols.

Water vapor condenses onto hygroscopic aerosols which results in a change in size
and a change in the concentration of the chemical components of the aerosol. The
original Kohler equation accurately describes the equilibrium size of a hygroscopic
aerosol. Use of the modified Kohler equation leads to errors due to its thermodynam-
ically inconsistent nature. On a global annual average, the direct radiative forcing of
hygroscopic sulfate aerosol is —0.69 W m~2. Over highly polluted regions, the local
radiative forcing can be as high as —7 W m~2 which is comparable to the forcing due
to increased greenhouse gas concentrations.

Using a plane-parallel model, an analytical expression is derived for the cloud
radiative forcing ratio which is used as a measure of enhanced shortwave radiation
absorption of clouds. With this model, high values of this ratio can be achieved by
thick clouds with absorptances of approximately 0.3. High values of the ratio can also
be obtained with low level clouds if the transmittance of the atmosphere above the
cloud is reduced to approximately 0.8. This can be achieved by a high concentration

of strongly absorbing aerosols.
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Chapter 1

Introduction

Climate models are becoming more ambitious in their attempts to simulate the
Earth’s climate. The increase in the programs’ sophistication is made possible by
the rise in computing capabilities, and more importantly by the advancements in the
understanding of climatic processes.

Ocean, land, and atmospheric processes are driven by the solar and terrestrial
energy that propagate through the atmosphere by radiative transfer. Solar and ter-
restrial radiation can be characterized by the range of wavelengths that they encom-
pass. Over 99% of solar radiation is accounted for by wavelengths less than 4 um
whereas the majority of terrestrial radiation emitted by the planet has wavelengths
greater than 4 um (Liou 1980). Due to this difference, solar radiation is characterized
as shortwave radiation and terrestrial radiation as longwave radiation. With the help
of satellite technology, the global annual average flux of solar energy that enters the
Earth’s atmosphere is measured to be 342 W m~2. Of this amount, 238 Wm~? is ab-
sorbed. The amount of longwave radiation that leaves the planet is 235 W m~2 (Kiehl
and Trenberth 1997). The global mean average annual uncertainty in the satellite
measurements is 7.8 W m~2 (Rieland and Raschke 1991). This means that the Earth
is in radiative equilibrium to within measurement errors. There is higher confidence
in the longwave results, so the absorbed shortwave flux is taken to be 235 W m™?2
(Kiehl and Trenberth 1997). The amount of energy absorbed, reflected, and emitted
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by the atmosphere is influenced by the presence of aerosols and clouds.

Terrestrial radiation is absorbed and re-emitted by gases and clouds before it
finally leaves the planet. The extent at which gases and clouds interact with longwave
radiation depends on their ability to absorb radiation at different wavelengths and
on the temperature of the absorber. In cloud free atmospheres, the difference in the
global annual longwave flux emitted by the surface (390 Wm™2) and the flux that
leaves the top of the atmosphere (265W m™2) is approximately 125Wm™2. It is
estimated that 60% of this difference is due to water vapor and 26% is due to carbon
dioxide. Clouds decrease the amount of terrestrial radiation that leaves the top of
the atmosphere by 30 W m™2. Clouds increase the amount of longwave radiation
that is re-emitted to the surface by the atmosphere by approximately 46 W m~2 from
278 Wm~2 to 324 Wm™2 (Kiehl and Trenberth 1997). The effect of clouds on the
longwave radiative flux at the surface is uncertain since it depends on the amount of
cloud cover and on the location of the clouds in the atmosphere. Estimates of the net
upward flux of longwave radiation at the surface of the planet varies from 40 W m™2
to as high as 72 W m™2 (Kiehl and Trenberth 1997).

Climate models predict that the amount of shortwave radiation that is absorbed by
the surface and by the atmosphere alone is approximately 168 Wm~2 and 67 W m™2
respectively. Approximately 7W m~2 of the 67 W m~? is due to the presence of clouds.
In cloud free atmospheres, water vapor is responsible for approximately 70% of the
60 W m~—2 shortwave absorption and ozone follows with almost 25% of the absorp-
tion (Kiehl and Trenberth 1997). The effect of clouds is to decrease the total solar
absorption of the atmosphere and surface by 50 W m™2.

Recent measurements by Cess et al. (1995), Ramanathan et al. (1995), and
Pilewskie and Valero (1995) suggest that cloudy atmospheres absorb approximately
20 W m~2 more solar radiation than what is predicted by radiation and climate mod-
els. Since there is a high level of confidence on estimates of the total amount of solar
radiation absorbed by the surface and atmosphere together (235 W m~2) due to satel-

lite observations, this means that the solar radiation absorbed by the atmosphere is



87 W m—2 and the amount absorbed by the surface is only 148 W m~2. If the enhanced
shortwave absorption by clouds is due to an unaccounted for physical mechanism, the
implications are significant. Using the global climate model produced by the National
Center for Atmospheric Research (NCAR), Kiehl et al. (1995) find enhanced short-
wave cloud absorption results in a 4 K warming of the troposphere, and a reduction
in surface wind speeds. But it is not clear if there is a true discrepancy in our un-
derstanding of shcrtwave absorption by clouds. The enhanced shortwave absorption
by clouds of 20 W m~2 observed by Cess et al. (1995) may only re-emphasize that
the solar radiation budget is uncertain. Estimates of the amount of solar radiation
that is absorbed by the surface alone varies between 142W m~2 and 191 Wm™? (Li
et al. 1997), and the amount absorbed by the atmosphere is between 56 Wm~2 and
98 Wm~2 (Li et al. 1997). This is a spread greater than 40 Wm™2.

A portion of the uncertainty in the shortwave radiation budget is attributed to
atmospheric aerosols. Aerosols affect the radiation budget directly by absorbing and
scattering solar radiation back to space (Charlson et al. 1992). Aerosols can also
influence the radiation budget indirectly in their role as condensation nuclei for cloud
droplets. The size distribution of cloud droplets and the lifetime of the cloud is
affected by the concentration and chemical composition of the aerosols, which in
turn affects cloud albedo (Lobhmann and Feichter 1997; Twomey 1974). Interest
in the radiative impact of aerosols has been focused on sulfate aerosols because their
concentration in the atmosphere has risen due to human industrial activities (Boucher
and Anderson 1995; Nemesure et al. 1995; Kiehl and Briegleb 1993). Radiative
forcing is a measure of the radiative impact of a perturbation to the climate system.
The radiative forcing of the direct effect of sulfate aerosols is on the order of -1 W m™—2
and an additional —1 W m~2 of radiative forcing is due to the indirect effect (Charlson
et al. 1992). The negative value implies a cooling effect on the climate system.

The combined aerosol forcing is comparable to the radiative forcing of +2.45 W m~2
that is estimated to be due to the increase in greenhouse gas concentrations in the

atmosphere since the beginning of the industrial age (Schimel et al. 1996). Due to the



differences in the spatial and temporal distribution of sulfate aerosols in comparison
to greenhouse gases, this does not mean that they cancel each other locally. In highly
polluted regions, the direct radiative forcing of sulfate aerosols is stronger than the
greenhouse gas forcing (Kiehl and Rodhe 1995).

The purpose of this thesis is to examine how tropospheric aerosols and clouds
affect the Earth’s solar radiation budget. In particular, the direct radiative effect of
both absorbing and non-absorbing tropospheric aerosols is studied; and the enhanced
shortwave radiation absorption of clouds is examined.

In the following chapter absorbing aerosols are discussed. In particular, the solar
radiative forcing of aerosols produced by biomass burning in cloud free skies is con-
sidered. A simple expression for the clear sky radiative forcing of an optically thin
layer of absorbing aerosols is derived. The radiative forcing is proportional to the
change in the reflectance of the layer after the introduction of aerosol in that layer.
A two-stream radiative transfer model is used to calculate this change in reflectance.
The dependence of the radiative forcing on the assumed refractive index of the aerosol
is examined as well as the dependence on the assumed size distribution of the aerosol.

The optical properties of sulfate, nitrate, and sea salt aerosols are discussed in
the next two chapters. Calculation of the optical properties of these aerosols is com-
plicated by their hygroscopic nature. An amount of water vapor condenses on these
particles depending on the ambient relative humidity which changes the size of the
particles as well as the concentration of the chemical components that make up the
aerosol. This, in turn, changes their light scattering characteristics. In order to
study the radiative impact of hygroscopic aerosols, the growth of these particles with
relative humidity must be understood.

Chapter 3 discusses the Kohler equation which describes the equilibrium size of
a single hygroscopic aerosol as a function of relative humidity (Kohler 1936). Modi-
fications of the Kohler equation have been proposed by several authors (Young and
Warren 1992; Doyle 1961) that account for the concentration dependence of the vari-
ables in the K&hler equation. When the aerosol radius predicted by the original KShler
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equation and by the modified Kohler equation are compared to measurements, it is
the original Kohler equation that agrees with the observations. Reasons for this dis-
crepancy are presented. The Kohler equation is then used to predict the change in
the aerosol size distribution as a function of relative humidity.

Now that the change in hygroscopic aerosol size distribution can be modeled.
calculation of the optical properties of hygroscopic aerosols can proceed. This is
described in chapter 4. How the radiative forcing due to the aerosols changes with
relative humidity is considered. Sensitivity to the assumed initial dry size distribution
is examined and the effect of using an average refractive index for the particle using
volume as a weighting function is considered. The optical properties and radiative
forcing of aerosols with different chemical compositions are compared.

A simple three layer atmospheric model is used to study the effect of clouds
on Earth’s shortwave radiation budget in chapter 5. The focus is on the possible
enhanced shortwave radiation absorption proposed by Cess et al. (1995) and Ra-
manathan et al. (1995). They introduce a quantity denoted by R that is equal to the
ratio of the cloud radiative forcing observed at the surface to the cloud radiative forc-
ing observed at the top of the atmosphere. This quantity is used as a measure of the
enhanced shortwave radiation by clouds that they proposed. They find that ® =~ 1.5
whereas current radiation and climate models predict ® =~ 1.0. Using the atmospheric
model an analytical expression for R is derived. This expression is used to show the
sensitivity of R to atmospheric parameters and to suggest possible mechanisms that
result in high values of this ratio.

In the final chapter, the conclusions drawn in this study are summarized and
discussed. Suggestions are made concerning future improvements that can be made

concerning Earth’s shortwave radiation budget.



Chapter 2

Absorbing Aerosols

2.1 Introduction

Aerosols reflect a part of incoming solar radiation back to space (direct effect) and
they modify cloud droplet size distribution which affects cloud albedo and cloud life

time (indirect effects). Charlson et al. (1992) estimate the direct globally aver-

2

aged radiative forcing due to anthropogenic sulfate aerosol to be —1 W m™" with an

additional indirect effect by modifying cloud albedo of around —1 W m™.
et al. (1992) suggest that an additional globally averaged direct and indirect radia-

tive forcing of about —1 W m~2 each is due to radiative effects of smokes produced

Penner

by biomass burning. Penner et al. (1992) note that the estimated radiative effects
of anthropogenic sulfate and smoke aerosols had been probably exaggerated because
otherwise a decrease of the global temperature should have been observed since the
last century.

The direct radiative effect of anthropogenic sulfate aerosol have been investigated
recently by Kiehl and Briegieb (1993) and Taylor and Penner (1994) using three
dimensional models. The estimated direct globally averaged radiative forcing varied
from —0.3 W m~2 (Kiehl and Briegleb 1993) to —0.9 W m~2 (Taylor and Penner 1994).
The indirect aerosol radiative forcing is even more complicated to estimate due to the
lack of understanding of the cloud-aerosol interaction (Meehl et al. 1996; Boucher

6



1995: Boucher and Lohmann 1995; Erickson III et al. 1995; Jones et al. 1994).

In this chapter the direct effect of anthropogenic smoke aerosol is considered.
Specific features of this investigation are (a) derivation of the change of planetary
albedo due to an aerosol layer that includes absorbing properties of aerosols and (b)
Mie scattering calculation of the smoke particle backscattering fraction that shows a

strong dependence on the aerosol size distribution.

2.2 Aerosol Radiative Forcing

At a given level in the atmosphere, the aerosol radiative forcing is defined as the
change in the net downward radiative flux at that level due to the introduction of
the aerosol into the atmosphere. The globally averaged aerosol radiative forcing at
the top of the atmosphere due to the direct effect of aerosols, AFg, was calculated

by Charlson et al. (1992) using the expression
AFg = —%73(1 — N)(1 — a)*287;, (2.1)

where S, is the solar constant, T, is the transmittance of the atmosphere above the
aerosol layer, N is the fraction of sky covered by clouds, a is the albedo of the under-
lying surface, 3 is the backscattering fraction which indicates the fraction of radiation
scattered by aerosol into the upper hemisphere, and 77, is the aerosol layer scattering
optical thickness. The physical meaning of individual factors in equation 2.1 is the
following: Sp/4 is the globally averaged incident solar flux at the top of the atmo-
sphere which has units of W m~2, T reduces the incident flux and the reflected flux
by the transmittance of the atmosphere above the aerosol layer, 1 — N comes from
the assumption that albedo changes due to aerosol is significant only in the cloud free
atmosphere.

The last factor in equation 2.1

AR = (1 — a)*267;, (2.2)



represents the albedo increase of the atmospheric system due to a non-absorbing
aerosol layer.

To consider absorbing aerosols, the proper modifications to equation 2.2 must be
found. The azimuthally independent radiative transfer equation for plane-parallel
atmospheres at solar wavelengths is the starting point to extend equation 2.1 for use
with absorbing aerosols.

dIy(p, ™ w [ YL ) di
u_&‘_ﬁ = L(m1) — —i/ Py(u, ) (g, 72) dps (2.3)
dta 2 Ja

where I (u,7») is the intensity at the optical depth 7, (which is a unitless quantity
that measures the extinction of a beam of radiation as it propagates through an at-
mospheric layer) and in the direction 4 = cos@ (where  is the zenith angle). The
single scattering albedo, wy, is defined as the ratio of the scattering coefficient to the
extinction coefficient. Py(i, i) is the azimuthally independent scattering phase func-
tion which describes the angular distribution of scattered energy. The normalization

of the phase function is chosen to be

1 [t " gt
3 Pa(p,p)dp =1 (2.4)
-1

The A subscript indicates that those quantities are wavelength dependent. This sub-
script will be dropped from now on, to simplify notation, but the wavelength depen-
dence is still implied.
In the two-stream approximation, the intensity is assumed to be
IY(r) ifp>0

I(p,7) = (2.5)
I-(r) ifp<0

which separates equation 2.3 into two coupled equations

d + 0 ’ ' ! ’ 4
IdT(T) = I*(n) -3 /_ ()P ) dp -5 /o I*(1)P(u, i) ' (2.6)
dI- 0 ' ' N dit
_dT(T_) = r'(n-% /_ I(r)PGsu) dn -% fo I*(r)P(u, i) dp’ (2.7)



By integrating equation 2.6 over u from 0 and 1, and equation 2.7 over u from —1

to 0 these equation become

+
20 o 1) - wBl () - w1 - BI*(T) (28)
_LA0) () - w(1 - B)I(r) — wBIF(7) (29)
2 dr
where the backscattering fraction for isotropic radiation is
11 "oy
=3 [ [ Py du (210)
0o J-1

These differential equations are coupled. By differentiating one of the equations
by 7 and substituting that result into the other equation, the solutions can be found

to be of the form

I*(1) = Ajexp(ar)+ Ayexp(—ar) (2.11)
I-(r) = Asexp(ar)+ Asexp(—ar) (2.12)

where o2 = 4(1 — w)(1 — w + 26w). The coefficients A;, A3, A3, and A4 can be de-
termined with the boundary conditions that the downward intensity at the top of
the layer is given by I=(0) = I, and the upward intensity at the bottom of the layer
is I*(7*) = Ir where 7* is optical thickness of the layer. These equations must also
satisfy the differential equations 2.8 and 2.9. The change in the albedo of the system
with the introduction of the aerosol layer is given by (Chylek and Coakley 1974)

U

AR = R —a (2.13)
I+(0) I*(r")
I-(0)  I-(r) (2.14)

(1 - a)®wf — 2a(l — w)
1-w)+(1 —a)wﬁ+2—t-;:(?,.-)

(2.15)

Noting that for small arguments tanh(z) — z, equation 2.15 can be simplified for
case of optically thin aerosol layers (7* < 1). To first order in 7* equation 2.15 reduces

to

AR = 27°[(1 - a)?wpB — 2a(1 — w)] (2.16)
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Replacing (1 — w)7* by the absorption optical depth 73, and wT* by the scattering
optical depth 72, the change in the albedo is

AR = (1 — a)%287,, — 4a7}, (2.17)

Thus the equation 2.1 is modified to a more general form valid also for absorbing

aerosols
AFg = —%Q-Tf(l — N)[(1 — a)?287], — 4a75,] (2.18)

For a non-absorbing aerosol 7, = 0 and equation 2.18 reduces to the equation 2.1
used by Charlson et al. (1992) for the case of non-absorbing sulfate aerosols. However,
for absorbing aerosols the second term cannot be, generally, neglected.

Although the aerosol direct forcing can be determined by solving a more accurate
form of radiation transfer model (Coakley et al. 1983), the advantage of an analytical
solution in the form of equation 2.18 is an explicit dependence on the individual
parameters determining the forcing. Note that the first term (the scattering term) on
the right hand side of equation 2.17 depends on the aerosol backscattering fraction,

3, while the the second term is independent of 3.

2.3 Climate Forcing of Smoke Aerosols

The backscattering fraction £ is a sensitive function of particle size. It is equal to 0.5
for small particles in the regime of Rayleigh scattering and it decreases with increasing
size of aerosol particles. The choice of particle size distribution and the corresponding
value of the backscattering fraction is crucial for the estimate of aerosol direct climate
forcing.

Aerosol particles produced by biomass burning have a wide range of sizes. Aerosol
particles produced by fires will grow at ambient relative humidity to larger equilibrium
sizes. The range of observed particle radii (Mulholland and Ohlemiller 1982; Helsper
et al. 1980; Woods et al. 1991; Cachier et al. 1991; Einfeld et al. 1991) is from
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0.01 um to about 5 um. Radke (1991) observe three distinct modes of biomass burning
aerosols: nucleation mode with radii below 0.05 um, accumulation mode with radii
0.05 um < r < 1.0um and coarse mode with radii above 1um. The accumulation
mode dominates aerosol mass and aerosol light scattering properties (Radke 1991).
Similar distribution of sizes is found by Holben et al. (1991) who use the lognormal
size distribution to describe the biomass burning aerosols.

To investigate the dependence of aerosol direet forcing on the aerosol size distri-

bution, the lognormal size distribution of the form

dN No In(%) ,
—_— ()= —— — 9 2.19
dr ) V2rrinog exp [ 21n? ao] (2.19)

is used with the geometric mean radius, ro, between 0.05 um and 0.30 um and with
standard deviation In oy between 0.3 and 0.7. A useful quantity that can be calculated
for any size distribution, regardless of the analytical form used to describe it, is the
effective radius. Distributions with the same effective radius tend to have similar

optical characteristics. The effective radius is defined as
Jo & dr

eff = noo——dN 2.20
T, ff fow rz% d'r ( )
which can be integrated for the lognormal distribution to

Teff = T0 exp(g ln2 0’0) (2.21)

The effective radius of the distributions being considered changes from 0.06 um to
1.02 um, which is within the range of the observed effective radii from fresh to aged
biomass burning aerosols as given by Holben et al. (1991) and Radke (1991).
Several refractive indices with real parts between 1.33 and 1.43 and imaginary
parts between 0.0035 and 0.0115 (Holben et al. 1991) are used to calculate the
asymmetry parameter (g) with Mie theory. The asymmetry parameter is defined as
the average cosine of the scattering angle weighted by the scattering phase function.
The dependence of g on the refractive index (within the stated limits) was found weak
compared to the dependence on the effective radius of the size distribution.
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The backscattering fraction is calculated using an approximate relation (Sagan
and Pollack 1967)

1—

- Tg (2.22)
which for the considered sizes of aerosol particles is close to the backscattering frac-
tion for an average 60° solar zenith angle (Wiscombe and Grams 1976). For the
smallest fresh biomass burning aerosols (1o = 0.05 um) 3 = 0.37, while for the large
size end of the aged biomass burning aerosols (ry = 0.30 um) 8 = 0.11. Figure 2.1
plots the backscattering fraction for all the size distributions and refractive indices
considered as functions of the geometric mean radii of the size distributions. This
figure shows that for a given 7o, § decreases as Inoy increases. This is because the
wider distributions include higher numbers of larger-sized particles which have lower
backscattering fractions.

The backscattering fraction of the absorbing aerosols is replotted in figure 2.2 as
functions of effective radius. Size distributions with different ry and Ingg that have
similar effective radii, rss, have similar backscattering fractions. This is consistent
with the effective radius being the most suitable variable characterizing the scattering
properties of particle polydispersion (Hansen and Travis 1974; Damiano and Chylek
1994).

To isolate the effect of smoke aerosol size distribution on the climate forcing all
other parameters are kept constant with values taken from Penner et al. (1992). Thus
the absorption and the scattering optical thickness of a smoke layer are 7;,, = 0.0026
and 77, = 0.030 respectively, the global averaged albedo a = 0.22 over the land and
a = 0.06 over the ocean with 80% of aerosols being over the land; the solar constant
is 1370 Wm~2, the atmospheric transmittance above the aerosol layer is taken to
be T, = 0.79 (Penner et al. 1992) and cloudiness N = 0.6. The results of direct
radiative forcing calculated with equation 2.18 are shown in figure 2.3 as functions of
effective radius. The biomass burning induced direct climate forcing AF ranges from
about —0.2 W m~2 for distributions with large effective radii to —1.0 Wm~? for the
distributions with effective radii of approximately 0.06 um.
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Figure 2.1: The backscattering fraction of lognormal size distributions of absorbing
aerosols as functions of geometric mean radius. The O, o, and A symbols correspond
to distributions with lnog = 0.3, 0.5, and 0.7 respectively. Refractive indices with
real parts between 1.33 and 1.43 and imaginary parts between 0.0035 and 0.0115 are

considered.
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Figure 2.2: The backscattering fraction of lognormal size distributions of absorbing
aerosols as functions of effective radius. The O, o, and A symbols correspond to
distributions with Inog = 0.3, 0.5, and 0.7 respectively. Refractive indices with real
parts between 1.33 and 1.43 and imaginary parts between 0.0035 and 0.0115 are
considered.
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Figure 2.3: The direct radiative forcing of lognormal size distributions of absorbing
aerosols as functions of effective radius. The O, o, and A symbols correspond to
distributions with In gy = 0.3, 0.5, and 0.7 respectively.
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2.4 Summary

The direct radiative forcing of an optically thin aerosol layer is given by equation 2.18.
The advantage of expression 2.18 is its simplicity and an explicit dependence of the
forcing on aerosol layer optical thickness and aerosol backscattering fraction. For the
case of non-absorbing aerosols equation 2.18 is reduced to the form used previously
by Charlson et al. (1992) and Penner et al. (1992).

The aerosol backscattering fraction is a sensitive function of aerosol size distri-
bution. Considering measurements of aerosol size distributions produced by biomass
burning (Mulholland and Ohlemiller 1982; Helsper et al. 1980; Woods et al. 1991;
Cachier et al. 1991; Einfeld et al. 1991; Radke 1991; Holben et al. 1991) the direct
radiative forcing due to smoke aerosols varies between ~0.2Wm~2 and —1.0 Wm™2
depending on the size distribution used. The distributions with smaller effective radii
result in stronger radiative forcing. A similar dependence on size distribution of ra-
diative effects of sulfate aerosols was pointed out by Kiehl and Briegleb (1993). This
range of uncertainty can be reduced by additional field measurements and modeling
of the smoke aerosol size distribution and its changes with relative humidity. The
result of Penner et al. (1992) of radiative forcing —0.8 W m~2 (when absorption was
accounted for) is reproduced with size distribution with r.sy = 0.08 um.

The direct aerosol radiative forcing was considered only in the cloud free portion of
the atmosphere in a similar way was done by Charlson et al. (1992) and Penner et al.
(1992). Coakley et al. (1983) considered climate forcing of tropospheric aerosols
including the cloudy part of the atmosphere. His results suggest that inclusion of
aerosol forcing over the cloudy part of the atmosphere increases the direct aerosol
forcing by 20 to 25%.



Chapter 3

Growth of Hygroscopic Aerosols

3.1 Introduction

Atmospheric aerosols affect the radiative energy balance of the planet in two ways.
The indirect radiative effect of aerosol refers to the change in the radiative forcing of
clouds either by the lifetime of the clouds, or by the size distribution and chemistry
of the droplets that make up the cloud (Twomey 1974: Twomey 1977: Twomey et al.
1984). How the aerosols themselves absorb and scatter radiation is called the direct
radiative effect (Charlson et al. 1992). A considerable amount of attention has
been paid to the climatic impact of sulfuric acid, ammonium sulfate, and ammonium
bisulfate aerosols (Pilinis et al. 1995; Boucher and Anderson 1995; Nemesure et al.
1995; Russell et al. 1996). These sulfate aerosols are of interest because of the
increase in their atmospheric concentration due to the increase in sulfur containing
gas emissions from human industrial activities (Charlson and Wigley 1994). Sea salt
aerosols are also of interest since they are the dominant kind by mass over the oceans
(Winter and Chylek 1997; Gong et al. 1997).

Sulfate and sea salt aerosols are hygroscopic in nature — meaning water vapor
readily condenses on them resulting in an increase in particle size depending on the
ambient relative humidity. Measurements indicate that the mass of the particle can

increase by over a factor of four if the relative humidity is greater than 0.90 (Tang

17
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1997; Tang and Munkelwitz 1994). This increase in size changes the optical prop-
erties of these particles. Before the radiative effect of hygroscopic aerosols can be
determined, the growth of these particles with relative humidity must be known.

In this chapter, the Kohler equation is discussed. This equation gives the increase
in particle size as a function of relative humidity. One of the parameters in this
equation is the van’t Hoff factor which accounts for the nonideality of the solution
and which measurements show to be a function of solute concentration (Low 1969).
Because of this, modifications to the Kohler equation have been suggested (Young
and Warren 1992) but calculations using this modified equation disagree with mea-
surements whereas calculations using the original Kohler equation are in agreement.
Reasons for this are presented. Comparisons are also made with calculations where
the K&hler equation is used with a constant value of the van’t Hoff factor and when
using Gerber’s parameterization for particle growth (Gong et al. 1997; Gerber 1985).
The Kéohler equation is then used to predict the change in size distributions of hygro-
scopic aerosols.

The results from this chapter wili be used in chapter 4 to calculate the optical
properties and the radiative forcing of hygroscopic aerosols as functions of relative

humidity.

3.2 Kohler Equations

The equation governing the growth of aerosols with relative humidity and activation
of cloud droplets is generally known as the Kéhler equation (Kohler 1936; Rogers and
Yau 1989; Pruppacher and Klett 1997). The erroneous use of this phase equilibrium
condition has a long history. Howell (1949) in his work on cloud droplets growth
did not include the van’t Hoff factor. McDonald (1953) pointed out the error. Low
(1969) calculated values of the van’t Hoff factor from tables of mean ionic activities
for different concentrations of solutions consisting of various salts. Low (1969) also
implied that a variable van't Hoff factor should be used in the Kdhler equation for
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cloud and aerosol physics applications.

Reiss (1950) and Doyle (1961) derived a modified Kohler equation that contains a
term proportional to the partial derivative of the droplet surface tension with respect
to the droplet composition. Young and Warren (1992) derived the modified Kohler
equation that also contains the derivative of the van't Hoff factor with respect to
concentration.

Analytical arguments suggesting that the modified Kohler equation derived by
Young and Warren (1992) is not correct are presented and that the original Kohler
equation is the proper equation for applications in cloud and aerosol physics. These
conclusions are supported by comparing theoretical calculations with laboratory mea-

surements.

3.2.1 Raoult’s law, van’t Hoff factor, and water activity

Raoult’s law describes the changes in equilibrium vapor pressure over a flat surface
of solution as a function of solute concentration (Rogers and Yau 1989: Adkins 1983:
Pruppacher and Klett 1997)

Po_ _ M (3.1)

Doo ng +ng
where p__ and p, are, respectively, the equilibrium vapor pressure over a flat surface
of solution and over a flat surface of pure water, and n, and n; are the number
of moles or molecules of solvent (water) and solute (dissolved salt) present in the
solution, respectively. Equation 3.1 is used to define an ideal solution (Hobbs 1995).
An empirical coefficient, the van’t Hoff factor ¢, is introduced to account for non-
ideal characteristics of real solutions. Non-ideal effects include partial dissociation,

and ion-ion and ion-water interactions. Equation 3.1 is modified to

. n
Poo = ——L—,' (3-2)
P NL+ing
where the van’t Hoff factor is considered to be an empirical function of the concen-

tration.
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Except for the van’t Hoff factor, the right hand side of equation 3.2 is known from
the composition of the solution. The left hand side can be measured experimentally.
The experimental values, giving the fractional decrease of the equilibrium vapor pres-
sure due to a definite amount of solute present in the solution, are generally known as

water activities of the considered solution (Pruppacher and Klett 1997). The water
activity, ay, is thus given by

14

Poo = au(M) (3.3)

(> ]

where the dependence on solution concentration will be expressed in terms of molality,
M (moles of solute per kilogram of solvent).

It is the water activity that is usually measured experimentally. From the water
activity other quantities of interest can be calculated. A useful expression for the
van’t Hoff factor ¢ as a function of solute concentration and water activity can be
obtained from equations 3.2 and 3.3 in the form
n[’(l, — Q)

Ny Gy
My M,(1 — Gw)

msMya,
1000 (1 — ay,)

MMya,

(34)

where m, and M, are the mass and the molecular weight of the solute, m,, and M,,
are the mass and the molecular weight of the solvent (water) and M is the molality of
the solution. Equation 3.4 was used by Low (1969) and by Young and Warren (1992)
to calculate the van’t Hoff factor from the water activity, a.,.

Figure 3.1 plots the van’t Hoff factor of ammonium sulfate ((NH4)»SO,) solutions
as a function of solute mass fraction obtained from equation 3.4 with the water activity
measurements reported by several groups (Tang and Munkelwitz 1994; Chan et al.
1992; Liang and Chan 1997; Cohen et al. 1987). The relative difference between the
van’t Hoff factors obtained from the different research groups is within 20% relative

to the Tang and Munkelwitz (1994) values. Since water activity measurements for
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Figure 3.1: van’t Hoff factor of (NH,)2SO4 as a function of mass solute fraction
obtained from measurements from Tang and Munkelwitz (1994) (solid line), Chan
et al. (1992) (short dashed line), Liang and Chan (1997) (long dashed line), and
Cohen et al. (1987) (dotted line).



sulfuric acid, ammonium bisulfate, nitric acid, and sea salt solutions have also been
reported by the research group lead by Tang (Tang et al. 1997; Tang 1996; Tang
and Munkelwitz 1994) which are also of atmospheric interest, their values are used

exclusively in the following calculations.

3.2.2 Phase equilibrium condition

To distinguish between various quantities referring to the vapor or the liquid phase,
the subscript V is used for vapor and L is used for liquid. In thermodynamic equilib-
rium, the chemical potential, uy (T, p), of a water vapor molecule in air at temperature
T and the water vapor pressure p, has to be equal to the chemical potential, .(T,pL),

of a water molecule inside the solution droplet at the pressure pp:

pv(T,p) = p(T,pL) (3.5)
The appropriate chemical potentials can be written as (Adkins 1983; Callen 1985)
pv(T,p) = u3(T, Peo) + kBTln(;f’;) (3.6)

and
ue(T,pe) = wY(T,p) + 27~ + kaT In(au) (37)

where po is an equilibrium pressure over a flat surface of pure solvent, kg is the
Boltzmann constant, o is the surface tension of the solution droplet, v is a partial
molecular volume of solvent in the drop, u is the chemical potential of pure solvent
liquid, and a,, is the water activity.

Substituting for the chemical potentials into equation 3.5 and neglecting the small
term, (T, p) — u2(T, Poo), for water molecules in liquid (Reiss and Koper 1995), the
equilibrium condition is obtained in a form of the Kdhler equation

P _ Gy XD ( 20M,
Peo TpuR*T

) (38)
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after replacing v = M,p;'N;', where p, is the density of the solvent and N, is
Avogadro’s number. The universal gas constant is R* = Njkp.

A more formal derivation in line with the general structure of equilibrium ther-
modynamics is to look for an extreme in an appropriate thermodynamic potential.
In the case of phase transition at given temperature and pressure, the corresponding
thermodynamic potential is Gibbs free energy (Adkins 1983; Callen 1985). The Gibbs
free energy of a solution droplet surrounded by the vapor of its constituents may be

written in the form

G(T,p) = nop(T,p) + nyuy(T,p) + nvpv(T,p) + nypy(T,p) + oA
(3.9)

where all quantities are evaluated at ambient temperature and pressure. 1, and ny
are the number of molecules of water (solvent) in the liquid and vapor phase, n, and
n, are the corresponding numbers of molecules of solute. y; and p; are chemical
potentials of solvent and solute in the drop and uy and py are the corresponding
chemical potentials in the vapor phase; A is the surface area of the solution and ¢ is
its surface tension.

The partial derivative of the Gibbs free energy with respect to a suitable con-
centration variable determines the equilibrium condition and the sign of the second
partial derivative determines the nature of the equilibrium (stable or unstable equi-
librium). This procedure is more general than the one used above in the derivation of
the equilibrium condition 3.8, however, it also provides more opportunities to obtain
inaccurate results when various terms appearing in the equations are not treated in
a consistent manner. In this way, several forms of modified Kohler equations have
been derived (Reiss 1950; Doyle 1961; Young and Warren 1992) in the past.

It is assumed that the salt molecules are limited to the liquid phase so that ny, = 0.
Additional constraints are: ny/8ny = —1 (the total number of water molecules is a
constant), &n; /dn, = 0 (salt is limited to the liquid phase) and duv/dn. =0 (the
chemical potential of water molecules in vapor is a function of T and p only). By

taking the partial derivative of the Gibbs free energy with respect to the number of
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water molecules in the droplet, and using the above given constraints the following

equation is obtained

oG 0A
(5n_1,) =p(T,p) — pv(T,p) + U%;

a“L (Tr p) ! a"IL(Tv p) 1‘_
L anL + TLL a1lL + Aan'L

When the partial derivative of the Gibbs free energy is set to zero, and only the first
three terms on the right hand side of equation 3.10 are kept, the result is the standard

(3.10)

+n

form of the Kohler equation 3.8.

The last term in equation 3.10 contains the partial derivative of surface tension
with respect to the concentration variable. When this term is retained the modified
Kahler equation containing the term do/dn,, is obtained (Reiss 1950; Doyle 1961).
Theoretical results obtained using such a modified Kohler equation are in disagree-
ment with experimental measurements (Flageollet et al. 1980; Wilemski 1988).

The water molecule chemical potential y, is a function of water activity, a,,, and
thus it can be considered to be a function of the van’t Hoff factor, :. Consequently
the term Au./dn, in equation 3.10 contains the derivative of the van't Hoff factor
with respect to the droplet composition variable. The terms containing a derivative
of the surface tension and of the van’t Hoff factor were retained by Young and Warren
(1992) in the derivation of their version of the modified Kohler equation.

However, in a thermodynamically consistent treatment Wilemski (1984) and Reiss
and Koper (1995) demonstrated that the last three terms on the right hand side of
equation 3.10 will cancel each other. The Gibbs-Duhem identity for this situation
states that

nL,b——amég: ?) + n'z,,b-———a“gii’ 2 _g (3.11)
where np and n',‘,,, is the number of solvent and solute molecules, respectively, that
is in the bulk phase of the drop and not on the surface of the drop. The Gibbs

adsorption equation relates the number of solvent molecules on the surface, n. s, and
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the number of solute molecules on the surface, n'L 5

Our(T,p) . Ou,(T,p) do
The sum of equations 3.11 and 3.12 results in
Ouc(T,p) | » 9 (T,p) i
nL— . +ng o, o, (3.13)

Thus, setting G/dn, = 0 and using equations 3.10 and 3.13, the original Kohler
equation 3.8 is recovered. The correction terms obtained by Young and Warren (1992)
cancel each other out. The same conclusion was reached recently by Konopka (1996).
Consequently, it is the Kohler equation 3.8 that provides the correct equilibrium
condition for the solution droplet in both, the supersaturated and subsaturated water

vapor pressures.

3.2.3 Numerical results and experimental measurements

To compare results predicted by the Kdhler equation 3.8 and by the modified Kghler
equation derived by Young and Warren (1992) a solution of ammonium sulfate
((NH,)2SO,) in water is considered with a dry radius of 0.025 um. Figure 3.2 shows
the relative humidity as a function of solution droplet radius for relative humidities
slightly above 1.0. The solid curve is for the Kohler equation 3.8 with the van’t Hoff
factor as a function of molality as given by Tang and Munkelwitz (1994). The dotted
line is for the Kohler equation 3.8 with the constant van’t Hoff factor (i =3 ), and
the dashed curve is for the case of the modified Kohler equation suggested by Young
and Warren (1992) that contains the additional derivative of the van’t Hoff factor.
Results displayed in figure 3.2 are similar to those obtained by Young and Warren
(1992).

Young and Warren (1992) assumed that the modified Kdhler equilibrium curve
(dashed line in figure 3.2) is the correct solution. They observed that the Kohler
equation 3.8 with a constant van’t Hoff factor i =3 (dotted line in figure 3.2) is
very close to the modified Kohler equation results, while the Kohler equation 3.8
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Figure 3.2: The relative humidity of an (NH)>SO, aerosol with a dry radius of
0.025 um as a function of particle radius. The dotted line is obtained from the Kdhler
equation with a constant i = 3.0. The solid line uses the van’t Hoff factor from Tang
and Munkelwitz (1994) in the Kohler equation. The dashed line used the modified
Kohler of Young and Warren (1992).



with a concentration dependent van’t Hoff factor i (solid line in figure 3.2) deviates
considerably from the modified Kohler equation results. They concluded that it is
better for cloud physics applications to consider Z to be a constant equal to its assumed
value at infinite dilution (i = 3 for (NH,)2SOy4), rather than take i to be a function
of molality, as suggested by McDonald (1953) and Low (1969). Unfortunately, at
that time there were no sufficiently accurate measurements at supersaturated vapor
pressure that could be used to show which of the theoretical results was correct.

With the development of laser and electromagnetic levitation of individual droplets
(Ashkin and Dziedzic 1977; Chylek et al. 1978; Chylek et al. 1983; Fung et al. 1987),
it became possible to accurately measure the mass of individual levitated droplets as
a function of relative humidity. Tang and Munkelwitz (1994) measured the mass of
liquid water condensed on an individual ammonium sulfate particle as a function of
relative humidity. Their results of the mass growth factor (the ratio of total aerosol
mass to the dry aerosol mass) are shown as e symbols in figure 3.3. The mass of
the (NH,)2SO4 aerosol remains unchanged as it is exposed to an increasing relative
humidity, until the deliquescence point at about 0.80 is reached. The condensed water
dissolves (NH,)2SO4 and the solution droplet continues to grow with increasing rela-
tive humidity. When relative humidity is decreased, the solution droplet evaporates
until the recrystallization point around 0.37 is reached. This set of measurements
provides a suitable set of results against which the Kéhler equation 3.8 and modified
Kohler equation (Young and Warren 1992) can be tested.

Figure 3.3 shows the experimental measurements together with numerical results
obtained using the modified Kéhler equation of Young and Warren (1992) (short
dashed line), the Kohler equation 3.8 with a variable van't Hoff factor (solid line),
and the Kohler equation with a constant ¢ = 3 (dotted line). The measurements of
water activity by Tang and Munkelwitz (1994) are used to calculate the van’t Hoff
factor for an (NH,4)»SO4 solution using the equation 3.4. It is the Kohler equation 3.8,
with the variable van’t Hoff factor i, that provides the best agreement with exper-

imental data. The Kohler equation with a constant van’t Hoff factor, and Young
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Figure 3.3: The equilibrium mass growth factor of a 10.0 um dry radius (NH;)2SO4
aerosol as a function of relative humidity. The e symbols are the measurements of
Tang and Munkelwitz (1994). Results obtained from the Kdohler equation with a
concentration dependent i (solid line) and a constant ¢ = 3.0 (dotted line) are drawn.
Values calculated with the modified Kohler equation is shown with the short dashed
curve and with Gerber’s parameterization with the long dashed curve.
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and Warren (1992)’s modified Kohler equation lead to considerable errors at higher
relative humidities. At a relative humidity of 0.85, the relative difference of using a
constant i is 23%. Using Young and Warren (1992)’s leads to a relative difference of
—26%.

A fourth curve is also drawn with the long dashed line in figure 3.3. This curve
is obtained by using the Gerber parameterization that approximates the equilibrium
radius of a drop as a function of relative humidity (Gong et al. 1997; Gerber 1985).
This parameterization has the form:

Cyr$?
T= [rg M C3rf‘ l- ‘liog(rh)]

W=

(3.14)

where rq is the radius of the dry particle in units of cm and the coefficients of
(NH4)2SO,4 are C; = 0.4809, C, = 3.082, C3 = 3.110 x 107!, and Cy = —1.428. The
advantage of parameterizations such as equation 3.14 is that the the equilibrium ra-
dius is expressed explicitly as a function of relative humidity. In contrast, using the
Kohler equation 3.8 to obtain the equilibrium radius for a given relative humidity is
an iterative procedure because the water activity is a function of concentration and
hence a function of radius as well.

The results from the Gerber equation 3.14 are similar to those obtained from the
Kéhler equation with a constant van’t Hoff factor. Both over-predict the mass growth
factor. At a relative humidity of 0.85, the relative difference of this curve relative to
using the Kohler equation with a concentration dependent ¢ is 18%. This difference
increases to 40% when the relative humidity is 0.95.

The top panel of figure 3.4 shows the predicted mass growth factor for a particle
with a dry radius of 0.10 um. The equilibrium radius predicted by the Gerber pa-
rameterization under-predicts the results obtained from the Kohler equation with a
variable van’t Hoff factor by a relative difference —8% at 0.80 relative humidity. At
approximately 0.90 relative humidity, the Gerber parameterization begins to overesti-
mate the mass growth factor. At 0.95 relative humidity, the Gerber parameterization

over-predicts the mass growth factor by 9%. For particles with a dry radius of 0.01 ym,
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Figure 3.4: The equilibrium mass growth factor of 0.10 um (top panel) and 0.01 pm
(bottom panel) dry radius (NH;),SO; aerosol as a function of relative humidity. Re-
sults obtained from the K6hler equation with a concentration dependent ¢ (solid line)
and a constant i = 3.0 (dotted line) are drawn. Values calculated with the modified
Kohler equation are shown with the short dashed curve and with Gerber’s parame-
terization with the long dashed curve.
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the results obtained from the modified Kohler equation underestimates growth rela-
tive to the Kohler equation with a concentration dependent van’t Hoff factor. When
the relative humidity is 0.85 the relative difference is —16%. Using a constant : = 3.0
results in an overestimate in growth when the relative humidity is greater than 0.65.
By 0.85 relative humidity the relative difference is 14%. For this smaller particle, the
Gerber parameterization no longer produces results that are similar to using a con-
stant van’t Hoff factor in the Kohler equation. At 0.85 relative humidity, the Gerber
parameterization under-predicts the mass growth factor with a relative difference of
—7%; but at 0.95 relative humidity it over-predicts the growth by a relative difference
of 12%.

Figure 3.5 plots the mass growth factor using the Kdhler equation of sulfuric
acid (H,S0,), ammonium bisulfate (NH;HSO4), nitric acid (HNO3), and ammonium
sulfate aerosols that have a radius of 0.10 um when dry. Only the descending path
of the hysteresis effect is drawn. The mass growth factor for NH4HSO,, shown with
the short dashed line, is close to the solid curve corresponding to (NH4)2SO4. An
importance difference between the two is that the crystallization relative humidity
of NH,HSOy is less than 0.05 compared to 0.37 for (NH,),SOs (Tang 1996). The
deliquescence humidity of NH4HSO, is also lower at 0.69 than that of (NH4),SO4
(which is 0.80). Sulfuric acid aerosols are in a liquid state for all relative humidities
and they have strongest mass growth of the three sulfate aerosols considered, as shown
with the dotted line. The long dashed line corresponds to HNO3 aerosols. The mass
growth curve of HNO; is weaker than that of H,SO4 when the relative humidity is
less than 0.60 but for higher relative humidities the mass growth factor of HNO;j is
stronger. At 0.95 relative humidity, the mass growth factor of HNO;3 is 25% larger
than that of sulfuric acid.

Another aerosol type that is of atmospheric interest is sea salt aerosol. Sea salt is
not a pure substance but is a mixture of NaCl, Na»SO4, K250y, MgSO,, Fey(SO4)3,
and MnSO, (d’Almeida et al. 1991). Sodium Chloride (NaCl) is the dominant chem-

ical species with a mass fraction of 0.90. Aerosols with one pure chemical component
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Figure 3.5: The equilibrium mass growth factor of 0.10 um dry radius aerosols of
H,SO, (dotted line), NH,HSO4 (short dashed line), (NH4)2SO4 (solid line), and
HNO; (long dashed line) as functions of relative humidity. The results are obtained
from the Kohler equation with a concentration dependent i (Tang et al. 1988; Tang
and Munkelwitz 1994; Tang 1996). Only the descending path of the hysteresis effect
is drawn.



when dry, such as NaCl particles, do not increase in mass until the deliquescence
relative humidity is reached. For NaCl, the deliquescence humidity is 0.75. However
Tang et al. (1997) observed that the mass of sea salt particles slowly increases as
relative humidity increases (below 0.75) due to components with lower deliquescence
humidities that are dissolved. When the relative humidity is around 0.74, all the
chemical components have dissolved and further growth behavior is similar to other
one component particles. The evaporation curve of sea salt aerosols is similar to
NaCl aerosols with a crystallization humidity of 0.45 that is slightly lower than the
0.47 crystallization humidity of NaCl. Unlike NaCl aerosols, sea salt aerosols are
not completely dry when the humidity is less than 0.45. In subsequent calculations
involving sea salt aerosols, sea salt is treated as if it were a single component particle
with sharp transitions from the wet and dry states at the crystallization and deli-
quescence humidities of 0.45 and 0.74 but the mass density, molecular weight, and
refractive index of sea salt are still used. Figure 3.6 shows the growth curve of a
sea salt aerosol (solid line) with a dry radius of 10.0 um and 0.10 um. The dotted
line in figure 3.6 corresponds to using a constant ¢ = 2.0 in the Kéhler equation and
the dashed line are results obtained from using the Gerber parameterization for sea
salt (equation 3.14). The coefficients for the Gerber parameterization correspond-
ing to sea salt are C) = 0.7674, C, = 3.079, C3 =2.572 x 107"}, and Cy = —1.424
(Gong et al. 1997). For the larger sized particle these two curves are similar to each
other but both underestimate the growth predicted with the concentration dependent
van't Hoff factor by a relative difference of approximately —33% at the crystallization
relative humidity. When the dry sea salt aerosol size is 0.10 um, the mass growth fac-
tor obtained by the Gerber parameterization is —37% at the crystallization relative

humidity.
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Figure 3.6: The equilibrium mass growth factor of a 10.0 um (top panel) and 0.10 zm
(bottom) dry radius sea salt aerosols as a function of relative humidity. Results ob-
tained from the Kohler equation with a concentration dependent : from Tang et al.
(1997) (solid line) and a constant z = 2.0 (dotted line) are drawn with results ob-
tained using Gerber’s parameterization (dashed line). Only the descending path of
the hysteresis effect is drawn.
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3.3 Size Distribution

The size of an individual aerosol depends on its chemical composition, its production
mechanism, its past interactions with other particles, and on ambient environmental
conditions such as relative humidity. Because there are so many factors involved, a
collection of aerosols will not be expected to be uniform in size. Jaenicke (1993) and
Whitby (1978) use three lognormal functions (equation 2.19) that are added together
to form the total size distribution. Each mode was attributed to a different mechanism
of production. Coarse mode particles are those particles larger than 1.0 um in radius.
The fine mode particles are less than 1.0 zm in size and are further subdivided into
the nucleation and accumulation modes. The nucleation mode particles have radii less
than 0.10 zm and particles between 0.10 and 1.0 zm are designated as accumulation
mode particles. Sulfate aerosols are formed in the atmosphere by gas-to-particle
conversion, which is a series of chemical reactions of sulfur containing gases such as
SO, to SO;2 (Charlson and Wigley 1994). Nitrate aerosols are formed by the gas-
to-particle conversion of NO, (Finlayson-Pitts and Pitts 1986). Sea salt aerosols are
introduced into the atmosphere by air bubble bursting at the ocean surfaces (Gong
et al. 1997). For aerosols, most of the attention is focussed on the accumulation mode
because of this mode’s radiative importance (Boucher and Anderson 1995; Nemesure
et al. 1995). Even though the nucleation mode has more particles, the accumulation
mode has a stronger radiative effect because of their larger size (Lenoble 1993) and
there is a smaller number of the coarse mode particles (Lenoble 1993). Furthermore,
the atmospheric lifetime of the accumulation mode particles is longer (Gong et al.
1997; Whitby 1978; Wallace and Hobbs 1977).

In order to predict the change in a size distribution of hygroscopic aerosol, three
assumptions are made. It is assumed that the particles in the initial dry size distri-
bution do not interact with each other by collision and coagulation events. This first
assumption leads to the conclusion that the total number of particles is conserved.
The second assumption is that there is enough water vapor in the ambient environ-

ment so that there is no competition between particles for the available water vapor.
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The third assumption is that each particle independently grows to its equilibrium size
described by the Kohler equation.
With these three conditions, the aerosol size distribution is subjected to the fol-

lowing constraint

s dN » dN
— g —c -—_— 3.15
/; o (rh)dr /’: = (rh=0)dr ( )

where 7, and 7, are the equilibrium radii at relative humidity rh of aerosol particles
with dry radii of r, and 7}, respectively.

Figure 3.7 illustrates the change in a lognormal size distribution of H,SO4 aerosols
when the relative humidity is increased to 0.95. The initial distribution plotted with
the solid curve has ry = 0.05 um, and Ingo = 0.7. The evolved curve is drawn with
the dashed line. A lognormal functional form can be fitted to the new distribution as
shown by the dotted line.

The ratio of the fitted to the initial geometric mean radius is plotted as a function
of relative humidity in figure 3.8 for HoSO4 (o), (NH4)2SO4 (®), NH,HSO4 (O), HNO3
(*), and sea salt (>) aerosol. Initial ry of 0.02, 0.05, 0.07, 0.10, 0.15, 0.20, 0.40, 0.60,
0.80, and 1.00 um are considered with an initial In g of 0.7.

The growth of NH,HSO,4 and (NH,)»SO, are similar except for the characteristic
crystallization point of NH4HSO4 which is at 0.38 relative humidity. The strongest
growth is attributed to sea salt aerosols when the relative humidity is greater than
their crystallization point of 0.42 relative humidity. Below that point, HoSO4 has the
most water condensed on them, followed by HNOj3.

Comparing figure 3.8 with figures 3.5 and 3.6, we see that the change in the mean
radius with relative humidity is similar to the growth of an individual particle of the
same chemical composition. The increase in Ingy, shown in figure 3.9, is less than
5% for relative humidities less than 0.95 for all the cases that are being considered.

Over 0.95 relative humidity, the increase is less than a factor of 1.2.
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Figure 3.7: The change in a normalized dry size distribution of H,SO4 (solid curve)
with the relative humidity increased to 0.95 (dashed curve). A lognormal function
fitted to the evolved distribution is also shown (dotted curve). The initial distribution
has ry = 0.05 um and Ingy = 0.7.
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Figure 3.8: The change in the geometric mean radius of aerosol size distributions
with relative humidity. Initial dry lognormal distributions of HaSO4 (o), (NH;)2SO4
(e), NH,HSO, (O), HNO; (*), and sea salt (>) aerosols with Ingp = 0.7 and 7o of
0.02, 0.05, 0.07, 0.10, 0.15, 0.20, 0.40, 0.60, 0.80, and 1.00 um are considered. Only

the descending path of the hysteresis effect is drawn.
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Figure 3.9: The change in In oo of aerosol size distributions with relative humidity.
Initial dry lognormal distributions of HSO, (o), (NH4)2SO4 (e), NH,HSO, (O),
HNO; (*) and sea salt (>) aerosols with Inog = 0.7 and ro of 0.02, 0.05, 0.07, 0.10,
0.15, 0.20, 0.40, 0.60, 0.80, and 1.00 um are considered.



3.4 Summary

The application of equilibrium thermodynamics leads to the Khler equation 3.8 as an
equilibrium condition between the vapor and solution droplet. The modified Kéhler
equation derived recently by Young and Warren (1992) is theoretically inconsistent
and it is in disagreement with experimental data. Also, the suggestion (Young and
Warren 1992) that it is more accurate to use the Kéhler equation with a constant van’t
Hoff factor rather than with the van’t Hoff factor dependent on the solution concen-
tration, is not supported by theory or experiment. It is the original Kohler equation
with the concentration dependent van’t Hoff factor, as suggested by McDonald (1953)
and Low (1969), that is the proper equilibrium condition. The results following from
this equation are in agreement with experimental data at sub-saturated conditions.
The Gerber parameterization relates particle radius and relative humidity explic-
itly. This is an advantage since solving the Kohler equation for particle radius is
an iterative procedure. For dry (NH4)2SO4 aerosols larger than 1 um in radius, the
predicted growth factor is similar to solving the Kdhler equation with a constant
van’t Hoff factor with a relative error of approximately 40% at a relative humidity
of 0.95. But for smaller dry aerosols, the Gerber parameterization is within 10% of
the Kohler equation’s mass growth factor for relative humidities less than 0.95. This
may be sufficiently accurate for most purposes but for sea salt aerosols, the relative
difference of the mass growth factor predicted by the Gerber parameterization rela-
tive to the Kohler equation is greater than 30%. Therefore the Kohler equation with
a concentration dependent van’t Hoff factor must be used for sea salt aerosols.
Using the Kdhler equation, changes in a lognormal size distribution of hygroscopic
aerosols can be calculated by assuming that the number of aerosols is conserved, and
that there is enough water vapor and enough time for each particle to grow to its
equilibrium size. A new lognormal function can be fitted to the changed distributions.
With the change in aerosol size distribution with relative humidity now known, the op-
tical properties of hygroscopic aerosols and the radiative forcing due to these aerosols

can be calculated. This is the topic of the following chapter.



Chapter 4

Radiative Properties of

Hygroscopic Aerosols

4.1 Introduction

Considerable effort has been made to estimate the change in climate due to human
activities. Fossil fuel burning, changes in land use, and other industrial activities have
led to an increase in the atmospheric concentration of carbon dioxide (CO,), methane
(CH,), nitrous oxide (N50), and halocarbon compounds (Schimel et al. 1996). These
gases are greenhouse gases which have a warming influence on the surface by absorbing
thermal radiation and re-emitting a portion of this energy back to the surface. The
radiative forcing at a given level of the atmosphere is the change in the net downward
radiative flux at that level due to a perturbation of the Earth and atmosphere system.
This quantity, that has units of W m™2, is a measure of the climatic impact of the
perturbation. The increase in greenhouse gas concentration since the mid-1700’s has
resulted in a surface radiative forcing of approximately 2.45 Wm™2 (Schimel et al.
1996).

The concentration of aerosols in the atmosphere has also risen due to anthro-
pogenic influences. Aerosols affect climate by absorbing and scattering solar radia-

tion. This interaction is called the direct effect. Aerosols also have an indirect effect
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which refers to the effect that they have on the radiative properties of clouds. There
is considerable variability in the chemical composition and size of the aerosols leading
to variability in the radiative characteristics of the particles. Much of the attention of
aerosols has been focused on sulfate aerosols because there is a large amount of data
about them from acid rain studies. Charlson et al. (1992) estimate the global an-
nual mean direct radiative forcing of sulfate aerosols to be approximately —1.3 W m~?
and the radiative forcing due to the indirect effect to be approximately —1Wm™2.
The negative value of the radiative forcing implies a cooling effect on climate. Since
the total radiative forcing of sulfate aerosols is of the same magnitude as the radia-
tive forcing due to increases in greenhouse gas concentrations, it is clear that sulfate
aerosols must be considered if climate predictions are to be made.

Current estimates of sulfate aerosol direct radiative forcing are uncertain (Pan
et al. 1997; Schimel et al. 1996). Part of the uncertainty is due to the spatial and
temporal variability of the sulfate aerosol. Sulfur containing gases such as sulfur
dioxide (SO,) are emitted into the atmosphere from industrial emissions. Natural
emissions of sulfur containing gases include dimethyl sulfide by marine phytoplank-
ton (Charlson et al. 1987). Sulfate (SO;?) is formed from the sulfur dioxide by
gas-to-particle conversions where the gas chemically reacts in the atmosphere. The
atmospheric lifetime of the aerosol is on the order of a week (Chuang et al. 1997;
Bondietti and Papastefanou 1993). This leads to geographical variation in the direct
radiative forcing of the aerosols since the particles will be concentrated near their
emission sources. This is in contrast to greenhouse gases such as carbon dioxide
which are considered to be well mixed in the lower atmosphere. The forcing due to
increases in greenhouse gas concentrations still varies with location because of the
variations in temperature, water vapor, and cloud cover (Kiehl and Rodhe 1995).
Progress has been made in modelling the distribution of sulfate using chemical trans-
port models (Pham et al. 1995; Langner and Rodhe 1991) and global climate models
(Feichter et al. 1997). There is also uncertainty in defining the optical properties of

the particles themselves. The dominant chemical composition of sulfate aerosols is a



mixture of sulfuric acid, ammonium bisulfate, and ammonium sulfate (Charlson et al.
1978) depending on the amount of ammonia available.

In this chapter, the variation of the optical properties of tropospheric ammonium
sulfate aerosols with relative humidity and the effect on the direct radiative forcing
due to the aerosols are examined. Variation due to the hysteresis effect of hygroscopic
growth, initial size distribution, and refractive index mixing are considered. Compar-
isons are made with the sulfuric acid, ammonium bisulfate, and nitric acid aerosols.
The optical properties and direct radiative forcing of sea salt aerosols are also con-
sidered. Sulfate, nitrate, and sea salt aerosols do not absorb much solar radiation.
Other aerosols such as black carbon, soil dust, and biomass burning aerosols are not
considered since their hygroscopic nature and refractive index are uncertain. The
optical properties of ammonium sulfate and sea salt aerosols obtained when aerosol
growth is modelled with the Kohler equation with a constant van’t Hoff factor and
with the Gerber parameterization are compared with those obtain with a variable
van’t Hoff factor in the Kohler equation.

The optical properties of sulfate aerosols are parameterized as functions of relative
humidity and are used in a radiation model that accounts for the spatial and temporal
changes in sulfate burden and relative humidity. The radiative forcing is calculated
over every location of the planet and for each month and the results are averaged
to obtain the global annual average direct radiative forcing of sulfate aerosols. The
result is compared to values obtained when the optical properties were not completely

treated for hygroscopic growth.

4.2 Optical Properties

Three optical properties needed in common radiative transfer models are the extinc-
tion optical depth, T, the single scattering albedo, w, and the asymmetry parameter,

g.
The aerosol extinction optical depth is a unitless quantity that indicates the



amount of radiation that is removed from an incident beam after it has passed through
an aerosol layer. If the aerosol amount is specified by aerosol burden, B in units of

gm™2, then the optical depth can be obtained by
k
T = (_;—t' x B (4.1)

where M is the aerosol mass concentration in units of gm~3 and k. is the extinction
coefficient in units of m~!. The quotient k../M is called the specific extinction
coefficient of the aerosol and has units of m?g™!

For a size distribution, dN/dr, of particles, the extinction coefficient is calculated
by

A"”‘ Sy et S S dS dr d\

(4.2)
j"\ﬂ-l das d\

ki = =2

where 0. is the extinction cross section of an individual particle which has the
dimensions of m2. The solar flux at the top of the atmosphere, dS/d\ (Thekaekara
and Drummond 1971), is used as the weighting function to obtain an average value
of k. that is representative for the wavelength band defined by A\; and Ayy;. If the
aerosol size distribution is lognormal then the total aerosol mass concentration is
obtained by

® 4r .dN
M = pr3
/0 3 dr rraad

4
= ?ﬂ’pNorg exp(g- In? g¢) (4.3)

where p is the mass density of the aerosol.

The energy that is removed from the incident beam can be either scattered into
another direction or absorbed by the particle itself. The single scattering albedo is
the fraction of the energy that is scattered to the total extinction

. ki
P = 2 4.4
of = g (4.4)




where ki, is the scattering coefficient which is calculated in the same manner as ki,

but replacing o.: with the scattering cross section o, in equation 4.2

A
K &+1 fr—-ﬂ 053X = 5 dr d) (43)

f;;“ 45 dx

The single scattering co-albedo, 1 — w, is the fraction of the total extinction that is
due to absorption.
The asymmetry parameter is obtained by

. '\'\."“f ® 5 9sTsc S dr dA

(4.6)
’\‘“ fr—o a,c‘f",v ‘g dr d\

where g, is the asymmetry parameter of a single particle.

The extinction cross section, scattering cross section, and asymmetry parame-
ter are all complicated functions of particle size, shape, chemical composition, and
wavelength. For the accumulation mode aerosol size distributions that are being
considered, the size of the particles is comparable to the wavelength of shortwave ra-
diation. The particles are assumed to be homogeneous and spherical in shape, so Mie
theory can be used to calculate each optical property given the particle radius r, the
wavelength of light A, and both the real and imaginary parts of its refractive index m
of the particle (Bohren and Huffman 1983; van de Hulst 1981). The refractive index
is also wavelength dependent.

In chapter 3, the effect of relative humidity on the size of the particle was studied.
Increasing the relative humidity can result in an increase in the radius by over a factor
of 2.0 which can lead to significant changes to the scattering characteristics of the
particle. Changes in the optical properties due to changes in the relative humidity
are not solely due to the resultant change in size. They are also due to the change in
the chemical composition of the particle which alters the refractive index.

To treat the change in the refractive index as water condenses on the particle,
the effective refractive index, m.yy, is obtained from the refractive indices of the pure

components, m;, by assuming a linear dependence in the volume fractions of the



components, vj,
Mepy = Zm,-vj (4.7)
j

where the summation over j is for each chemical component. This is one of the
simplest of mixing rules (Chylek et al. 1988), which is reasonably accurate if the
refractive indices of the individual components are not too different.

The real part of the refractive index of water (H20) used is the compilation of
measurements by Hale and Querry (1984) between wavelengths of 0.200 and 0.675 ym,
Palmer and Williams (1974) for wavelengths up to 2.0 um, and by Downing and
Williams (1975) for wavelengths longer than 2.0 um. The imaginary refractive index
are obtained from Hale and Querry (1984), Downing and Williams (1975), and Kou
et al. (1993).

The refractive index of sulfuric acid (H2SO4) measured by Palmer and Williams
(1975) for solutions of 0.75 concentration by mass is used for the real part with mea-
surements starting at 0.36 um. Palmer and Williams (1975)’s data for the imaginary
part begins at 0.70 um and is replaced in the wavelength interval between 1.47 and
2.56 um by data from Gosse et al. (1997) for 0.72 solution. Equation 4.7 is used to
obtain the refractive index of 0.99 solution.

The refractive index for wavelengths greater than 0.3 zm of crystalline ammonium
sulfate measured by Toon et al. (1976) is adopted with Gosse et al. (1997) data
between 1.405 and 2.660 um wavelength for 0.40 solution.

The only data found for the refractive index of dry ammonium bisulfate for short-
wave radiation is a real value of 1.473 tabulated in Lide (1997). This value and an
imaginary part of zero are taken for the whole solar wavelength domain. Lide (1997)
is also the source of the real refractive index value of 1.397 for dry nitric acid. The
imaginary part for nitric acid is also taken to be zero. For the refractive index of
crystalline sea salt, values from Volz (1972) are used.

The real and imaginary parts of the refractive index for water and crystalline sea
salt are plotted in figure 4.1 along with the index of 0.99 sulfuric acid and ammonium

sulfate solutions.
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Figure 4.1: The wavelength dependence of the real part (top panel) and the imaginary
part (bottom) of the refractive index of H,O (solid line) and sea salt (dotted line).
The refractive index of 0.99 solutions of HpSO4 (short dashed line) and (NH;)2SO4
(long dashed line) are also plotted.



Given the relative humidity and size distribution of dry aerosol, the Kohler equa-
tion (equation 3.8) is used with the constraint of particle number conservation (equa-
tion 3.15) to determine the equilibrium size distribution of the aerosol. At the same
time, the volume fraction of the solute in each particle is obtained by the cube of the
ratio of the equilibrium radius to the initial dry radius. With this volume fraction,
the effective refractive index of the particle is obtained by equation 4.7. With the
effective refractive index and equilibrium radius, the Mie scattering properties can be
calculated for each wavelength. It is these values of oext, Osc, 9ss and the equilibrium
dN/dr that are used in the integrals 4.2, 4.5, and 4.6.

In the three panels of figure 4.2, the extinction coefficient (top panel), single
scattering albedo (middle), and asymmetry parameter (bottom) of ammonium sulfate
are plotted as functions of wavelength at relative humidities of 0.0 (T), 0.51 (a),
0.75 (o), and 0.90 (*). The specific extinction and asymmetry parameter decrease as
the wavelength of light increases while the single scattering co-albedo increases. The
amount of radiation emitted by the sun also decreases as the wavelength gets longer
(Thekaekara and Drummond 1971).

Figure 4.3 plots the extinction coefficient per unit mass of sulfate (SO;?), single
scattering co-albedo, and asymmetry parameter of ammonium sulfate aerosols as
functions of relative humidity for the wavelength band between 0.175 and 0.690 um.
This wavelength band contains 0.456 of the solar energy that is emitted by the sun.
The initial dry size distribution parameters shown in this case are ry = 0.05 um and
Inoy = 0.7. This is the same size distribution that is discussed by Kiehl and Briegleb
(1993) and Haywood and Shine (1995).

The hysteresis effect of ammonium sulfate aerosols is shown by the curve drawn
with the e symbols. The optical properties remain constant at the values correspond-
ing to dry aerosols as the relative humidity is increased. Once the deliquescence
humidity is reached, which is 0.80 for ammonium sulfate aerosols, the particle grows
in size and the refractive index of the particle changes with the increase in particle

mass due to condensed water. This results in a change in the optical properties. For
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Figure 4.2: The specific extinction (top), single scattering co-albedo (middle), and
asymmetry parameter (bottom) of a lognormal size distribution of (NH4),SO4 aerosol
with 1o = 0.05 um and Inoy = 0.7 as functions of wavelength for relative humidities
of 0.0 (O), 0.51 (A), 0.75 (o), and 0.90 (*)
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Figure 4.3: The specific extinction coefficient (top panel), single scattering co-albedo
(middle), and asymmetry parameter (bottom) of a lognormal size distribution of
(NH,)2SO4 aerosol with ry = 0.05 um and Inop = 0.7 for the wavelength band between
0.20 and 0.69 zm as functions of relative humidity. The curve drawn with the e symbol
illustrates the hysteresis effect of aerosol growth and the A corresponds to using the
mean of the wet and dry state radii to model aerosol growth.
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this particular case, the specific extinction increases by a factor of 2.5 from 5.2 m2g~!
to 13.0m2g2. The single scattering co-albedo is reduced from its initial value of
6.1 x 10~7 by a factor of 0.43 to 2.6 x 10~7. The asymmetry parameter increases
from 0.65 to 0.74 — a factor of 1.15. The specific extinction and asymmetry pa-
rameter continues to increase as the relative humidity is increased, and the single
scattering co-albedo decreases. At 0.99 relative humidity, the specific extinction is
85m2g~!, the asymmetry parameter is 0.79, and the single scattering co-albedo is
1.2 x 10~7. When the relative humidity is decreased while the aerosols are in a wet
state, the optical properties varies smoothly until the relative humidity reaches the
crystallization point, which is 0.37 for ammonium sulfate aerosols. At that point, the
specific extinction is 6.8 m? g~! — still a factor of 1.3 times the value of the dry state
aerosol. The asymmetry parameter is 1.06 times larger than the dry state value at
0.69, and the co-albedo is 4.6 x 10~7. When the relative humidity is decreased below
the crystallization humidity the optical properties changes to the values correspond-
ing to the dry aerosol. Most climate and radiation models are not able to follow
the history of the particles. Such models may attempt to treat the hysteresis effect
of particle growth by using the mean of the wet and dry state radius of a particle
to represent its radius when the relative humidity is between the crystallization and
deliquescence points. The A symbols in figure 4.3 correspond to using this average
radius.

To characterize the radiative impact of these changes in the optical properties, the
radiative forcing at the top of the atmosphere due to a layer of the aerosol is calculated.
Radiative forcing at a given level in the atmosphere is defined as the change in the
net downward radiative flux due to a change in the atmospheric conditions. In this
case, this change is the introduction of a layer of aerosols which backscatter and hence
decrease the net downward flux.

The Fu-Liou radiation model (Fu 1991) is used to obtain the radiative forcing due

to the aerosol in the standard mid-latitude summer atmosphere (McClatchey et al.



52

band minimum maximum  solar
wavelength wavelength weight

[ pm ] [pm ]
1 0.20 0.69 0.458
2 0.69 1.30 0.358
3 1.30 1.90 0.110
4 1.90 2.50 0.036
5 2.50 3.51 0.023
6 3.51 4.00 0.004

Table 4.1: Solar wavelength bands of the Fu-Liou radiation model and the solar weight
in each band.

1971). The atmospheric system is divided into 70 horizontally uniform layers. The Fu-
Liou model uses the correlated k-distribution technique to model the transmittance of
atmospheric gases. The radiative transfer through each of these layers is solved for 6
solar wavelength bands, which are tabulated in Table 4.1, using the delta-four-stream
approximation (Liou 1992; Liou and Fu 1988). This program allows the user to set
parameters such as the solar zenith angle, solar constant, and surface albedo. The
user can place any amount of aerosol in any of the atmospheric layers after specifying
the optical properties of the aerosol for each wavelength band.

The sulfate aerosol is placed in the bottom atmospheric layer which is approx-
imately 1km thick with a burden of 10~2gm™2. This is stronger than the global
average burden of anthropogenic sulfate, which is approximately 3.8 x 103gm™2,
but polluted regions are estimated to have burdens greater than 2.0 x 10~ >gm™2
(Pham et al. 1995). The surface albedo is set to 0.0 and one can expect the radiative
forcing to decrease with non-zero surface albedos by inspecting equation 2.1. The so-
lar zenith angle is set to 60°. The broadband radiative forcing is plotted as a function
of relative humidity in the aerosol layer in figure 4.4.

The radiative forcing due to aerosols in their dry state is —6.2 W m~ which in-
creases by almost a factor of two to —11.9 Wm™2 when the deliquescence humidity
is reached. The forcing continues to grow stronger with increasing humidity. At the
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Figure 4.4: The direct top-of-the-atmosphere radiative forcing of a lognormal size
distribution of (NH4)2SO4 aerosol with 5 = 0.05 um and Inop = 0.7 as a function of
relative humidity. The curve drawn with the e symbol illustrates the hysteresis effect
of aerosol growth. The curve drawn with A corresponds to using the mean of the
wet and dry state radii to model aerosol growth with relative humidity. The surface
albedo is zero, the solar zenith angle is 60°, and the sulfate burden is 10~2gm™2.



crystallization relative humidity, the radiative forcing of the wet aerosol is 1.1 times
stronger than the dry aerosol. This large change demonstrates the importance of
considering the hygroscopic nature of these aerosols.

Climate models may not be able to follow the hysteresis effect of aerosol growth.
To address this problem when the relative humidity is between the crystallization
and deliquescence points, the radius of the aerosol is taken to be the mean of the
wet and dry state radii. The resulting optical properties are shown with the A
symbols in figure 4.3. The radiative forcing due to aerosols with this behavior is
also shown in figure 4.4. The aerosol radiative forcing with this treatment follows
the curve corresponding to wet aerosols when the humidity is greater than 0.60 and
for humidities less than 0.60 the curve is closer to the wet aerosol curve than to the
dry aerosol curve. This is similar to Boucher and Anderson (1995) and Haywood
et al. (1997)’s study where they modeled aerosol radius in this humidity domain
with a linear interpolation between the dry radius at the crystallization point and
the wet radius at the deliquescence point. Using their global climate model (GCM),
Boucher and Anderson (1995) found a 20% increase in the global radiative forcing of
ammonium sulfate aerosol when the optical properties of the wet aerosol is used than
when the optical properties of the dry aerosol is used for relative humidities between
the crystallization and deliquescence points. They found a 3% decrease in the forcing
when the linear interpolation treatment of aerosol growth is used compared to using
the wet aerosol optical properties. Haywood et al. (1997) found similar differences.

In chapter 3, the growth of ammonium sulfate aerosols predicted by the Gerber
parameterization (Gong et al. 1997; Gerber 1985) was compared to the growth pre-
dicted by the Kdhler equation. This comparison is continued with figures 4.5 and
4.6 which plot the optical properties and radiative forcing of wet (NH,)»,SO4 aerosols
that is obtained if aerosol growth is modeled with Gerber’s equation (>) along with
the curves corresponding to the use of Kohler's equation (e). The same initial dry
size distribution with 7o = 0.05 um and lnoy = 0.7 is considered. A third curve is
also drawn in each of these figures which is obtained by using the Koéhler equation
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Figure 4.5: The specific extinction coefficient (top panel), single scattering co-albedo
(middle), and asymmetry parameter (bottom) of a lognormal size distribution of
wet (NH,4)2SO4 aerosol with rp = 0.05 um and Inog = 0.7 for the wavelength band
between 0.20 and 0.69 um as functions of relative humidity. The curve drawn with
the ® and O symbols correspond to using a variable ¢ or a constant : = 3.0 in the
Kohler equation. The results using the Gerber parameter is drawn with > symbols.
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Figure 4.6: The direct top-of-the-atmosphere radiative forcing of a lognormal size
distribution of wet (NH,)2SO4 aerosol with ro = 0.05 um and In gy = 0.7 as a function
of relative humidity. The curve drawn with the e symbol corresponds to using :
obtained from Tang and Munkelwitz (1994) in the KGhler equation. The curve with
O symbols corresponds to using a constant i = 3.0. The results using the Gerber
parameter is drawn with > symbols. The surface albedo is zero, the solar zenith angle
is 60°, and the sulfate burden is 10~2gm™2.
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with a constant van’t Hoff factor of 3.0 (0). The initial dry size distribution has
parameters of 7o = 0.05 um and In oo = 0.7 and the sulfate burden is 10~2gm~2. The
difference between using a constant van’t Hoff factor and one that is concentration
dependent parameter in the Kohler equation is small when the relative humidity is
less than 0.65, however, as the humidity increases beyond 0.65, the curves begin to
deviate from each other and the curve corresponding to the use of the Gerber param-
eterization is closer to the curve using a concentration dependent van’t Hoff factor.
At a relative humidity of 0.90, using a constant i = 3.0 in the KGhler equation leads
to a radiative forcing that is stronger than that obtained using a concentration depen-
dent i by a relative difference of 29%. Using the Gerber parameterization leads to a
relative difference of only 1.5%. Therefore, for accumulation mode size distributions
of (NH,4),SO, aerosols, using the Gerber parameterization to model aerosol growth
does not lead to a large error whereas using a constant van’t Hoff factor does.

The volume average refractive index mixing rule is used to treat the effect of
hygroscopic growth on the refractive index of the particle. Figure 4.7 shows the effect
of using this mixing rule on the optical properties of the same dry size distribution of
ammonium sulfate aerosols considered before as functions of relative humidity. The
O symbols corresponds to the optical properties obtained if the refractive index of the
particle is taken to be that of pure ammonium sulfate. The o symbols corresponds to
using the refractive index of pure water. The e symbols shows how using the mixing
rule produces intermediate values. As relative humidity increases, these intermediate
values tend towards those drawn with the o symbols which is consistent with the fact
that at high relative humidities a large amount of water is condensed on the particles
and it is expected that the optical properties should be similar to that of water. For
this case, using the refractive index of (NH,)>SO, leads to a specific extinction that
is 8m?g™! higher than when the refractive index of water is used when the relative
humidity is 0.97. Using the refractive index of (NH4)2SO4 results in a single scattering
co-albedo that is a factor of approximately two larger than when the refractive index

of water is used. The asymmetry parameter is between 15% to 20% larger when the
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Figure 4.7: The specific extinction (top panel), single scattering co-albedo (middle),
and asymmetry parameter (bottom) of a lognormal size distribution of (NH4)25O4
aerosol with ro = 0.05 um and In gy = 0.7 for the wavelength band between 0.20 and
0.69 um as functions of relative humidity. The curve drawn with the ® symbol uses the
volume average mixing rule. The O and o symbols correspond to using the refractive
index of (NH4)2SO4 and H,O without using a mixing rule.



refractive index of water is used. In terms of radiative forcing, using the refractive
index of (NH,),SO, results in a forcing (plotted in figure 4.8) that is approximately
a factor of two stronger than when the refractive index of water is used to obtain
the optical properties of the aerosol. This indicates that the change in the refractive
index of the aerosol due to the condensed water should not be ignored.

In chapter 2 the radiative properties and resulting radiative forcing of absorbing
aerosols was seen to depend on the assumed size distribution of the aerosol. This is
also true for hygroscopic aerosols. Figure 4.9 shows the effect of changing the ini-
tial 7y and In g, of the dry aerosol size distribution on the optical properties using
the effective radius (equation 2.21) of the wet size distribution as the independent
variable. In chapter 2, it was mentioned that aerosol size distributions with simi-
lar effective radii have similar optical properties (Lenoble 1993). Different dry size
distributions of hygroscopic aerosols may have the same wet effective radius if they
are exposed to different relative humidities. Particles from the distributions with
the same radius have different amounts of condensed water which means that they
have different refractive indices and optical properties. Figure 4.9 shows that for a
given effective radius, the specific extinction and single scattering co-albedo vary by
approximately an order of magnitude and the asymmetry parameter can vary by over
10%. Figure 4.10 demonstrates the effect of increasing the geometric mean radius
of the lognormal size distribution of dry ammonium sulfate aerosols on the radiative
forcing of the aerosol while keeping Inog = 0.7 fixed. For a given relative humidity,
the strongest forcing results from the size distribution with ro = 0.05 um which has
an effective radius of 0.17 um. This is consistent with figure 4.9 where the specific
extinction coefficient of the aerosol is a maximum when the effective radius of the dry
aerosols is between 0.09 um and 0.20 um.

The procedure of calculating the relative humidity dependent optical properties
of ammonium sulfate aerosols can be applied in the same manner to other chemical
species that are hygroscopic in nature. Differences in the optical properties can be

attributed to the different rates at which aerosols of different chemical composition
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Figure 4.8: The direct top-of-the-atmosphere radiative forcing of lognormal size dis-
tributions of (NH;),SO, aerosol with Inog = 0.7 as functions of relative humidity.
The e symbols corresponds to using the volume average mixing rule. The O and o
uses the refractive index of (NH,)»SO4 and H,O respectively. The surface albedo is
zero, the solar zenith angle is 60°, and the sulfate burden is 10~2gm™2.
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Figure 4.9: The specific extinction (top panel), single scattering co-albedo (middle),
and asymmetry parameter (bottom) of lognormal size distributions of (NH,4)2S04
aerosol as functions of wet r.s; for the wavelength band between 0.20 and 0.69 pm.
Distributions with dry rq = 0.05 um are plotted with W, e, and A corresponding to
dry Inog = 0.3, 0.5, and 0.7 respectively. Distributions with dry ln oo = 0.7 and dry
ro = 0.10 (o), 0.20 («), 0.40 (<), and 0.80 um (p>) are drawn.
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Figure 4.10: The direct top-of-the-atmosphere radiative forcing of lognormal size
distributions of (NH,)2SO4 aerosol with Inge = 0.7 as functions of relative humidity.
Curves with geometric mean radii of 0.05 (e), 0.10 (O), 0.20 (), 0.40 (), and
0.80 um (M) are shown. The surface albedo is zero, the solar zenith angle is 60°, and
the sulfate burden is 10~2gm™2.



grow with relative humidity, and the refractive index of the dry particle.

Figure 4.11 plots the optical properties of the three dominant forms of sulfate
aerosols in the atmosphere: sulfuric acid (o), ammonium bisulfate (O), and ammo-
nium sulfate (o). Also plotted are the optical properties of nitric acid (*). Sulfuric
acid has the strongest specific extinction of the sulfate aerosols followed by ammo-
nium sulfate and then ammonium bisulfate. Though ammonium sulfate is a stronger
absorber of radiation between 0.20 um and 0.69 um wavelengths than the other sul-
fates, it still does not absorb a significant amount of solar energy since the single
scattering co-albedo is less than 10~°. Sulfuric acid aerosols have the largest asym-
metry parameter followed by ammonium bisulfate and then ammonium sulfate. Just
above the crystallization point of ammonium sulfate, the asymmetry parameter of
sulfuric acid is approximately 8% larger than that of ammonium sulfate. Just below
the crystallization point, the difference is almost 15%.

The asymmetry parameter of nitric acid aerosols is larger than those of the sulfate
aerosols considered. The extinction coefficient of nitric acid normalized by the mass
concentration of nitrate (NOj3) is larger than the specific extinction coefficient of
any of the considered sulfate aerosols. However, direct comparison of the specific
extinction of nitrate and sulfate aerosols is misleading because the global annual
average burden of sulfate aerosols is larger than the burden of nitrate aerosols (Schimel
et al. 1996).

Figure 4.12 plots the normalized radiative forcing due to sulfate aerosols and nitric
acid aerosols as functions of relative humidity. The normalized forcing is defined as

AFg
B

and has units of Wg~! (Nemesure et al. 1995; Boucher and Anderson 1995). Fig-
ure 4.12 indicates that the radiative forcing of sulfate aerosols could vary by almost

AG = (4.8)

30% when the relative humidity is approximately 0.80 depending on the amount of
ammonia present in the environment which would influence the dominant form of
sulfate. If the hysteresis effect of ammonium sulfate aerosol is considered, the range

increases to approximately 60%. Sulfuric acid aerosols have the strongest normalized
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Figure 4.11: The specific extinction coefficient (top panel), single scattering co-albedo
(middle), and asymmetry parameter (bottom) of a lognormal size distribution of wet
(NH4)2SO4 (e), NH{HSO, (O0), H,SO4 (o), and HNOj3 (*) aerosol with ro = 0.05 um
and Inog = 0.7 for the wavelength band between 0.20 and 0.69 um as functions of
relative humidity.
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Figure 4.12: The direct top-of-the-atmosphere normalized radiative forcing of a log-
normal size distribution of wet (NH,)2SO4 (»), NH{HSO, (O), H2SO4 (o), and HNO3
(*) aerosol with o = 0.05 um and Inoy = 0.7 as functions of relative humidity. The
surface albedo is zero, the solar zenith angle is 60°, and the sulfate or nitrate burden
is 10~ 2gm™2.
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forcing while ammonium bisulfate has the weakest. The normalized forcing due to
wet ammonium sulfate aerosols is stronger than that of ammonium bisulfate, but if
the ammonium sulfate aerosol is dry, they will have a lower nom.la.lized forcing than
ammonium bisulfate. Boucher and Anderson (1995) and Nemesure et al. (1995)
found similar sensitivities to sulfate composition.

Even though nitric acid aerosols have the strongest normalized forcing when the
relative humidity is greater than 0.70, little attention has been paid to the radiative
forcing due to nitrate aerosols (Pilinis et al. 1995). This is because the burden of
sulfate aerosols is estimated to be a factor of 5 greater than that of nitrate aerosols
(Schimel et al. 1996). Therefore the radiative forcing of sulfate aerosols will be larger
than the forcing due to nitrate aerosols by approximately the same factor.

The optical properties of sea salt aerosols are shown in figure 4.13. The size dis-
tribution considered has the lognormal parameters of rq = 0.40 um and Ingg = 0.3
which is the same accumulation mode size distribution considered by Winter and
Chylek (1997). The curve drawn with e symbols is calculated with the Kohler equa-
tion with a concentration dependent van’t Hoff factor (Tang et al. 1997). Using the
Gerber parameterization for aerosol growth results in the curves drawn with the >
symbols. In chapter 3 it was shown that the Gerber parameterization underestimates
the mass growth factor of sea salt. This leads to an underestimation in the extinction
coefficient normalized by the total mass concentration of sea salt and the asymmetry
parameter. The effect of these underestimates on the radiative forcing is shown in
figure 4.14. At 0.85 relative humidity, the relative difference in the forcing obtained
with the Gerber parameterization relative to using a concentration dependent ¢ in
the Kohler equation is —26%. This large difference makes the Gerber parameteriza-
tion for sea salt too inaccurate for use in radiative forcing studies. Using a constant
van’t Hoff factor of 2.0 leads to a difference of —30% at relative humidities around
0.55 which decreases to —16% at 0.85 relative humidity. Winter and Chylek (1997)
demonstrated that the global annual average radiative forcing values of —2.0 W m™2
are possible when the relative humidity is between 0.70 and 0.85.
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Figure 4.13: The specific extinction coefficient (top panel), single scattering co-albedo
(middle), and asymmetry parameter (bottom) of a lognormal size distribution of sea
salt (>) aerosol with 7o = 0.40 um and Inoy = 0.3 for the wavelength band between
0.20 and 0.69 zm as functions of relative humidity. The values are calculated with the
Kohler equation with a variable i (e), a constant ¢ = 2.0 (O), and with the Gerber
parameterization (>).
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Figure 4.14: The direct top-of-the-atmosphere radiative forcing of a lognormal size
distribution of wet sea salt aerosol with r¢ = 0.40 um and Inop = 0.3 as functions
of relative humidity. The values are calculated with the Kohler equation with a
variable i (), a constant i = 2.0 (O), and with the Gerber parameterization (>). The
surface albedo is zero, the solar zenith angle is 60°, and the sea salt aerosol burden
is 10~2gm™2.
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4.3 Latitudinal Distribution of Radiative Forcing

Part of the difficulties in assessing the global climatic impact of sulfate aerosol is that
the aerosol is not uniformly distributed over the planet and its atmospheric lifetime
varies. Bondietti and Papastefanou (1993) estimate that the atmospheric lifetime is
approximately seven days.

At a given time, conditions such as aerosol burden, solar zenith angle, and surface
albedo change from location to location. The relative humidity is also different at
each point. Figures 4.15, 4.16, and 4.17 show the broadband radiative forcing of
sulfate aerosol as a function of sulfate burden, surface albedo, and solar zenith angle
respectively for relative humidities ranging from 0.36 to 0.95. The dependence on
sulfate burden is approximately linear which is not surprising since it is consistent
with radiative forcing equation 2.1 in chapter 2. This equation applies to thin aerosol
layers (7 < 1) and it shows a linear dependence in optical depth. For a sulfate burden
of 0.01 gm™2, the optical depth is approximately 0.3 when the relative humidity is
0.95. This equation also indicates that the forcing should decrease in magnitude as
the surface albedo increases due to multiple scattering between the surface and aerosol
layer. This trend is seen in figure 4.16. The radiative forcing is also dependent on the
solar zenith angle — which is related to the time of day. These figures demonstrate
that the radiative forcing due to aerosol will vary considerably with time and location.

Kiehl and Rodhe (1995) calculated the annual global distribution of direct radia-
tive forcing of sulfate aerosol. Their model used the same radiative transfer routines
as in the second version of the Community Climate Model (CCM2) produced by the
National Center for Atmospheric Research (NCAR). This three dimensional model
used a horizontal grid with a resolution of 2.8° x 2.8° and 18 vertical atmospheric
layers to represent the surface and atmosphere system. The radiative forcing was
calculated using monthly mean data of quantities such as aerosol concentration for
each grid box. The monthly radiative forcing were then averaged to obtain the annual
average.

The distribution of sulfate aerosol was simulated using the Pham et al. (1995)
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Figure 4.15: The broadband radiative forcing as a function of sulfate burden of a
size distribution of (NH)2SO4 aerosol with ro = 0.05um and Ingo = 0.7. The
surface albedo is zero and the solar zenith angle is 60°. Curves are drawn for relative
humidities of 0.36 (M), 0.62 (), 0.74 (#), 0.81 (A), 0.90 (O), and 0.95 (o).
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Figure 4.16: The broadband radiative forcing as a function of surface albedo of a size
distribution of (NH,),SO, aerosol with 7y = 0.05 zm and Ingy = 0.7. The sulfate
aerosol burden is 10~2gm~2 and the solar zenith angle is 60°. Curves are drawn for
relative humidities of 0.36 (M), 0.62 (e), 0.74 (¢), 0.81 (a), 0.90 (O), and 0.95 (o).
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Figure 4.17: The broadband radiative forcing as a function of solar zenith angle of a
size distribution of (NH,)2SO4 aerosol with ro = 0.05 um and Inog = 0.7. The sulfate
aerosol burden is 1072gm~2 and the surface albedo is zero. Curves are drawn for
relative humidities of 0.36 (M), 0.62 (), 0.74 (¢), 0.81 (a), 0.90 (O), and 0.95 (o).



73

chemical transport model. Figure 4.18 illustrates the annual average global distri-
bution of anthropogenic sulfate predicted by this model. The global average burden
is 3.7 x 10~3gm™2. Tt was assumed that sulfate aerosols are sulfuric acid particles
with a lognormal size distribution with 79 = 0.05 um and Ingp = 0.7. The relative
humidity for each grid point was derived from monthly mean temperature and mois-
ture data for the year 1989 from the European Centre for Medium Range Weather
Forecasting. Figure 4.19 shows the annual average relative humidity at the surface.
The spatial distribution of radiative forcing due to anthropogenic sulfate aerosols
is shown in figure 4.20. The strongest radiative forcing occurs over eastern China,
central Europe, and the east coast of North America which are also the regions with
high concentrations of sulfate. The relative humidity in those regions are also high.
The extinction coefficient, single scattering albedo, and asymmetry parameter are
all affected by relative humidity. But in the studies by Kiehl and Briegleb (1993)
and Kiehl and Rodhe (1995), only the extinction coefficient is treated for relative
humidity effects. An improvement over previous results can be obtained by using
the relative humidity dependent optical properties presented in the previous section.
Figure 4.21 plots the specific extinction coefficient for the wavelength band between
0.35 and 0.70 um used in the original Kiehl and Briegleb (1993) calculations () along
with the new values (e) obtained using the relative humidity effect described in the
previous sections. The relative humidity dependence of the new specific extinction
coefficient is stronger than those used previously by Kiehl and Briegleb (1993) which
was based on empirical observations of atmospheric aerosols (Charlson et al. 1984).

The optical properties are parameterized with the following functional form:

¢(rh) a, asg
l(g(h 0)) ot o T thtal)?

where ((rh) represents the specific extinction, single scattering co-albedo, or asym-

(4.9)

metry parameter when the relative humidity is rh. The fitted coefficients, a, are ob-
tained by a non-linear least squares minimization routine for each wavelength band.
Table 4.2 tabulates the wavelength bands used by the NCAR CCM2 radiation model
(Briegleb 1992). The fitted coefficients are different for each chemical form and initial
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Figure 4.18: The annual average global distribution of anthropogenic sulfate aerosol
predicted from the Pham et al. (1995) model. The global annual average burden is

3.7x103gm™2.
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Figure 4.19: The annual average global relative humidity at the surface derived from
temperature and moisture data for the year 1989 from the European Centre for
Medium Range Weather Forecasting. The global annual average relative humidity

is 0.80.
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Figure 4.20: The annual average global distribution of anthropogenic sulfate aerosol
forcing obtained using relative humidity dependent optical properties (Kiehl and
Rodhe 1995). The global annual average forcing is —0.56 W m™2.
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Figure 4.21: The new relative humidity dependent specific extinction coefficient of
sulfuric acid aerosols (¢) compared with the treatment used in the original Kiehl and
Briegleb (1993) calculations (O) for the wavelength band between 0.35 and 0.70 um.
The size distribution of the aerosol has the lognormal parameters of ry = 0.05 um and
In Og = 0.7.



band minimum wavelength maximum wavelength

[ pm ] [pm ]
1 0.200 0.245
2 0.245 0.265
3 0.265 0.275
4 0.275 0.285
5 0.285 0.295
6 0.295 0.305
7 0.305 0.350
8 0.350 0.700
9 0.700 1.089
10 1.089 1.408
11 1.408 1.749
12 1.749 2.152
13 2.152 2.714
14 2.714 3.457
15 3.457 5.000
16 2.630 2.860
17 4.160 4.475
18 4.475 4.550

Table 4.2: Solar wavelength bands of the NCAR CCM2 model.
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dry size distribution. This parameterization is incorporated into the radiation model
used in the previous calculations (NCAR CCM) and the global distribution of sulfate
aerosol direct radiative forcing in an annual average is re-calculated.

The pattern of the spatial distribution of radiative forcing is slightly changed when
the new relative humidity dependent optical properties are used. The difference in
the two calculations is more easily seen when radiative forcing is zonally integrated.
The zonally integrated radiative forcing of both calculations are plotted together in
figure 4.22 as functions of latitude. The solid curve corresponds to the calculations
that use optical properties that are all relative humidity dependent and the dotted
line corresponds to the results when only the extinction coefficient is dependent on
relative humidity. Figure 4.22 shows that use of the new aerosol optical properties
that are all relative humidity dependent results in stronger radiative forcing at all
latitudes. In both cases, the strongest forcing occurs at latitudes around 45° North
latitude where the average sulfate burden is 12.3 gm~2. Using the new optical proper-
ties results in an increase of 17% in the average forcing at that latitude to —2.3 W m™2.
At 80° North latitude, the average radiative forcing is —0.44 W m~2 which is a factor
of approximately 3 larger than the results obtained when the old specific extinction
is used. The reason for this large change is that the average relative humidity is 0.94
at this latitude and Kiehl and Briegleb (1993) did not further increase the specific
extinction when the relative humidity was greater than 0.80 (figure 4.21). Most of the
anthropogenic aerosol is located in the northern hemisphere where the average burden
is 6.5gm~2 compared to 0.9gm™2 for the southern hemisphere. Table 4.3 lists the
global annual average direct radiative forcing of anthropogenic sulfate aerosol when
the new and original optical properties are used. The northern and southern hemi-
spheric averages are also listed. Results obtained by other research groups are also
tabulated for comparison. Direct comparison of the results obtained by the differ-
ent research groups is difficult due to the different assumptions in the chemical form
and size distribution of the aerosol, the different treatments of hygroscopic growth,

differences in the spatial and temporal distribution of the aerosol, and the different
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Figure 4.22: The annual average zonal sulfate aerosol forcing as a function of latitude.
The dotted line corresponds to the forcing obtained using the original treatment of
the optical properties (Kiehl and Briegleb 1993). Using the new relative humidity
dependent optical properties results in the curve drawn with the solid line.
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northern southern  global
hemisphere hemisphere

new optical properties -1.18 -0.20 -0.69
old optical properties -0.96 -0.17 -0.56
Boucher and Anderson (1995) -0.50 -0.12 -0.31
Chuang et al. (1997) -0.71 -0.15 -0.43
Feichter et al. (1997) -0.55 -0.13 -0.35
Haywood et al. (1997) -0.66 -0.17 -0.41
Kiehl and Briegleb (1993) -0.43 -0.13 -0.28
Taylor and Penner (1994) -1.60 -0.30 -0.95

Table 4.3: Comparison of the average radiative forcing [ W m~2 ] of anthropogenic
sulfate aerosols obtained by different research groups.

methods used to solve the radiative transfer equation 2.3. Schimel et al. (1996)
suggest that the global annual average direct radiative forcing of sulfate aerosols to
be —0.4 W m~2 with an uncertainty factor of 2.0. Current estimates of the indirect
radiative forcing of sulfate aerosols is as high as —4.8 W m~2 (Lohmann and Feichter
1997).

Due to the spatial variability of the sulfate burden, the direct radiative forcing
varies with location. Over highly polluted regions, the radiative forcing reaches as high
as —7Wm~2. This is almost 3 times larger than the estimated radiative forcing of
2.45 W m~2 due to the increase in greenhouse gas concentration since the beginning of
the industrial age (Schimel et al. 1996), and it is almost 2 times the radiative forcing
of 4Wm™2 that is estimated to result if the carbon dioxide concentration in the
atmosphere is doubled (Trenberth et al. 1996). This means that in highly polluted
regions, the sulfate aerosol cooling effect dominates over the radiative forcing due
to the increase in greenhouse gas concentrations since the industrial age and it may
offset the effects of doubling CO, concentration.

Temperature measurements have been made for many decades at weather stations
all over the world (Jones and Briffa 1992). These data sets provide information on the
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trends in temperature changes that have taken place. Engardt and Rodhe (1993) com-
pare the spatial pattern of anthropogenic sulfate aerosol burden with the geographical
pattern of surface temperature changes. They find that the two patterns are consis-
tent with model calculations that sulfate aerosols result in a cooling effect on climate.
Hegerl and Cubasch (1996) statistically compare the observed temperature changes
with predicted changes due to increases in greenhouse gas and aerosol concentrations.
They find a 5% probability that the observed surface temperature increases over the
past 30 years is due to natural variability. This means that the observed warming is
caused by external influences such as changes in solar radiation, volcanic activity, and
anthropogenic increases in greenhouse gas and aerosol concentrations. Hegerl et al.
(1996) note that the correlation between observed and simulated patterns are better
when the models include the effect of aerosols than when only carbon dioxide forcing

alone is considered.

4.4 Summary

The radiative forcing of hygroscopic aerosols was shown to vary considerably with
relative humidity due to the increase in size and by changing the refractive index.
For ammonium sulfate aerosols, the radiative forcing increased by over a factor of
four when the relative humidity was increased to 0.95. The radiative forcing varied
considerably depending on the assumptions that were made. For example, when
the relative humidity was between the crystallization and deliquescence points, the
radiative forcing changed by a factor of approximately two when the aerosol was
assumed to be in a wet state instead of a dry state. If the volume fraction mixing
rule was not used to obtain an effective refractive index, a difference of a factor of
two was seen between the extreme cases of using just the refractive index of water
or of ammonium sulfate. A variation of approximately 30% was shown if the sulfate
aerosol was assumed to be in the form of sulfuric acid or ammonium bisulfate instead

of ammonium sulfate.



An overestimate in the radiative forcing due to ammonium sulfate aerosols of
approximately 30% was shown if a constant van’t Hoff factor is used in the Kohler
equation. This illustrated the importance of using a concentration dependent van’t
Hoff factor to model aerosol growth. Using the Gerber parameterization resulted in a
difference of only 1.5% making it accurate enough for radiation studies of (NH,)2SO4
aerosols. Unfortunately, the coefficients used in the Gerber parameterization are not
available for H,SO; or NH4HSO, aerosols. The Gerber parameterization applied to
sea salt aerosols led to a difference in radiative forcing of over —30%. Therefore this
parameterization should not be used for sea salt aerosols.

The global annual average direct radiative forcing due to sulfate aerosols was cal-
culated with a radiation model that accounts for the spatial and temporal variations
in sulfate burden and relative humdity. Use of relative humidity dependent optical
properties led to a global annual average direct radiative forcing of anthropogenic sul-
fate aerosols of —0.69 W m~2 which was an increase of approximately 25% compared
to previous studies using the same model. This value was small compared to the
radiative forcing of 2.45 W m~2 due to the increase in greenhouse gas concentrations
since the beginning of the industrial age, and to radiative forcing of 4Wm™? that
would have resulted if CO» concentration in the atmosphere was doubled. However,
the direct radiative forcing of sulfate aerosol varied strongly with location and over
highly polluted regions the radiative forcing dominated over greenhouse gas forcing.
However the uncertainty in the radiative forcing of sulfate aerosols remained large
when the global annual average forcing results obtained by other research teams was
considered. Even if the optical properties of the sulfate aerosol was prescribed, a
recent study found that the uncertainty in direct radiative forcing estimates are un-
certain by approximately 20% due to differences in radiative transfer models (Boucher
et al. 1998).

The radiative forcing of aerosols discussed in this chapter were for cloud free skies
and aerosol mixtures were not considered. Boucher and Anderson (1995) estimated

that the ratio of the direct radiative forcing of sulfate aerosols in cloudy skies to that



in clear skies is 0.25. In contrast, Haywood et al. (1997) found that the contribution
of sulfate aerosol radiative forcing from cloudy skies was only 3%. The effect of
strongly absorbing soot aerosols mixed with sulfate aerosols has been investigated by
Haywood and Ramaswamy (1998) and Chylek et al. (1995). Both found that the
cooling effect of sulfate aerosols was reduced by the presence of soot. The radiative
effect of organic and soil dust aerosols has not been considered since their hygroscopic

nature and refractive index are uncertain.



Chapter 5

Cloud Radiative Forcing

5.1 Introduction

The absorption of solar radiation by the atmosphere, oceans, and land surfaces is a
source of energy for atmospheric and oceanic processes. The total amount of solar
radiation absorbed by the earth-atmosphere system can be deduced from satellite
observations (Hartmann 1993; Harrison et al. 1990). The fraction of the total energy
absorbed individually by the atmosphere, land surfaces, and oceans is less certain.
The major source of uncertainty is due to clouds (Kiehl 1994; Wielicki et al. 1995).
Clouds reflect a large fraction of solar radiation back to space making it unavailable
for absorption by the atmosphere below the clouds, and by the surface. Clouds also
absorb a portion of solar radiation themselves. The total effect of clouds can be an
increase or a decrease of solar radiation absorbed by an atmospheric column.

From NASA Earth Radiation Budget Experiment (ERBE) satellite measurements,
Hartmann (1993) found that the change in shortwave radiation absorbed by the at-
mospheric column due to the presence of clouds is ~48 Wm™? in an annual global
average. When longwave radiation is included, the net cloud forcing is ~18Wm™2
The negative value of the net cloud forcing means that clouds have an overall cooling
influence on the planet.

The cloud radiative forcing at a given level in the atmosphere is the change in the
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net downward radiative flux at that level due to the presence of clouds. The ratio
of the cloud radiative forcing at the surface to the cloud radiative forcing at the top
of the atmosphere, denoted R, has been recently deduced from a set of satellite and
surface measurements. Values of ® > 1 imply that cloudy atmospheres absorb more
radiation than clear atmospheres and ® < 1 imply that cloudy atmospheres absorb
less radiation than clear skies. By considering the energy budget measured on ships
in the warm pool of the Pacific, located between 140°E to 170°E longitude and 10°N
and 10°S latitude, Ramanathan et al. (1995) find that R is approximately 1.5. Cess
et al. (1995) analyze satellite and collocated surface measurements and found values
of R = 1.4. Due to the different geographical locations that they considered, they
conclude that this extra absorption does not vary much with location and season and
that the absorption is not due to aerosols. From coordinated aircraft measurements
above and below clouds, Pilewskie and Valero (1995) obtain a value of ® = 1.38.

Li et al. (1997) compare the solar energy budget determined from four differ-
ent global climate models (GCMs) and three satellite observational data sets. They
find considerable variation in the amount of solar radiation that is reflected back
to space and the amount that is absorbed individually by the atmosphere and sur-
face. The cloud radiative forcing at the top of the atmosphere is between —45.9 and
—63.2W m~2 which is consistent with Hartmann (1993)’s result. The cloud radiative
forcing at the surface is between —44.5 and —66.4 W m~2. The cloud radiative forcing
ratio obtained lies in a range between 0.92 and 1.11.

The observed high values of ® = 1.5 imply that more solar radiation is absorbed
by cloudy atmospheres than expected because GCMs predict values of  ~ 1.0. This
difference corresponds to approximately 25 W m~2 of excess absorption in a global
annual average (Cess et al. 1996). This large difference has led to a strong debate
concerning what the value of R should be (Chou et al. 1995; Hayasaka et al. 1995;
Li et al. 1995; Stephens 1996; Pilewskie and Valero 1996; Cess and Zhang 1996).

Kiehl et al. (1995) investigated the effect of increased cloud absorption in the
GCM used by the National Center for Atmospheric Research (NCAR). They found
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significant changes in atmospheric heating rates, atmospheric circulations, and surface
wind speeds. Certain biases that are known to exist in their GCM are actually reduced
when enhanced cloud absorption is introduced. However they warn that other GCMs
may respond differently to enhanced cloud absorption.

In this chapter a simplified model is presented that allows an analytical solution
depending on the radiative properties of the surface, the cloud layer, and the atmo-
spheric layers above and below the cloud. An adding method and a plane parallel
model are used to derive an analytical expression for the cloud radiative forcing ratio,
R, as a function of various atmospheric parameters. The adding method (van de Hulst
1980; Goody and Yung 1989) is a suitable formulation of energy conservation for a
plane parallel atmosphere. If the optical properties of individual atmospheric layers
are known, energy conservation can be used to calculate the optical properties of the
combined layers. For radiative fluxes the adding method is equivalent to solving the

radiative transfer equation.

5.2 An Analytic Model

In the plane parallel atmospheric model, the atmosphere is homogeneous and infinite
in its horizontal extent and its physical properties are allowed to change only in the
vertical direction. To treat the problem of partial cloudiness, the radiative fluxes for
clear and cloudy sky conditions are calculated separately and the radiative fluxes for
partial cloudiness are obtained as an weighted average of the clear and cloudy sky
cases.

Consider a three layer plane parallel atmosphere with clouds confined to the mid-
dle layer (see figure 5.1). Let the transmittance and the reflectance of the layer above
the cloud be T, and R,, and the transmittance and reflectance of the layer below the
cloud be T, and R,. Let the transmittance, reflectance, and absorptance of the cloud
layer be denoted by T., R., and A.. Let us further assume that the transmittance,
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Surface Albedo, a

Figure 5.1: The plane parallel cloudy atmosphere model. T, R, and A stand for the
transmittance, reflectance, and absorptance of individual layers. The subscripts a, b,
and c refer to the atmospheric layer above, below, and containing the clouds. The
primed symbols refer to the radiation reflected by the ground and the double primed
symbols refer to the radiation that does not reach the surface and is reflected by
clouds. The surface albedo is a.
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reflectance, and absorptance functions of these layers are known. For a given atmo-
spheric composition, the vertical position of the cloud layer within the atmosphere
determines T, and T;. Each of the T,, Ty, Te, Ra, Rs, Re, and Ac isa function of the
solar zenith angle and includes direct and diffuse components. The surface albedo is
denoted by a, and Fj is the incident solar flux. All of the above defined quantities are
functions of wavelength. The corresponding broadband quantities can be obtained
by appropriate averages using the spectrum of incoming solar flux as a weighting
function.

The broad band transmittance and reflectance differ from each other due to the
different composition of the appropriate atmospheric layers, and to the different spec-
tral distribution of the solar radiation entering the layer. Therefore, the transmittance
through the same layer will be different for each multiple path of radiation through
the layer. In the first approximation, the first path through the layer can be described
by the Ty, Tp, Te, Ra, Rs, and R. as specified above. The upper layer transmittance
for radiation that does not reach the surface and is reflected by the cloud layer is
denoted by T, . The transmittance and reflectance for radiation that is reflected at
least once by the surface are denoted by primed symbols T., T;, T., R,, R;, and R..

With the above notation the downward solar flux, F§, at the surface with the

presence of a cloud layer, can be written as

F = RT.T.T, + FoT.T.TyaTy R.T, + RT.T.TeT, R.T,aT,R.T, + - --

= RT,T,T.[1+aR.T;? + (aR.T,2)* +---]
1- (@R.T;*)"
1-(aR.T;?)

= FRT,T,T. lim
N—=oo

RTLTT.
1-aR.T?

since a, R, and T, are all less than one.

(5-1)

Similar expressions can be obtained for the upward flux at the surface, F¢¢, and
the downward and upward fluxes at the top of the atmosphere, F¢ and F&f,

cld __ aFq OTnTch

= T aRT .



Fit=Fo (5-3)

aF; oTaTch'IZ'IZﬁ

R (5.4)

Fd4 = RyR, + FR.T.T, +

where the minus and plus symbols stand for the downward and upward directions and
the S and T subscript denote the surface and the top of the atmosphere, respectively.
In the derivation of these expressions multiple reflections between individual layers
are neglected with the exception of the multiple reflections between the surface and
cloud layer. The terms that are not included in the summations are all proportional
to the reflectance of the atmospheric layers above and below the cloudy layer which
are both small.

For the clear sky case illustrated in figure 5.2, ¢ and r denote the clear sky trans-
mittance and reflectance for the incoming solar radiation. The upward transmittance
of radiation reflected by the surface is denoted by . The multiple reflections by
the surface and the clear atmosphere are neglected. The surface and the top of the

atmosphere fluxes under the clear sky conditions are now given by

Fog = Fyt (5.5)

F2% = aFyt (5.6)
F =Fy (5.7)

Fr = Fyr + aFytt (5.8)

To evaluate the broad band clear sky atmospheric transmittance a model described
by Brine and Iqbal (1983) that includes Rayleigh scattering, water vapor, ozone, and
carbon dioxide absorption is used with an atmospheric profile close to the midlatitude
summer atmosphere. The solar spectrum is divided into 14 spectral bands (Winter
and Chylek 1997) and the transmittance is calculated within each band separately.
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Surface Albedo, a

Figure 5.2: The plane parallel clear atmosphere. ¢ and r stand for the transmittance
and reflectance of the atmospheric layer. ¢ is the transmittance of radiation that is
reflected by the ground. The surface albedo is a.
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The total broad band transmittance is obtained by averaging spectral band transmit-
tance using the incoming solar flux within each band as a weighting function. For the
clear atmosphere the downward transmittance at zero solar zenith angle is t = 0.78
For the upward transmittance t = 0.90 is obtained, assuming that the water vapor
absorption bands are saturated after the first pass.

The cloud radiative forcing is defined as CRF = Fo! — F" where F denotes the
net downward flux (F = F_ — F,). The average all sky radiative fluxes are approx-
imated, in the plane parallel atmosphere, by an average of the cloudy and clear sky
fluxes: F%! = NFd 4 (1 — N)F" where N is fractional cloud cover. The surface

cloud radiative forcing, CRFys , is obtained using equations 5.1 to 5.4

CRFs = F% _Fg"
= [NF§%+(1- N)Fg"| - F§"
= N[Fg4-Fg
= N[(F% - Fg§) — (FS5 - F§3)]

_ Fo T, Ty T, aFo T, Ty T,
= N [EEEE) - (BEE)] - (R - (R |
_ T TyT.
= FoN(l—a)(l_aR,chz—t) (5.9)
Similarly the top of the atmosphere cloud radiative forcing, CRFr, is
. ,  aL,LT.T.T,T.
CRFy = FyN(r— R, +att — —Fabeabe :
T 0 (1’ Ra+ RcTaT; 1—aRlch;2 ) (5 10)

The cloud radiative forcing ratio is defined by (Cess et al. 1995; Ramanathan
et al. 1995; Li and Moreau 1996)

CRFs
CRFr

The significance of this ratio can be seen when the cloud radiative forcing on the

R = (5.11)

atmospheric column, CRF}, is considered

CRF4 = N(A%4 — A%r) (5.12)
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where the absorption of the cloudy and clear atmospheric column are denoted by Ac?
and A%" respectively. This quantity can be expressed in terms of R.
CRF, = N[(Ff-F§%) - (Ff" - F§")]
= N(Fg - Fgr) - N(F* - F§")

= CRFr - CRFs
= (1-R)xCRFr (5.13)

Comparing equations 5.12 and 5.13 it can be seen that the ratio, R, characterizes
the change in the amount of solar radiation absorbed by a clear sky and cloudy atmo-
spheric column. Harrison et al. (1990) found that CRFr < 0 based on their analysis
of satellite measurements. This means that if ® > 1 then a cloudy atmospheric col-
umn absorbs more solar radiation than the corresponding clear sky column. If ® < 1,
then the cloudy atmospheric column absorbs less radiation.

Using equations 5.9 and 5.10 and multiplying the numerator and denominator by
1 —aR_T;? R can be written as

(1 - a)[TLIT. — t(1 — aR.T;?)]
(1 -aR.T?)(att’ +1— Ra — RTLT,) — LTI, T,T,

From the form of equation 5.14 it is apparent that the cloud radiative forcing

R= (5.14)

ratio R is independent of the amount of cloudiness, N. This is a direct consequence
of how partial cloudiness is treated in the plane parallel atmosphere model. Numerical
results obtained from detailed radiative transfer models (Li and Moreau 1996) are in
agreement with this conclusion.

The dependence of R on the solar zenith angle, cloud microphysics, cloud top
and base heights, surface albedo and other parameters is implicit within the various
symbols used in equations 5.9-5.10.

For small values of surface albedo the cloud radiative forcing ratio can be approx-

imated, using the binomial expansion of the denominator, by

RL“°=[%(1+%)—%£—;;](1+-%,%+M) (5.15)
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where ad represents a small correction term with

tt LT, T.T, . R.T*T,T,T.

SR R i-T.OL. (5-18)

d

The terms proportional to (T,T; — t), (r — R,), and the ad term in equation 5.15
are all small compared to one (for clouds that are not geometrically too thick). Con-
sequently, the cloud radiative forcing ratio can be, in the first approximation, written

as

w:%(u-gf) (5.17)

Equation 5.17 is a crude approximation which reduces the physics of the problem
into a simple transparent form. In the first approximation, the cloud radiative forcing
ratio depends on the ratio of cloud absorptance to cloud reflectance — not just on
cloud absorptance. It also depends on the ratio of the broad band atmospheric trans-
mittance below the cloud layer to that of the above the cloud layer. The first factor,
T,/T., depends on a location of the cloud in the atmosphere, on the distribution
of gases and aerosols in the atmosphere and on the solar zenith angle. The second
factor, 1 + A./R., depends on cloud microphysics, geometrical parameters of a cloud

and on the solar zenith angle.

5.3 Thick clouds

First consider the case of a thick cloud. Assume that most of the atmospheric mass
is within the cloud layer. Consequently the atmospheric layer above the cloud is as-
sumed to be completely transparent to incoming solar radiation and 7, = T, = T;' = 1.
Most of the absorption due to water vapor and carbon dioxide as well as most of the
Rayleigh molecular scattering takes place within the cloudy layer. Consequently, the
atmospheric layer below the cloud will have a transmittance also close to one, leading
to the approximation T}, =~ T,: ~ 1. It is also assumed that all of the absorption by
the cloudy layer occurs during the first pass through that layer so that A, = 0.0 and
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layer parameter thick clouds low clouds

clear t 0.78 0.78
sky r 0.06 0.06
t 0.90 0.90
upper T 1.0 varied
R, 0.0 0.06
T, 1.0 varied
T;; 1.0 varied
lower Ts 1.0 1.0
T, 1.0 1.0

Table 5.1: Atmospheric parameters used in the analytic expression of the cloud ra-
diative forcing ratio for the thick and low cloud cases.

R, =0.50 is assumed. Finally, the reflectance of the atmospheric layer above the
cloud will be small and the approximation R, = 0 is used. Thus, for a thick cloud ®
is approximated by

R‘“"d‘=(1+%—l—};7t)(1+—i—+ad) (5.18)

To calculate the range of possible numerical values for cloud radiative forcing ratio,
R, we consider the cloud layer reflectance in the range from 0.4 to 0.8 and the cloud
layer absorptance in the range from zero to 0.4. The clear atmosphere downward
transmittance, ¢, for the incoming solar radiation is taken to be ¢t = 0.78 and the
clear atmosphere reflectance r = 0.06 (Lenoble 1993).

Table 5.1 summarizes the assumed values for various atmospheric parameters for
the thick cloud situation. Values for the low cloud situation, which will be discussed
in the following section, are also listed.

Numerical results are displayed in figure 5.3 for three values of surface albedo
(a = 0.0, 0.15, and 0.50). In general, the cloud radiative forcing ratio, R, shows a
strong dependence on the cloud layer absorptance and only weak dependence on the
cloud layer reflectance. For the range of cloud layer absorptance between 0.10 and
0.16, R is between 0.8 and 1.0.
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Figure 5.3: The cloud radiative forcing ratio, R, for a geometrically thick cloud and
zero solar zenith angle, as a function of cloud layer absorptance and reflectance for
surface albedos of 0.50 (top panel), 0.15 (middle panel), and zero (bottom panel).
Only contours with R < 2 are plotted.
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Changes in the value of R due to small nonzero surface albedo are relatively small,
as expected from equations 5.15 and 5.17. The functional dependence of R on surface
albedo is shown in figure 5.4 for clouds with R, = 0.50 and A; = 0.10, 0.20, and 0.30.
The relative difference between R obtained by equation 5.14 and by the approximate
equation 5.18 is within 10% for surface albedos less than approximately 0.30 (shown
in figure 5.5).

To obtain values around 1.5 (as deduced from observational data analysis for the
southern Pacific by Ramanathan et al. (1995)), cloud layer absorptance above 0.30
is needed. The maximum value of a thick cloud layer absorptance obtained in plane
parallel atmosphere models is around 0.20. To increase this value to 0.30 requires
some unaccounted for mechanism, like finite inhomogeneous cloud effects (Lubin et al.
1996), the presence of large drops, black carbon, or water vapor clusters (Chylek and
Geldart 1997).

5.4 Low clouds

The height of the cloud top determines the transmittance of the atmospheric layer
above the cloud. The exact value of T, T}, and T, depends on atmospheric compo-
sition. For a low cloud, the transmittance of the atmospheric layer below the cloud
can be taken as Ty =~ 1. The reflectance of the atmospheric layer above the cloud is
approximated by the reflectance of the clear sky atmosphere R, =~ r. In this case the
cloud radiative forcing ratio is simplified as

cdd _ 1 Ac  Ta—
RL (1 + = R RIT

Figure 5.6 plots contours of R as a function of cloud reflectance and absorptance

)(1 + ad) (5.19)

for low clouds with the upper atmospheric layer transmittance of 7, T, ~ T, =~ 1.0.
In comparison to the thick cloud situation shown in figure 5.3, corresponding contours
of R are shifted more to the left in the figure. This means that higher values of R are

obtained with lower cloudy layer absorptances in the low cloud case.
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Figure 5.4: The cloud radiative forcing ratio, R, for a thick cloud as a function of
surface albedo with R, = 0.50 and A, = 0.10 (solid line), 0.20 (dashed line), and 0.30
(dotted line).
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Figure 5.5: The relative difference in cloud radiative forcing ratio, R, calculated by
equation 5.14 and 5.18 for a thick cloud as a function of surface albedo with R. = 0.50
and A, = 0.10 (solid line), 0.20 (dashed line), and 0.30 (dotted line).
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Figure 5.6: The cloud radiative forcing ratio, ®, for a low cloud and zero solar
zenith angle, as a function of cloud layer absorptance and reflectance for surface
albedos of 0.50 (top panel), 0.15 (middle panel), and zero (bottom panel). The upper
atmospheric layer transmittance is taken as T, ~ ’I; = T: =~ 1. Only contours with
R < 2 are plotted.
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Values of R are shown in figure 5.7 as a function of the above the cloud layer
transmittance of T, for cloudy layers with R, = 0.50 and A, = 0.10, 0.20, and 0.30
above a zero surface albedo. There is an inverse relationship between ® and Ta-
This means that ® ~ 1.5 can be obtained by decreasing the transmittance of the
atmospheric layer above the cloudy layer as well as by increasing the absorptance of
the cloudy layer.

The low level cloud with the above the cloud layer atmospheric transmittance
T, = 0.9 and a cloud layer absorptance between 0.10 and 0.20 leads to values of
between 0.9 and 1.2. On the other hand, if the atmospheric transmittance above the
cloudy layer is reduced to 7, = 0.80, the R increases to values between 1.5 and 1.7.

If smoke from tropical biosphere burning gets into and above the low level cloud
layer, it will increase the cloud layer absorptance and at the same time decrease the
transmittance, T, of the above the cloud layer. Both of these effects will cause R to
increase. Smoke above the cloud layer cannot be easily removed by washout and may
stay in the atmosphere for some time. Thus tropical region biosphere burning may

contribute significantly to the increase of R for low level clouds.

5.5 Comparisons to a Radiation Model

5.5.1 Values of R

To examine the accuracy of the analytical model, consider the case when the surface

albedo is zero. Equation 5.14 reduces to

oy T.T,T. —t )
R(a=0)= TR, - BRI (5.20)
which reduces further to
T.T,T.—t
R(a=0) ~ - ———— )
(a=0) RT? (5.21)

if it is assumed that r — R, ~0 and T, = T,.
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Figure 5.7: The cloud radiative forcing ratio, R, for a low cloud over a zero surface
albedo as a function of transmittance of the layer above the cloud. The cloud re-
flectance is R. = 0.50 and the cloud absorptance A = 0.10 (solid line), 0.20 (dashed
line) and 0.30 (dotted line).



103

layer downward flux [Wm~—2 ] upward flux [ Wm™ ]
top of the atmosphere 314.5 249.3

just above cloud 286.3 255.0

just below cloud 31.7 0.54

surface 31.1 0.0

Table 5.2: Radiative flux profile in a mid-latitude summer atmosphere with a 1 km
thick stratus cloud layer with resf = 5.89 um and LWC = 0.22gm™? obtained with
the Fu-Liou radiation model. The cloud base is at a height of 1km, the surface albedo
is zero, and the solar zenith angle is 60°.

The Fu-Liou radiation model, described in chapter 4, is used to obtain the total
upward and downward radiative fluxes at the top of the atmosphere, at the surface,
and above and below a cloudy layer in a mid-latitude summer atmosphere. From
these fluxes, ® can be obtained and values for all the parameters in equation 5.20
can be approximated. The solar zenith angle is set to 60° and only the spectral band
between 0.20 to 0.69 um is considered.

For the clear atmosphere, the downward flux at the top of the atmosphere is
314.5W m~2 and at the surface it is 245.2 W m~2. The upward flux at the top of the
atmosphere is 43.7 W m~2. This means that the clear atmosphere transmittance and
reflectance are approximately ¢ = 0.78 and r =0.14.

The case of a low level cloud is considered. To obtain the reflectance and trans-
mittance of a cloudy layer, a stratus cloud approximately 1km thick is placed im-
mediately above a zero surface albedo. The effective radius of the cloud droplets is
ress = 5.89 um and the liquid water content is set to LWC = 0.22gm™3 (Stephens
1978). The downward fluxes just above and just below the cloud are 285.3 and
31.0 W m~2 respectively. This leads to a transmittance of 0.109. The upward flux
just above the cloud is 254.2 W m~2 so that the cloud reflectance is 0.891.

The cloud is then moved to the atmospheric layer between 1 and 2km and the
flux results are shown in table 5.2. These values suggests that the upper atmospheric

layer’s transmittance is 0.910 and the lower atmospheric layer’s transmittance is 0.983.
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layer downward flux [Wm~2 ] upward fAux [Wm™* ]
top of the atmosphere 314.5 277.9

just above cloud 292.3 288.6

just below cloud 1.3 0.02

surface 1.3 0.0

Table 5.3: Radiative flux profile in a mid-latitude summer atmosphere with a thick
cloud layer with r.s; = 31.23 um and LWC = 2.5gm™° obtained with the Fu-Liou
radiation model. The cloud base is at a height of 1 km, the cloud top is at 10km, the
surface albedo is zero, and the solar zenith angle is 60°.

Substituting the transmittances and reflectances into equation 5.21, the cloud radia-
tive forcing ratio obtained is 0.92. If the flux results from the Fu-Liou model is used
directly into equation 5.11, then R = 1.04. The relative difference between the two
values is —11.3% with respect to the Fu-Liou model’s results.

The same calculations are carried out for the case of thick clouds. The effective
radius of the cloud drops is set to 31.2 um and the liquid water content to 2.5 gm™3
(Stephens 1978). These cloud properties are kept constant from 1km to 10 km. The
flux profile is shown in table 5.3. From this radiative flux profile, the transmittance of
the atmospheric layer above the cloud is T, = 0.93 and below the cloud it is 7j ~ 0.98.
The transmittance of the cloudy layer is only 0.0045 and the reflectance is 0.987. With
these values the cloud radiative forcing ratio obtained from equation 5.21 is 0.91.
Using the flux results in equation 5.11 leads to ® = 1.04. The relative difference of
the analytical model is —13%.

Based on these cases, the accuracy of the analytical model is estimated to be

between 10% and 15%.

5.5.2 Effect of Absorbing Aerosols

From using the analytic model, it was seen that one possible mechanism by which the
cloud radiative forcing ratio could be increased was by decreasing the transmittance

of the atmospheric layer above a low level cloud. A lower transmittance can be caused
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by introducing a layer of aerosols above the low level cloud.

The Fu-Liou model is now used to calculate the radiative fluxes in a mid-latitude
summer atmospheric profile with the stratus cloud considered in the previous section.
A layer of absorbing aerosols is placed in the layer just above the layer containing the
stratus cloud. The optical properties of absorbing aerosols calculated in chapter 2
are used. The radiative forcing ratio for this situation is plotted in figure 5.8 as a
function aerosol optical depth.

Four sets of data are shown in this figure. The effect of aerosols with a refractive
index of 1.39 + i0.0075 is shown with the A and O symbols which corresponds
to aerosols with effective radii of 0.06 and 1.02 um respectively. Even for optical
depths of 0.1 the radiative forcing ratio has only increased to approximately 1.1.
Increasing the absorbing ability of the aerosol so that the refractive index of the
particles is 1.75 + i0.44 corresponding to black carbon does result in high values
of R. Figure 5.8 shows the forcing ratio for these aerosols with A and B symbols
corresponding to size distributions with r.;; = 0.06 and 1.02 um. However the optical
depth of approximately 0.1 are required to obtain R =~ 1.5 which is higher than the
estimated global mean optical depth of primary soot aerosols of 0.003 (Schimel et al.
1996). This suggests that high values of R are possible with this mechanism only in
highly polluted regions. Li (1998) also came to this conclusion. However, Cess et al.
(1995) concluded that aerosols are not responsible for their high values of ® because
they did not see strong spatial and temporal variation in their analyses that would
correlate with high aerosol concentrations.

Another mechanism that would lead to higher values of R is the incorporation of
absorbing aerosols into the cloudy layer. Chylek et al. (1996) calculated the optical
properties of cloud droplets containing black carbon aerosols. They found that this
mechanism could not account for the excess absorption of 25 W m? that R = 1.5

implied.
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Figure 5.8: The radiative forcing ratio for a stratus cloud with a layer of absorb-
ing aerosols above it as a function of aerosol optical depth. The cloud is situated
between 1 to 2km with 7.f; = 5.89 um and LWC =0.22gm™. The A and O corre-
spond to aerosols with 7.;; = 0.06 and 1.02 um respectively with a refractive index of
1.39 +70.0075. The A and B corresponds to aerosols with r.s; = 0.06 and 1.02 um
respectively with a refractive index of 1.75 + ¢ 0.44.
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5.6 Summary

By using a three layer plane parallel model atmosphere over a reflecting surface, ana-
lytical expressions (5.14 to 5.17) for the cloud radiative forcing ratio, R, are derived.
The ratio R has an especially simple form for the case of small surface albedo (equa-
tions 5.15 and 5.17). The advantage of these analytical expressions is their simplicity.
Comparisons of R obtained with the analytical model with values obtained from the
Fu-Liou radiation model suggests that the accuracy of the analytical model is between
10% and 15%. Effects of cloud radiative properties, surface albedo, and atmospheric
transmission can be separated and their individual effects on the ratio ® can be eval-
uated. Such sensitivity studies are more difficult to perform using radiative transfer
models or with large satellite data sets. The results are similar to those obtained by
Li and Moreau (1996).

Though the analytic expression of R® does not resolve the debate concerning the
possibility of excess absorption, it is still a useful tool. By considering various cases
of cloud situations, it was determined that values of R = 1.5 are obtainable with
the presence of low level clouds if the transmittance of the atmospheric layer above
the cloudy layer is reduced to T, =~ 0.8. A mechanism that could do that is a layer
of absorbing aerosols above the cloudy layer. By considering a low level stratus
cloud with absorbing aerosols in a layer above the cloud, high values of ® = 1.5 are
obtained for strongly absorbing aerosols with refractive indices of 1.75 + 10.44 in
polluted regions where the optical depth of the strongly absorbing aerosol approaches
0.1.



Chapter 6

Conclusions

The purpose of this work was to study how tropospheric aerosols and clouds affect
Earth’s solar radiation budget. Two current atmospheric problems were considered:
the direct radiative forcing due to tropospheric aerosols, and the enhanced shortwave
radiation absorption by clouds.

The direct radiative effect of tropospheric aerosols was considered where the par-
ticles absorbed and scattered solar radiation back to space, resulting in an overall
cooling influence on climate. Charlson et al. (1992) used a simple analytical expres-
sion to estimate the direct radiative effect of sulfate aerosols. The proper extension
of Charlson et al. (1992)’s equation for absorbing aerosols was derived and used to
study the sensitivity of the direct radiative forcing of absorbing smoke aerosols to size
distribution and refractive index. The radiative forcing depended on the backscat-
tering fraction of the aerosols. This quantity was strongly dependent on the effective
radius of the aerosol size distribution. The dependence on the refractive index of
the aerosol, within observed bounds, was weak in comparison. The direct radiative
forcing of the aerosol ranged from approximately —0.2W m~2 for size distributions
with effective radii greater than 0.4 um to —1.0 W m~2 when the effective radius was
less than 0.1 um. Therefore estimates of the direct radiative forcing of smoke aerosols
varied by a factor of 2.0 just from assumptions concerning the aerosol size distribution.

The direct radiative forcing of hygroscopic aerosols such as sulfate, nitrate, and
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sea salt aerosols were considered. The optical properties and resulting radiative forc-
ing of these aerosols varied with ambient relative humidity. This was due to the
condensation of water onto the particles which resulted in increases in particle size
and changes in the concentration of the chemical components that the particle con-
sisted of. Before the optical properties of hygroscopic aerosols could be calculated,
the equilibrium size of the particles had to be determined. This was described by
the Kohler equation (Kohler 1936). Some of the parameters in the Kohler equation,
such as the van’t Hoff factor, depended on the concentration of the particles’ chemical
components. Because of this dependence modifications to the Kohler equation have
been suggested by Young and Warren (1992) which was derived from considerations
of a thermodynamic potential. But the equilibrium radius of an aerosol predicted by
the modified Kohler equation was found to be in error when compared with measured
observations of an ammonium sulfate aerosol by Tang and Munkelwitz (1994). Using
the original Kohler equation with a concentration dependent van’t Hoff parameter
was in agreement with the measurements. The reason for this discrepancy was that
the modified Kohler equation was thermodynamically inconsistent. A thermodynam-
ically consistent treatment of the Gibbs free energy would have led to the original
Kohler equation. To obtain the equilibrium radius of a hygroscopic aerosol given
the ambient relative humidity was an iterative procedure using the Koéhler equation.
Because of the computing time involved with iterative procedures, parameterizations
such as Gerber (1985)’s parameterization that expressed the relationship between size
and relative humidity explicitly were useful. It was found that for ammonium sulfate
aerosols, the error in using Gerber’s parameterization was small compared to using
the Kohler equation. However, the relative difference in the equilibrium radius of sea
salt aerosols predicted by Gerber’s parameterization was found to be greater than
30% which made it unsuitable for use in aerosol radiative forcing studies. Unfortu-
nately, the coefficients used in the Gerber parameterization were not available for
sulfuric acid and ammonium bisulfate aerosols.

The change in an aerosol size distribution with relative humidity was determined
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by assuming that the number of particles was conserved, that there was no competi-
tion for the water vapor that was in the ambient environment, and there was enough
time for each particle to grow to its equilibrium size described by the original Kohler
equation. With the equilibrium aerosol size distribution determined, calculation of
the extinction coefficient, single scattering albedo, and asymmetry parameter of the
aerosols became possible. These three quantities were needed to estimate the radia-
tive forcing due to the aerosols. For ammonium sulfate aerosols, the radiative forcing
derived from using a constant van’t Hoff factor was overestimated by 29% compared
to using a concentration dependent van’t Hoff factor when the relative humidity was
0.90. Using the Gerber parameterization to model aerosol growth resulted in a differ-
ence of only 1.5%. For sea salt aerosols, the radiative forcing derived from the use of
a constant value of the van’t Hoff factor was underestimated by more than 15% and
the forcing derived from using the Gerber parameterization was underestimated by
25%. These errors indicated the importance of using the Kdhler equation with a con-
centration dependent van’t Hoff factor to obtain the equilibrium size of the aerosol.
The change in the refractive index of the aerosol was treated by using an average re-
fractive index that was weighted by the volume fraction of each component. A factor
of 2.0 difference in the radiative forcing was found if the refractive index of pure wa-
ter or highly concentrated ammonium sulfate solution was used instead of a volume
weighted average. A factor of 2.0 decrease in radiative forcing of ammonium sulfate
aerosol occurred at 0.80 relative humidity if the effective radius of the initial dry size
distribution was changed from 0.17 um to 0.68 um. There was a strong dependence
of the radiative forcing of ammonium sulfate aerosols with relative humidity. The
magnitude of the forcing increased by over a factor of 4.0 when the relative humidity
was increased from 0.00 to 0.90. The forcing of ammonium sulfate aerosols was fur-
ther complicated because its growth with relative humidity depended on its history.
A factor of up to 2.0 difference resulted if the aerosol was considered to be in a wet
state than if it was considered to be its dry state when the relative humidity was

between the aerosol’s crystallization and deliquescence point relative humidities. In
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agreement with Boucher and Anderson (1995), the radiative forcing of sulfate aerosols
was larger if the sulfate was in the chemical form of sulfuric acid instead of ammo-
nium sulfate (see figure 4.12). Ammonium bisulfate aerosols resulted in the smallest
radiative forcing. Nitric acid aerosols had the strongest normalized radiative forcing.
Nevertheless the radiative forcing of these aerosols would have been weaker than that
of sulfate aerosols because the global annual mean burden of nitrate aerosols has been
estimated to be 5 times smaller than the sulfate burden (Pilinis et al. 1995).

The radiative effect of a thin layer of sulfate aerosol varied linearly with sulfate
burden and surface albedo and there was a strong dependence on solar zenith angle.
Due to the spatial and temporal variability of sulfate aerosol burden (Pham et al.
1995), the radiative forcing of the aerosol varied from location to location and varied
during the course of a day. A radiation model that accounted for the spatial and
temporal distribution of sulfate and the variation of relative humidity was used to
obtain an estimate of the global annual mean direct radiative forcing of anthropogenic
sulfate aerosol. Originally, this model did not properly treat the effects of hygroscopic
growth on the optical properties of sulfate aerosols. With the new relative humidity
dependent optical properties, the predicted radiative forcing increased by almost 25%
to a global annual average value of —0.69 W m~2. This value was between the high
value predicted by Taylor and Penner (1994) of —0.95W m~2 and the low value of
—0.28 W m~2 of Kiehl and Briegleb (1993). Though these values may seem small, the
direct radiative forcing of sulfate aerosol varied strongly with location. Over polluted
regions the forcing was as high as —7 W m~2. This was almost 3 times higher than the
estimated radiative forcing due to the increase in greenhouse gas concentrations since
the industrial age (Schimel et al. 1996). Furthermore, the indirect effect of sulfate
aerosols has been suggested to be even larger than the direct effect (Schimel et al.
1996). The total radiative forcing of sulfate aerosols was not insignificant. Statistical
comparisons by Hegerl et al. (1996) indicated that correlations between observed
and modeled climate changes over the past 30 years were better when anthropogenic

aerosol effects were included.



112

The results from these studies demonstrate the uncertainties associated with
Earth’s shortwave radiation budget due to aerosols. Kiehl and Trenberth (1997)
estimated that a decrease in absorbed shortwave radiation by the planet of 3Wm™?
was due to all aerosols. The radiative effect of aerosols was shown to be dependent
on the chemical composition of the aerosols and on their size distribution. For hy-
groscopic aerosols, the radiative effect depended on the ambient relative humidity.
Due to the spatial and temporal variation of sulfate aerosols, the decrease in ab-
sorbed shortwave radiation over polluted regions was estimated to be a factor of 2.0
larger. Field measurement efforts such as the Tropospheric Aerosol Radiative Forcing
Observational Experiment (TARFOX) and the Aerosol Characterization Experiment
(ACE) should be continued in order to constrain the assumptions that are made con-
cerning aerosol size distribution, aerosol chemical composition, and aerosol burden.
Pan et al. (1997) indicated that the majority of the uncertainty of the radiative forc-
ing of sulfate aerosols is associated with the uncertainties in the sulfate distribution.
Aerosol mixtures were not considered in this work. Chylek et al. (1995) and Hay-
wood et al. (1997) demonstrated that the cooling effect of sulfate aerosols would be
reduced by the presence of black carbon aerosols.

An analytic expression for the ratio of the cloud radiative forcing at the surface to
the cloud radiative forcing at the top of the atmosphere, denoted by R, was derived
using a simple plane-parallel atmospheric model. The advantage of this expression
was that the effect of various atmospheric parameters on the cloud radiative forcing
ratio could be seen from the equation. Sensitivity studies could be performed quickly
and were in general agreement with most studies that were based on the analysis of
large data sets from satellite measurements or from the output of complex radiation
or global climate models (Li and Moreau 1996; Li et al. 1995). Despite its simplicity,
values of the ratio were within 15% of those obtained from the Fu-Liou radiation
model. Ramanathan et al. (1995) suggested that high values of ® was obtained by
enhanced cloud absorption. By considering the case of thick clouds with the analytical

expression, cloudy layer absorptance of approximately 0.30 were required to achieve
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values of R ~ 1.5. This was greater than the maximum cloudy layer absorptance of
0.20 that was obtained from current radiation and climate models. This was not the
only mechanism that was found to result in high values of . Consideration of low
level clouds resulted in high values of R if the transmittance of the atmospheric layer
above the cloudy layer was decreased to approximately 0.80. Such a decrease could be
obtained by the introduction of a layer of absorbing aerosols above the cloudy layer.
This possibility was investigated with the Fu-Liou radiation model. Above a low level
stratus cloud, various amounts of absorbing aerosols were placed in a layer above the
cloud. Extinction optical depths approaching 0.1 of strongly absorbing aerosols were
required to obtain R =~ 1.5. Such high optical depths would only occur over highly
polluted regions. The global annual mean optical depth of soot aerosols has been
estimated to be only 0.003 (Schimel et al. 1996).

The issue concerning enhanced shortwave absorption of clouds was studied using
a three layer atmospheric model. One of the limitations of this approach was that
it applied to plane-parallel clouds. Clouds are finite in extent and microphysical
properties are not constant within them. Studies into the finite inhomogeneous cloud

effects should be continued (Lubin et al. 1996: Li et al. 1994: Li 1994).
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